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Preface

The third volume in this series consists of eight chapters. The first three deal with
kinetic aspects of compositional variations both within individual phases and
across crystal boundaries. Basically, the authors use the kinetic theory and the
sparsely available rate data to explain the formation of various types of zoning
and the exsolution processes in silicates. Loomis rightly argues that “the kinetic
inhibitions to reequilibration that preserve primary igneous crystals and high-
grade metamorphic assemblages also affect the crystallization and prograde meta-
morphism of these rocks.” These “kinetic inhibitions” appear in the form of zoned
crystals, reaction rims and disequilibrium assemblages. Their proper recognition
and quantitative characterization leads to an understanding of the physico-chem-
ical history of the rock.

On a similar theme, I examine possible relationships between the exsolution
processes in Ca—Fe-Mg pyroxenes and the cation order—disorder on nonequiva-
lent crystallographic sites. A multi-technique study of exsolutions in crystals
employing electron microscopy and X-ray structural refinements should contrib-
ute greatly in understanding the thermal history of the rock.

Many geothermometric studies result in discordant temperatures when the
estimates are done using serveral coexisting pairs of minerals in a single specimen.
Lasaga uses the kinetic rates of diffusion of various chemical species and explains
the discordance through his “geospeedometric” approach.

Before the geospeedometer can be applied quantitatively, it is important that
the criteria of chemical equilibria in a mineral assemblage are definitely estab-
lished. In the next four articles the authors accomplish this by presenting their
latest experimental results on compositions of coexisting phases. Eugster and Ilton
examine the Fe-Mg distribution between a fluid phase and a coexisting solid solu-
tion and clearly document the need for much more additional data on metamor-
phic fluids. In the fifth article, Bohlen, Wall and Boettcher review their recent
experimental data and present the synthesis of their results as geobarometers
applicable to granulites. The solution model for garnet is still being actively
researched and this chapter provides useful reference material and data to aid in
further development of the garnet model and the garnet geobarometer. Besides
the author’s own valuable experimental data on the olivine-orthopyroxene—
quartz, garnet—fayalite-anorthite and garnet—rutile—ilmenite-sillimanite—quartz
systems, this chapter contains many applications to natural assemblages.



vi Preface

The next two chapters contain experimental data on the cordierite-garnet—
sillimanite—quartz and the cordierite-garnet-biotite systems. Although the style
of presentation is more appropriate to speciality journals, the chapters have been
included here because the reviewers considered that the authors have contributed
importantly to the solution of a long-term experimental problem. While the exper-
imental details should be of great interest to experimenters, other geochemists will
find the results useful in geothermometry and geobarometry.

In the final chapter, Powell advocates the development of the quasichemical
model for expressing activity-composition relationships in silicates. For solutions
showing substantial non-ideality with strong short-range ordering the regular/
subregular models are inadequate. Powell suggests that the use of the quasichem-
ical model may pave the way toward a close approximation to physical reality.

I am confident that the geochemists will find this volume highly engrossing and
informative. Thanks are due to Ralph Kretz, R. C. Newton, J. Ganguly and A.
B. Thompson for their reviews of several chapters and to the staff of Springer-
Verlag New York for their cooperation in the production of this volume.

S. K. SAXENA
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Chapter 1
Compositional Zoning of Crystals: A
Record of Growth and Reaction History

Timothy P. Loomis

Introduction

Under some geological conditions of formation, most common minerals capable
of solid solution have produced compositionally zoned crystals. In fact, the for-
mation of zoned crystals during growth and dissolution may be much more com-
mon than generally believed because growth zoning can be readily purged by dif-
fusion in plutonic and metamorphic rocks during their long residence time at high
temperature. Thus, many of the reaction and growth kinetic processes studied
using only a few minerals may be of more general significance to the crystalliza-
tion of rocks than is obvious from the annealed end-products that we usually
examine.

The emphasis in this work is on compositional zoning of garnet in metamorphic
rocks and on plagioclase zoning in igneous ones for several reasons. These two
minerals form the most commonly zoned crystals in nature and have been studied
in greatest detail by other workers and by myself. Both minerals are found in a
wide range of geological bulk compositions and environments, making them useful
tracers of geological history rather than curiosities. Finally, we are developing
enough understanding of the kinetics of growth and reaction to interpret compo-
sitional zoning of these minerals in terms of important geological variables such
as cooling and heating rate, pressure variations, changes of fluid content, and con-
vection in magnas.

My objectives in this chapter are to (1) present an overview of the types of
geologically useful information that are available from zoning, (2) illustrate the
fundamental physicochemical processes that must be understood to interpret zon-
ing, (3) present my views of how zoning in plagioclase and garnet forms, and (4)
suggest directions of future research. My intent here is to present these ideas in a
readable manner and to leave the tedium of mathematical and numerical analysis
necessary to calculate simulations to the referenced works and to future
publications.
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Requirements for Compositional Zoning

Partitioning

There are two basic requirements for the formation and preservation of compo-
sitional zoning. The first requirement is that the “effective partitioning” of an
element between the zoned phase and the rest of the assemblage must be unequal
if zoning is produced during growth or consumption, or that “effective partition-
ing” must change with time if zoning is produced by simple exchange of elements
between phases. Here, we are concerned with elements that form solid solutions
in the zoned phase, such as Mn in garnet or Ca in plagioclase. “Effective parti-
tioning” refers to the actual distribution of a component, which may be governed
by disequilibrium processes as well as equilibrium ones; effective partitioning does
not necessarily correspond to “equilibrium partitioning.” Also I will often use the
term “reaction” to include growth of the zoned mineral as well as consumption
by a reaction that produces other products.

Since the experimental work of Bowen (1913), fractionation paths that can
produce zoned plagioclase crystals have been traced on equilibrium phase dia-
grams. The marked, unequal distribution of NaAlSi;O; and CaAl,Si,O; (hence-
forth Ab and An components) between the crystal and the melt is obvious in Fig.
1. It causes the melt to develop a higher Ab/An ratio as crystallization progresses
if previously formed crystal does not react with the melt. The changing melt com-
position causes more Ab-rich layers of plagioclase to be deposited on plagioclase
crystals, generating normal zoning. Despite the experimental basis of this expla-
nation for zoning and its popularity with teachers, several basic problems with
this model appear if it be applied quantitatively. The reverse and oscillatory zon-
ing often found in natural crystals, as shown in Fig. 2, cannot be explained by the
model. Moreover, fractionation of An and Ab between the crystal and the melt
found experimentally in the binary system is much greater than observed in nat-
ural melts, as illustrated in Fig. 1. Evidently, natural zoning can tell us a lot more
about partitioning during natural crystallization of plagioclase than we can pre-
dict from equilibrium experiments in simple systems. However, the basic idea that
plagioclase crystals are often zoned because Ab and An components are unequally
partitioned between melt and crystal is fundamentally correct.

A second example of growth zoning caused by unequal partitioning is the dis-
tribution of Fe and Mg between garnet and the lower-grade minerals chlorite and
biotite. It is usually observed that garnet has a higher Fe/Mg ratio than coexisting
chlorite or biotite. Consequently, a prograde reaction, such as described in the

Fe-Mg system by

biotite + chlorite + quartz — garnet + muscovite + water
must produce zones in garnet with successively higher Mg/Fe ratios as the reac-
tion proceeds. This divariant reaction may take place close to equilibrium at each

step (“divariant shift”), or it may occur under significant disequilibrium condi-
tions if T, P, or Py, change faster than equilibrium can be maintained in the
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Fig. 1. Plagioclase phase diagrams (mole fraction) calculated by the methods described
by Loomis (1979b). Top: Loop consistent with Bowen’s data for a plagioclase melt. Bot-
tom: Loop for system containing a residual component and water equivalent to a grano-
diorite with 2 wt % water.

matrix of the rock. Probably a more important element to consider for zoning of
garnet at low grade is Mn. The common bell-shaped profile of spessartine in gar-
net (Harte and Henley, 1966; Hollister, 1966), as shown in Fig. 3, is pronounced
mainly because Mn is concentrated in garnet relative to chlorite or biotite by a
factor of around 40 (Hollister, 1969; Loomis, 1982).

As in the case of plagioclase, there are a number of characteristics of natural
growth zoning in garnet that are difficult to explain quantitatively by using a sim-
ple equilibrium partitioning model. For example, it is observed that the core com-
positions of garnets in different-grade rocks of similar bulk composition are sig-
nificantly different, even though the cores should have all formed under
approximately the same conditions during heating. Other difficulties include rep-
resenting end-member components in minerals such as chlorite and biotite, and
calculating the equilibrium (and disequilibrium) partitioning of several compo-
nents among phases simultaneously. Thus, the simulation of garnet zoning under
natural conditions severely tests our knowledge of equilibrium and disequilibrium
partitioning in metamorphic rocks.

Diffusion zoning is also caused by unequal partitioning or changes of partition-
ing with time. A homogeneous crystal can become zoned by diffusion only if the
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Fig. 2. Examples of zoning profiles in two plagioclase phenocrysts in the same sample
from a small trondhjemite pluton (Caribou Mountain, California). X,, is mol % An in
plagioclase.

Fig. 3. Examples of growth zoning in garnet (reproduced with permission of The Geo-
logical Society of America from Hollister, 1969, Figs. 7 and 8). The vertical scales are
wt % for the indicated oxides.
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composition imposed on the edge of the crystal by equilibration with other phases
(including a fluid) differs from the existing composition within the crystal. This
change of composition can occur during reaction if partitioning is unequal, or
during exchange of elements if partitioning changes with time.

Many other examples of the influence of partitioning on zoning could be cited.
The general conclusion is that the compositional zoning of crystals cannot be
understood without a proper understanding of the equilibrium and disequilibrium
partitioning of components among phases throughout the progress of reaction.
Consequently, substantial space is devoted to models of equilibrium and disequi-
librium partitioning below.

Diffusion

Diffusion controls compositional zoning in two ways. First, it tends to eliminate
growth zoning that occurred by natural fractionation processes. As noted in the
introduction, many common minerals, such as micas, chlorite, amphiboles, and
alkali feldspars, are usually unzoned because diffusion homogenized the crystals
during growth or afterward, rather than because fractionation could not occur.
The second control of diffusion is in the creation of zoning in a homogeneous
crystal during consumption by reaction. This type of “diffusion zoning” relies for
its existence on enough diffusion to propagate inward compositional changes pro-
duced on the edge of a crystal, but not enough to homogenize the crystal. Diffu-
sion zoning has been studied most extensively in garnet because the rate of
diffusion is appropriate for the rate of change of geological conditions in some
high-grade metamorphic rocks. Moreover, garnet has the properties of diffusion
isotropy, physical strength, abundance, and a composition accurately measurable
with the microprobe that make it ideal for the study of diffusion. Dissolution of
an old crystal and precipitation of a crystal with a new composition seems to be
the alternative mechanism of reaction preferred by plagioclase (Maaloe, 1976;
Loomis, 1977).

The amount of diffusive transfer of material within a crystal, measured by the
flux J, depends on both the diffusion rate, measured by D, and the compositional
gradient VC, induced by the change of partitioning with time:

J=—DvC 1)

The distance inside a crystal that the compositional disturbance on the edge prop-
agates can be solved for by simple or complicated mathematical means, depending
on the details of the problem. However, a common method used for comparison
purposes to estimate this distance is to assume the following: the crystal surface
is an infinite plane, the crystal is initially homogeneous and has infinite depth, and
a new composition is instantaneously imposed at the surface and held constant
over time. The “penetration depth” is the distance from the surface at which the
composition intermediate between the initial and new surface compositions is
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found. It is calculated from the equation
d = (D', (2

where D is the diffusivity and ¢ is time. A penetration distance of about 1 um (log
d = 0) can be considered to be the threshold value at which induced diffusion
profiles can be measured with the microprobe and at which diffusion starts to
affect growth zoning. In Fig. 4, I assume that the diffusion rate for exchange is
given by the standard kinetic formula, after Arrhenius, for a thermally activated
process:

D = Do exp(—A/RT), 3)

where Do is a constant, R is the gas constant, T is absolute temperature, and A
is the activation enthalpy. The values of Do and A in Fig. 4 for Mg-Fe and Mn-
Fe exchange in common aluminous garnets are preliminary estimates for crustal
pressures from the experimental data of Elphick et al. (1981, 1982), and probably
slightly overestimate the effectiveness of diffusion due to the error of measuring
diffusion profiles generated in these experiments. Figure 4 shows that the
exchange diffusion of Mg and Fe should become effective at granulite tempera-
tures if these temperatures are encountered for millions of years. Contact meta-
morphic rocks should also show diffusion zoning of garnet if they reached very
high temperatures. Mn zoning should be significantly destroyed by diffusion at

3—

——=-=Mn-Fe
—— Mg-Fe _ -600°C

Log d (um)

Log Time (yrs)

Fig. 4. Diffusion penetration depth (d) as a function of time and temperature for Mn-
Fe and Mg-Fe exchange in almandine-rich compositions. The activation enthalpies and
Do’s are based on preliminary estimates from the data of Elphick et al. (1981, 1982),
and are 85 Kcal, 0.0227 cm?/sec for Mg-Fe exchange and 55 Kcal, 0.000015 cm*/sec
for Mn-Fe exchange.
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these conditions. Diffusion zoning of Mg and Fe has been studied in these regional
and very high grade contact rocks. Figure 4 also suggests that rocks of staurolite
grade (550°C) or lower that remained at that temperature a short time (as in
contact metamorphism) would suffer little diffusion alteration of any growth zon-
ing profiles; these are the rocks used to study growth zoning.:

Information from Zoning

Equilibrium

In an apparent contradiction, zoned crystals both preserve past equilibration his-
tory and simultaneously are one of the best indicators of the recent state of equi-
librium. The reason for this dual role is that limited diffusivity allows a single
zoned crystal to behave like a series of tiny homogeneous crystals appearing
through time. At a given time, only the composition of the edge of the crystal
need be changed to reach equilibrium.

The transfer of material that is necessary to maintain the edge of the garnet
at the equilibrium composition is expressed mathematically as follows:

Crv=Cev + DVC. 4)

Ce is the composition of the edge of the crystal (usually equilibrium), Cr is the
composition of the crystal that the matrix or magma “sees” as it reacts with the
crystal, and v is the velocity with which the crystal edge is growing or being dis-
solved. The product of the diffusion rate, D, times the steepness of zoning,
VC, is the flux of material flowing to the edge of the crystal from the interior due
to diffusion. Equation (4) shows that if the diffusion flux is small, the crystal
appears to the rest of the rock to have a composition similar to the equilibrium
edge composition. The slower diffusion is, the less reaction of composition Cr is
required to maintain the edge composition at Ce. At slow diffusion rates, only a
small amount of intergranular exchange is sufficient to maintain the edge com-
position of a zoned mineral at equilibrium. At the same time, information on ear-
lier stages of equilibration is preserved in the zoning profile in the interior of the
crystal.

An example of the type of equilibration information on the complete history of
a sample that can be preserved in diffusion zoning of garnet is discussed in detail
in Loomis (1976). Figure 5 shows the chemographic relations of a rock in which
the assemblage garnet-biotite-kyanite (and sillimanite)-K-feldspar-quartz was
preserved in the process of reacting to produce cordierite and hercynite. Both gar-
net and biotite changed compositions as they reacted by disequilibrium processes
with kyanite and sillimanite to form cordierite and hercynite. Moreover, the
extent of reaction varied from place to place (called reaction domains) in a single
thin section, and it is possible to measure how the compositions of phases changed
with the extent of reaction.
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Sill Alx03

FeO MgO

Fig. 5. AFM projection from quartz and K-feldspar of phase composition data from a
granulite sample preserved in the process of reaction. The initial composition of garnet,
preserved in crystal cores and unreacted grains, and of biotite, preserved as inclusions
within garnet, are enclosed by boxes. Other data are from matrix phases and garnet rims.
The dashed lines indicate the initial assemblage, and the solid lines potential resulting
assemblages, depending on the bulk composition. The migration of the matrix biotite
composition with extent of reaction (x) is shown. The figure is modified after Loomis
(1976, Fig. 10).

Garnet and biotite responded to reaction in different ways. Rapid intracrystal-
line diffusion caused biotite crystals to remain homogeneous. Consequently, the
composition of the biotite in a domain could change only slowly as it reacted
incongruently because a great deal of mass transfer was required to change the
composition of all the biotite. The composition of biotite was observed to shift
slowly to more Fe-rich compositions as the extent of reaction increased. In con-
trast, slow diffusion within garnet crystals isolated the edge of the crystals from
the interior and allowed the edge of crystals to equilibrate rapidly, even though
the bulk of the crystal retained the prereaction composition. Figure 5 shows that
the edges of all garnet crystals that have undergone any reaction have the same
composition. Thus, the composition of the garnet edge is a better indicator of the
state of equilibration in the intergranular medium than is biotite, even though
biotite equilibrates easily. Furthermore, the composition of the cores of garnet
crystals, together with biotite and other phases trapped inside, preserve the state
of the system before reaction, whereas the biotite in the matrix of the rock does
not preserve this information.

If we accept the premise that the edge of a zoned crystal equilibrates readily
during reaction and then preserves this composition as the crystal grows, what
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information of value can be sought? I will mention a few examples in the following
sections of the usefulness of zoned crystals, without intending to present a com-
plete review of published work.

Assemblage and Volatile History

The most obvious use of zoning, together with inclusions of other phases, is to
identify assemblage history. One example of the use of garnet zoning and inclu-
sions to identify a previously stable metamorphic assemblage was just described.
In the original work on these rocks (Loomis, 1972a), the preservation of inclusions
of biotite and kyanite in the pyropic cores of garnets, while cordierite and hercyn-
ite were found only in the matrix, was cited as evidence of unloading during con-
tact metamorphism. Combined with structural, gravity, and plate-tectonic anal-
ysis, these data were used to construct a model of mass flow and crustal evolution
during the emplacement of the Ronda high-temperature peridotite (Loomis,
1972b; 1974). Basic rocks in the same metamorphic aureole contain garnet in
granulite assemblages. Some evidence of the past amphibolite history of these
samples is preserved as inclusions of sodic plagioclase and amphibole within the
garnet, while calcic plagioclase and no amphibole are found in the matrix
(Loomis, 1977).

Another example of the use of zoning and inclusions in garnet to trace assem-
blage history was described by Thompson et al. (1977). They found inclusions of
chloritoid, margarite, rutile, magnetite, and ilmenite that are absent in the matrix
of the rock and were able to deduce the sequence of prograde reactions that
occurred as the garnet grew. Many authors have suggested correlations between
zoning features or bands of inclusions in garnet and reactions that occurred while
the garnet was growing.

Zoning and inclusions in igneous plagioclase have been used occasionally to
document the appearance of phases during crystallization. Delaney et al. (1978)
found that glass-vapor inclusions in plagioclase crystals in the glassy rims of pillow
basalts had volatile-element compositions significantly different than measured in
the glass outside the plagioclase. This was interpreted as evidence of the alteration
of the exterior melt composition after the plagioclase grew. Anderson (1982, per-
sonal communication) has correlated vapor and glass inclusions in zoned plagio-
clase crystals with the occurrence of irregular growth zones and proposed that
both were caused by the same physical disruption of the crystal. Vance (1962,
1965), Wiebe (1968), Pringle et al. (1974), Maaloe (1976), McDowell (1978),
and Kuo and Kirkpatrick (1982) have explained common zoning patterns in pla-
gioclase in terms of intrusion, magma mixing, and water saturation. There is an
extensive literature on fluid inclusions in igneous, metamorphic, and hydrothermal
rocks that I will not presume to review here.

There are a number of problems to be considered in the use of inclusions as
indicators of previously stable assemblages. Among these are the propensity of
growing crystals to include some minerals and not others, the possibility that
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trapped phases could react to produce other assemblages, and the uncertainty of
knowing the shape of the crystal as it grew to be able to interpret the stratigraphy
of inclusions.

Geothermometry

The compositions of zoned crystals and their inclusions can be used for geother-
mometry and geobarometry in at least two ways. First, the composition of a solid-
solution phase in a divariant assemblage is directly determined by the value of the
intensive variables controlling the system and is not controlled by the bulk com-
position of the system. For example, if we consider the assemblage garnet-biotite~
sillimanite-quartz—K-feldspar-ilmenite—graphite (shown by the dashed lines in
Fig. 5) to have been the divariant assemblage in which garnet grew, then the
composition of the garnet core along with that of biotite places a constraint on the
values of temperature, pressure, and Py,, imposed on the system. In this partic-
ular case, the Mg/Fe ratio in both garnet and biotite would be expected to become
larger as the temperature increased.

The second approach to geothermometry is to apply geothermometers based
on ion exchange equilibria to inclusions and the adjacent composition of zoned
host crystal. Inclusions of biotite and other minerals in metamorphic garnets have
been used for this purpose. For example, Tracy et al. (1976) and Ghent et al.
(1979) compared calculated garnet-biotite equilibration temperatures for
included biotite—interior garnet pairs and matrix biotite—garnet rim pairs. A vari-
ation of this approach is the use of pressure-induced strain halos around quartz
in garnet by Rosenfeld (1969) as a geobaromenter. In igneous rocks, Watson
(1976) and Delaney et al. (1978) are two studies in which the reaction of glass
inclusions within phenocrysts after entrapment has been considered in an attempt
to determine the composition of the original melt from which the crystal grew;
the unreacted compositions of phenocrysts and the glass inclusions could then be
used for olivine-melt and plagioclase-melt geothermometry. In another igneous
example, pairs of mineral inclusions in diamonds in kimberlite pipes have been
used by Gurney et al. (1979) and Harte et al. (1980) to constrain the temperature
and pressure of crystallization of diamond.

There are numerous problems and uncertainties that complicate geother-
mometry based on the composition of crystals in divariant assemblages and on the
partitioning of ions. A common problem is to demonstrate that assemblages are
really divariant, given the complicating effects of O, S, Mn, Zn, and other minor
elements. If the assemblage were not truly divariant, then variations of the equi-
librating bulk composition would affect the composition of the mineral and would
have to be taken into account in the interpretation of zoning. For all geothermo-
meters it is difficult to be sure that an inclusion has not communicated with the
matrix through a small crack that may have been subsequently closed or that is
not visible in the thin section examined. An obvious example of this problem is
visible in zoned plagioclase because An-rich regions of crystals commonly alter
more readily than Ab-rich regions. Zoned phenocrysts of plagioclase in plutonic
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rocks often display selective alteration of their An-rich cores and even of thin
growth layers surrounded by unaltered crystal even though there are no visible
avenues for exchange with the rest of the rock.

A problem with using partitioning geothermometers on inclusions has been
documented in one of the examples mentioned above, in which the distribution of
Mg and Fe between garnet-biotite pairs found inside and outside of garnet crys-
tals was used to calculate temperature. Tracy et al. (1976) found that interior
pairs gave higher temperatures than matrix pairs, but Ghent (1975) and Ghent
et al. (1979) found just the opposite. Presumably, interior pairs should record a
lower temperature of equilibration if the garnet crystal grew near equilibrium
during prograde metamorphism and if the equilibration composition during
growth were preserved unaltered by the subsequent thermal history. Tracy et al.
(1976) suggested that garnet rim-matrix biotite pairs suffered retrograde reequi-
libration. If the exchange of Mg?* and Fe®* between garnet and biotite is simply
controlled by the rate of thermally activated diffusion within the crystals, then
garnet-biotite pairs both inside and outside garnet should have reequilibrated to
approximately the same temperature (there may be some pressure differences).
For example, I found that the compositions of biotite inclusions located at differ-
ent distances from the edge of a garnet that had developed an induced diffusion
profile by reaction with the matrix varied sympathetically with the composition
of the surrounding garnet. The diffusion process that had affected the garnet com-
position had also modified the included biotite compositions. The different calcu-
lated temperatures found for included and external mineral pairs may indicate
that the rate of exchange of ions between mineral pairs is sensitive to conditions
other than simply temperature and pressure. For example, Yund and Tullis
(1980) found that trace amounts of water and strain affect the rate of order-
disorder reactions in feldspar. Then the difference between the temperatures cal-
culated from included and external mineral pairs may be a better measure of
differences of Py, history than the temperature difference during formation of
the crystals. Another possibility is that inclusions have reequilibrated with the
surrounding crystal but that the zoning in the host crystal around the inclusion
can not be detected. In that case, the calculated temperature is meaningless. As
mentioned above, Watson (1976) has shown how the original compositions of
glass inclusions in host phenocrysts can be determined after subsolidus reaction
has significantly modified the inclusions. Studies of inclusions provide one method
of investigating the cation exchange process under natural conditions to determine
what is really being measured by the calculated geothermometer temperature.

Other possible problems with the use of the compositions of inclusions in zoned
crystals for quantitative calculations are related to disequilibrium growth pro-
cesses. If a crystal grows under disequilibrium conditions, as seems likely for most
igneous crystals and probably some metamorphic ones (as discussed below), then
the composition of matrix minerals or melt samples that become included may
have been neither initially in equilibrium with the host crystal nor representative
of the composition of the bulk matrix or melt. The effect of disequilibrium parti-
tioning during growth on the calculated temperatures of the garnet-biotite geoth-
ermometer is considered below.
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Growth Mechanisms

Crystal zoning is one of the primary sources of information on disequilibrium
growth processes for several reasons. First, a major source of disequilibrium may
be the difficulty of nucleating new crystals. Then the record of disequilibrium is
contained in the composition of a crystal at the time of nucleation because parti-
tioning of elements during disequilibrium growth should be different than during
equilibrium growth. Zoned crystals retain this nucleation composition in their
core, preserved from later reequilibration if we are lucky. A related opportunity
to detect disequilibrium partitioning is presented by the composition of inclusions
trapped near the core during growth, as discussed above. Second, the zoning pat-
tern of crystals, as a function of the metamorphic grade of a rock, position in a
pluton, bulk composition, etc., can be compared with equilibrium crystallization
models to detect the action of disequilibrium processes. Third, zoning may pre-
serve some information on the shape of a crystal during growth. The shape of a
crystal is an indicator of the effect of interface processes on growth, and sector
zoning may be directly related to the differences of growth processes on different
crystal faces. Finally, the directional variation of zoning profiles in a crystal may
be related to the presence of neighboring crystals or convective motions during
growth, indicating the influence of these factors on the composition of a growing
crystal. A number of examples of the possible influence of disequilibrium pro-
cesses on the growth of garnet and plagioclase will be considered in later sections
of this work.

One topic not reviewed in any detail below is the origin of sector zoning in
staurolite and pyroxenes (for example: Hollister, 1970; Hollister and Gancarz,
1971; Nakumura, 1973; Downes, 1974; Dowty, 1976; Harkins and Hollister,
1977; Carpenter, 1980b; Larsen, 1981). Sector zoning is also useful for investi-
gating the process of growth of crystal faces. A discussion of the various models
of crystallographically controlled growth and geochemistry is given by Dowty
1977).

Reaction or Growth Rate

Diffusion zoning provides one means of determining the rate of a reaction that
causes zoning in a crystal if the rate of diffusion can be estimated. Equation (4)
expresses the relationship between the velocity of growth or consumption of the
crystal surface (v) and the steepness of the zoning profile (VC); Ce and Cr can
be measured with the microprobe and calculated from the stoichiometry of reac-
tion. Then the zoning profile becomes a measure of v if D is known. It is important
to point out that even though we are using zoning in a crystal to measure the rate
of reaction, the rate limiting step in the overall reaction may not be the diffusion
process in the crystal. The velocity can be limited by other processes, such as the
dissolution or growth of another participant in the heterogeneous reaction.

I have used zoning in garnet to attempt to estimate the rate of some disequi-
librium reactions in garnet—granulite-grade rocks (Loomis, 1976, 1979a). It was
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concluded that the rate-limiting step in these reactions was probably the dissolu-
tion of the aluminum silicate phases. Compositional zoning in igneous plagioclase
attributable to growth under disequilibrium conditions may be useful in predicting
the rate of crystal growth (Loomis, 1981). A related topic, beyond the scope of
this work, is the use of exsolution microstructures to study the diffusion processes
in feldspars and pyroxenes, and to trace the environmental history of rocks (for
example, some recent papers are: Yund and Ackermand, 1979; Carpenter, 1980a,
1981; Day and Brown, 1980; Yund and Tullis, 1980; McCallister and Nord, 1981;
and Grove, 1982).

Kinetic Control of Geophysical and Geochemical Properties

Some examples of important geophysical changes that are controlled by the rate
of reactions are the rise and fall of continental crust in response to changes of heat
flow, the increasing density of oceanic crust as it undergoes the gabbro to eclogite
transition during subduction, the increasing density of crustal rocks as they
undergo blueschist-facies reactions near subduction zones, and the exsolution of
volatiles from melts as they cool. Examples of geochemical properties in high-
grade rocks that are controlled by reactions include the gain and loss of volatile
elements during reaction and, of course, crystal fractionation of melts. Many of
these processes have been modelled assuming that a state of equilibrium exists
throughout the rock or melt. While reasonable as a first approach, the presence
of zoned crystals and disequilibrium textures in many of these rock types suggests
that kinetics could have a significant effect on fractionation.

As an example, Ahrens and Schubert (1975) argue that the importance of the
gabbro-eclogite transition as a driving force for plate-tectonic motions depends
heavily on the rate of the reaction; they suggest that the rate of reaction is con-
trolled, in turn, by the presence in minor quantities of hydrous minerals. Based
on my studies of disequilibrium reactions involving zoned garnets in garnet gran-
ulite rocks, I have suggested that the rate of reaction to form higher pressure
assemblages is greater than the reverse reactions at the same temperature because
zoning in garnet impedes reaction (Loomis, 1977). The result could be a tectonic
“hysteresis” effect whereby the density of lower crustal rocks can be increased by
an increase of pressure or decrease of temperature at a faster rate than the density
can be decreased as the temperature rises or pressure falls. The importance of
disequilibrium partitioning during growth of phenocrysts in melts to the evolution
of trace elements in a magma was emphasized by Albarede and Bottinga (1972)
and has been considered by a number of others since. The significant effect of
high cooling rates on the phase assemblage to crystallize from a basalt melt was
demonstrated by Walker et al. (1976). Delayed nucleation of crystals upon slow
cooling could be responsible for the sudden release of volatiles and even heating
of a magma when rapid crystal growth begins. The kinetic path taken by a meta-
morphic reaction can cause an intermediate gain or loss of volatiles contrary to
the overall result of reaction (Loomis, 1979a).

I am sure that there are many examples of the use of crystal zoning data to
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understand kinetic processes and to solve geological problems that I have over-
looked in the literature or neglected. As our understanding of igneous and meta-
morphic petrology advances, and our interest turns increasingly to details, it is
possible that the importance of disequilibrium, kinetic processes will be recognized
increasingly.

Equilibration

Equilibrium

Before we attempt to treat a variety of equilibrium and disequilibrium reaction
models, it will be useful to review the various types of equilibrium states that can
be envisioned to occur in heterogeneous assemblages (see also Mueller, 1967,
Ganguly, 1977). First, a state of total or “complete equilibrium” can be defined
for the entire rock. It requires that the chemical potential of each component in
all phases be equal. In terms of measurable quantities, complete equilibrium
requires that all crystals be homogeneous, that the number of phases satisfy the
phase rule, and that all crystals of a given phase have the same composition. Obvi-
ously, total equilibrium can be approximated only in a system small enough that
elements can be transported among all crystals, but large enough to accommodate
distinct crystals of all the necessary phases. The equilibrating bulk composition is
simply the bulk composition of the system.

The concept of “local equilibrium” (Korzhinskii, 1959; Thompson, 1959) is
well established in the literature and is a fundamental assumption in models of
diffusion-controlled reaction. Local equilibrium requires that each small domain
in a rock have an equilibrium assemblage appropriate for the bulk composition at
that domain, but that the assemblage can vary with the local bulk composition on
the scale of interest. Local equilibrium is easily defined in simple systems, but the
concept is more difficult to apply to heterogeneous assemblages in which the bulk
composition is represented by several different crystals of several phases scattered
over a finite volume of rock.

Another state of equilibration, in which only some of the phases in a rock are
in equilibrium with each other, can be called “partial equilibrium.” This state
requires that all possible reactions among the matrix phases are reversible, but
that some reactions with certain “disequilibrium” phases are kinetically impeded.
Partial equilibrium could arise if the reaction of a phase is inhibited by surface
kinetics. In this case, the material included within the phase is simply removed
from the equilibrating bulk composition. Similarly, partial equilibrium can be
applied to systems containing armoring coronas around crystals or containing
zoned crystals. In these cases, a portion of the system is restricted from the equi-
librating bulk composition by the limitations of intracrystalline diffusion. The
interior of zoned crystals can be considered to comprise an infinite number of
phases (different compositions) that are not in equilibrium with the rest of the
system.
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Still another concept of equilibrium is “partitioning equilibrium.” If different
components have different mobilities within the matrix or melt, then two crystals
may be able to exchange rapidly some components but not others. Moreover, it is
also possible that the strong bonding that characterizes the aluminum-silicate
framework of some common mineral structures restricts growth and dissolution
of these minerals even though they may exchange other cations. In either case,
two crystals may be in equilibrium with respect to the exchange of some cations,
but in disequilibrium with respect to their abundances for the bulk composition.
A probable example of this state was cited above (Fig. 5). The partitioning of Mg
and Fe among garnet rims, cordierite, and hercynite is constant in all domains in
this sample even though the extent of reaction that consumed garnet and pro-
duced cordierite and hercynite varied markedly among domains. A reasonable
interpretation is that Mg and Fe equilibrated among product minerals in the
matrix while the extent of reaction was restrained by other kinetic processes.
Because many studies rely on partitioning of cations among solid-solution phases
to trace the path of disequilibrium reactions, the existence of partitioning equilib-
rium may falsely lead to the conclusion that local equilibrium of all components
obtained in the system.

Measurement of Disequilibrium

Obviously, disequilibrium can be defined as any state that is not equilibrium.
However, it is convenient to measure disequilibrium somehow, and several means
have been used. The common term used in igneous systems is undercooling,
defined as the difference between the equilibrium temperature of crystallization
of a phase from a melt of given composition (7,) minus the actual temperature;
it is usually signified by AT. Undercooling is useful for visualizing disequilibrium
conditions on phase diagrams. In Fig. 6, the undercooling of the melt shown by
the box is 7, — T. The metamorphic equivalent of undercooling is “overstepping”
of a solid-state reaction. An alternative view to undercooling that is more conve-
nient for illustrating disequilibrium on plots of compositional gradients is “con-
stitutional supercooling,” after Rutter and Chalmers (1953). The amount of dis-
equilibrium can be measured in terms of the difference between the equilibrium
and actual composition in the melt. Constitutional supercooling is less convenient
for multicomponent melts for which there are an infinite number of possible equi-
librium compositions.

The last measure of disequilibrium I will mention is affinity. Affinity is equiv-
alent to the negative change of the thermodynamic free energy with the extent of
reaction [see Prigogine and Defay (1954) for the history and rigorous definition
of the term}. Affinity can be rigorously calculated for any compositional or ther-
mal variations of a system if appropriate thermodynamic data are available. The
formulation of irreversible thermodynamics includes the assumption that the rate
of a reaction should be proportional to the affinity of reaction. Fisher (1978) has
used this assumption and estimated kinetic constants to predict the relative impor-
tance of various reaction processes. However, proponents of irreversible thermo-
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Temperature

Fig. 6. Schematic phase diagram of plagioclase projected from melts of various compo-
sitions. See text for discussion of labels.

dynamics caution that the linear rate law assumptions of the theory may not apply
to the large energy differences of chemical reactions (Fitts, 1962; Katchalsky and
Curran, 1965; deGroot and Mazur, 1969), and I have shown that the predictions
of the theory do not explain the progress of a metamorphic reaction (Loomis,
1976). For these reasons, and the fact that affinity cannot be shown on the dia-
grams we usually use to represent phase equilibrium, I will not make use of affin-
ity in this chapter.

Models of Partitioning

A key consideration in fractionation models is how partitioning between the zoned
crystal and the rest of the assemblage changes during growth. Taking the simplest
case of binary ideal solution, the distribution of a component between two phases
can be described by Ke. For example, the distributions of An and Ab components
between plagioclase and a melt at equilibrium is described by

KeAn = fAn( T:P»PH20’ etc-) = Xﬂn/ %’n (5)
Kep, = fao(T,P,Pyy, €tc.) = X{L/Xﬁ» (6)
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where X/ is the mole fraction of component i (An or Ab) in phase j (X1 = crystal
and M = melt). The arguments of the functions are the intensive variables, T
being the most important usually. The values of Ke,, and Ke,, can be calculated
at a given T and P if appropriate thermodynamic data are available. In the binary
case, Egs. (5) and (6) plus the material balance constraints define unique com-
positions of the melt and crystal at complete equilibrium, shown as E and 4,
respectively, in Fig. 6. For systems with more exchange components and more
phases, the basic constraints are similar, but the solution (or solutions) is harder
to calculate. The primary conclusion is that, at equilibrium at a given 7 and P,
the partitioning equations for the distribution of each component between each
pair of phases, together with the bulk composition of the system, require that there
be a unique composition of each phase in the system.

The conclusion of the previous paragraph is obvious, but often overlooked in
reaction models. The most common example is the popular application of Ray-
leigh fractionation. It is usually assumed in Rayleigh fractionation that the par-
titioning of a component between the zoned phase and other phases is constant at
a given temperature. The distribution of An, for example, is given by Eq. (5). A
convincing isothermal growth zoning profile can be calculated by holding Ke,,
constant as plagioclase grows and fractionates the melt. This seems reasonable as
long as we ignore Eq. (6) but, if both Egs. (5) and (6) are valid, then the com-
positions of plagioclase and melt must be fixed and zoning is not possible. Thus,
Rayleigh fractionation is possible only if the element considered is so small in
abundance that mass balance can be ignored (that is, Henry’s law applies). It may
be appropriate for zoning of trace elements in garnet, as described by Bollingberg
and Bryhni (1972). We will not consider Rayleigh fractionation further in this
chapter.

If we deal with fractionation of major elements under disequilibrium condi-
tions, an alternative to Egs. (5) and (6) must be found. The basic problem is to
find the composition of the crystal that will crystallize from a melt or matrix
assemblage that does not have the equilibrium composition for the imposed tem-
perature. Three possibilities were proposed by Hopper and Uhlmann (1974) for
binary systems. I have applied the three models to the crystallization of plagio-
clase (Loomis, 1981) and one model to garnet (Loomis, 1982). One model that
assumes that the free energy of the crystal-melt system is minimized can not be
calculated for most complex systems because appropriate thermodynamic data
are not available; consequently, we will investigate the two models that can be
calculated in many systems.

The first model requires that the decrease of the free energy of the system be
maximized for a given amount of reaction, a model compatible with the assump-
tions of irreversible thermodynamics. I showed that this model predicted that the
effective K, was constant and equal to the equilibrium K, calculated from ther-
modynamic data for each pair of elements. For example, K, for Ab—An exchange
is calculated as follows:

K, = X{:IX%)/(X%IX{:’) = fAn/fAb- @)
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Equation (7) is a combination of Egs. (5) and (6). Because it imposes only one
constraint rather than two on partitioning, it is possible to use Eq. (7) to find the
crystal composition for an arbitrary melt composition. In Fig. 6, the crystal com-
position calculated for the melt composition shown by the box at temperature T
is B.

A second model that can be used as a disequilibrium partitioning law proposes
that the crystal composition is the equilibrium one for the given temperature
regardless of the actual melt composition. The predictions of this second model
are easy to show in Fig. 6 because the crystal composition for any bulk melt com-
position at temperature T is C. It turns out that this crystal composition is also
predicted if local equilibrium prevails in the system at temperature T because the
melt composition adjacent to the crystal face is forced to assume composition D.
This partitioning model is probably also appropriate for a state of partitioning
equilibrium in which the exchange components that cause zoning have an equi-
librium distribution among phases even though the phases are not in equilibrium
with respect to all components.

Before we worry about which model is best, we must determine how the models
can be applied to multicomponent systems of two phases. The first model was
extended to multicomponent systems by Loomis (1982). The result is simply that
Kp’s for the exchange of all pairs of components between the two exchange phases
are fixed by the thermodynamic data and can be used, as in the binary case, to
find the crystal composition for a given matrix mineral or melt composition. The
second model has also been used for multicomponent systems (Loomis, 1981,
1983a) but it is not as well defined. The problem with defining the second model
is that the composition of the crystal at a given T depends on the abundance of
other components in the melt. For example, if the melt in Fig. 6 contained water
and other components, the position of the phase loop would move up or down as
the abundance of these other components changed, thereby changing the com-
position C. To use the partitioning model, it is necessary to make the additional
assumption that the known composition of water and other components in the
melt can be used to calculate the position of the loop (even though the mole frac-
tions of An and Ab in the melt are ignored by the partitioning model). While this
works for the distribution of two components, it is not apparent how the simul-
taneous partitioning of three or more components can be calculated accurately for
disequilibrium partitioning.

The partitioning models predict some interesting results that are observed in
nature. The easiest to test is how Ke should vary during growth. If growth takes
place near equilibrium and if we assume ideal solution, Ke can be calculated
directly from equations like (5) and (6) and should be a function only of the T
and P history of the system; Ke is not a function of bulk composition. Conse-
quently, all crystals in rocks of any bulk composition should have experienced the
same Ke at the same T of growth. The zoning in crystals can be determined
directly from phase diagrams, as discussed below. The disequilibrium partitioning
models differ from equilibrium models in two significant ways. First, Ke is a func-
tion of the actual temperature of growth of the crystal, which may be different
than the temperature at which the crystal should have grown if it were in equilib-
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rium with the matrix or melt. Therefore, two rocks with identical bulk composi-
tions can give rise to different crystal compositions if they experience a different
amount of disequilibrium. Secondly, Ke is a function of bulk composition, and Ke
should change during growth even at a constant temperature. Two rocks experi-
encing the same thermal history but with different bulk compositions can produce
crystals that record different values of Ke. Some observations that indicate the
action of disequilibrium partitioning in both igneous and metamorphic rocks are
discussed below when various growth models are compared.

Which partitioning model is closest to being correct? Essentially the only pub-
lished experimental evidence we have of the effect of disequilibrium partitioning
on crystal composition is the data of Lofgren on plagioclase growth from water-
saturated, plagioclase melts at 5 kbar (Lofgren, 1972). His experimental charges
were step cooled and produced discontinuously zoned plagioclase crystals.
Because the residual melt fractionated during the growth process, it is necessary
to match fractionation simulations to his observed profiles to establish the effect
of rapid cooling on the crystal composition. I found remarkable agreement with
his observations using the second partitioning model, including the appearance of
reverse zoning during isothermal growth, but very poor agreement using the first
model (Loomis, 1983a). My previous work on garnet (Loomis, 1982) used the
first model because it was necessary to calculate the simultaneous distribution of
three components between garnet and chlorite; the simulations showed the same
sense of varitation of zoning with bulk composition and metamorphic grade as
observed in nature, but the conditions under which the rocks formed are not well-
enough known to attempt quantitative comparisons.

We are led to the general conclusion that these disequilibrium partitioning
models probably give the right sense of compositional deviation from equilibrium
to be expected from disequilibrium conditions, but that confidence in quantitative
calculations must await the appearance of better experimental data with which to
test the models. Quantitative models of partitioning are probably not required to
verify the importance of disequilibrium partitioning in natural rocks, but the use
of partitioning of elements as a geothermometer in disequilibrium systems will
require a better understanding of this process than we now have. Other models
than those reviewed here can be proposed, but I believe that the kinetics of reac-
tions processes are not well-enough understood to prove any of them theoretically;
they must be established empirically as more experimental data become available.

Equilibrium Growth Model

Now that the basic processes of partitioning and diffusion have been reviewed, it
is possible to examine some models of crystal growth and compare simulations to
natural zoning. It is convenient to treat the reaction of crystals in terms of two
end-member processes. The first process is growth without any diffusion within
the crystal occurring, called growth zoning, and the second is zoning induced
within an initially homogeneous crystal by diffusion, called diffusion zoning. The
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zoning in a crystal may involve both processes acting simultaneously in high-grade
rocks and magmas, but often the action of the two processes can be distinguished.
In this section, the simplest growth model is discussed, and then the variations on
zoning that may be caused by more complex disequilibrium processes are consid-
ered in the following section. Diffusion zoning is reviewed in the last part of this
chapter.

The equilibrium growth model is the simplest model from a thermodynamic
point of view, even though it is conceptually more complex than the commonly
used Rayleigh fractionation model. The assumptions of the model are as follows.
Nucleation can not be explicitly modelled as an equilibrium process; some kinetic
factor must be responsible for a finite number of crystal nuclei to grow. Therefore,
the first assumption is that a fixed number of crystals nucleate at the isograd
temperature at which the phase of interest first becomes stable. The crystals are
assumed to be spherical in shape. The second assumption is that growth is con-
trolled by equilibrium in the melt or matrix of the magma or rock. Equilibrium
requires that the transport of components in the matrix or melt be fast enough to
keep up with any reaction required to maintain partial equilibrium in the matrix
or melt, and that the edge of all crystals are in equilibrium with the matrix or
melt. The rate of reaction is governed strictly by the rate of change of the intensive
variables controlling equilibrium (temperature, pressure, Py, €tc.). The third
assumption is that diffusion does not occur within the growing crystal of interest.
Finally, the system is assumed to be closed and the matrix or melt will be frac-
tionated as the crystals grow. The composition of the rock in partial equilibrium
outside of the growing crystals is called the equilibrating bulk composition.
Trzcienski (1977) also considered garnet zoning caused by this process of contin-
uous reaction.

The calculation of equilibrium growth simulations is most easily explained in
terms of a finite-difference computer model for growing garnet (numerical simu-
lations are usually required due to the complexity of equilibrium calculations).
Starting with the system at partial equilibrium with nuclei of the growing crystal
present, the temperature is raised a very small amount. The amount and compo-
sition of garnet stable in the equilibrating matrix composition is calculated and it
is distributed on the nuclei as a thin shell. The amount of garnet grown is removed
from the equilibrating matrix composition, and the process is repeated.

The progress of zoning in garnet during equilibrium growth in an idealized
pelitic system without Mn, Ca, or staurolite can be visualized in Fig. 7. The loops
shown on this phase diagram represent calculated equilibrium stability among the
two ferromagnesian phases shown and an aluminum silicate phase, muscovite or
K-feldspar, and quartz, at 5 kbar pressure and 2.5 kbar water pressure. As an
example, start with the assemblage chlorite-kyanite—-muscovite-quartz, where
the ratio Xy,/(Xmg + Xr.) in chlorite is 0.3. Upon heating, garnet of composition
A should nucleate at about 510°C and chlorite has composition E. As heating
continues and garnet is removed from the equilibrating system, the composition
of the matrix projected onto this diagram will migrate up the chlorite curve until
chlorite of composition F becomes unstable at about 545°C. The successive layers
of garnet deposited on the nuclei will define a zoning profile from A in the center
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Fig. 7. Calculated phase diagram for pelitic assemblages (1) saturated in quartz, (2)
containing kyanite below 561.82°C and sillimanite above, (3) containing muscovite below
603.91°C and K-feldspar above, (4) staurolite-free, (5) pressure = 5 kbar, and (6)
Puo = 2.5 kbar. The phases contain fixed mole fractions of end members other than Fe
and Mg of 0.1 in garnet (Gar), 0.18 in biotite (Biot), 0.24 in chlorite (Chl), and O in
cordierite (Cord). The thermodynamic data are unpublished, but were derived by meth-
ods similar to those used by Loomis and Nimick (1982). See text for discussion of labels.

to B on the edge. With further heating, the equilibrating bulk composition will
enter the biotite field and the garnet will become unstable. Assuming for the
moment that resorption does not occur, the next stage of garnet growth begins at
about 640° C when the equilibrating bulk composition starts to enter the biotite—
garnet loop at G. The first layer of renewed growth has composition C, producing
a discontinuity in the zoning profile corresponding to the hiatus in growth. As the
temperature increases, a zoning profile to composition D will be deposited on gar-
net and the equilibrating bulk compositions will fractionate along the biotite curve
toward H. At approximately 735°C, biotite of composition H should disappear
by reaction to form cordierite and garnet. This event results in the sudden growth
of a layer on garnet of uniform composition D and the shift of the equilibrating
bulk composition to the cordierite composition I. Further heating could cause gar-
net to be resorbed because the garnet edge would no longer be in equilibrium with
the matrix assemblage. The discontinuous zoning profile created by this equilib-
rium growth process is shown in Fig. 8.
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Fig. 8. Computed equilibrium growth zoning profile for garnet grown in the system
shown in Fig. 7 with a ratio of Mg/(Mg + Fe) of 0.3. The nucleation density was about
56 crystals per cm’. X, and Xy, indicate the mole fractions of almandine and pyrope,
respectively, in garnet.

The growth history just described illustrates a conclusion which is founded on
basic phase equilibrium. The garnet field in Fig. 7 is bounded by a continuous
line. Consequently, if garnet grows continuously at near equilibrium conditions,
changes of assemblage can only induce discontinuities in the slope of the zoning
profile, not discontinuities in the profile. It is often implied in the literature that a
discontinuous reaction that changed the rock assemblage was recorded by a dis-
continuity in the zoning profile of garnet (or in any other phase). This can be true
only if the reaction is overstepped and becomes a disequilibrium one. A disconti-
nuity in profile can be caused by a hiatus in growth during which no reaction of
the previously formed garnet occurred. This latter situation also requires disequi-
librium in the form of the metastable persistence of garnet. During the periods
when the garnet edge is out of equilibrium with the matrix, the garnet could
undergo dissolution reactions. If diffusion is still not possible within garnet, then
the dissolution reactions would be disequilibrium ones because the garnet edge
would not be in equilibrium with the matrix. It is interesting that this “equilib-
rium” growth process, in which partial equilibrium is maintained in the matrix,
can induce disequilibrium reactions to occur in the rock. If the garnet does react
and undergoes internal diffusion, then its edge composition would follow along the
garnet phase boundaries in Fig. 7, and the zoning profiles created during the
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periods of growth would be connected by a zone of continuous profile formed by
diffusion.

The equilibrium growth models must be extended to include Mn as well as Fe
and Mg to describe natural zoning. An example of the zoning predicted for equi-
librium growth of garnet in the assemblage garnet-chlorite~kyanite-muscovite~
quartz is shown in Fig. 9. The central part of the simulated zoning profiles look
very much like those observed in nature (compare Figs. 3 and 9). It was found in
this system that the value of Ke for Mn varied only slightly over the temperature
range of growth (Loomis and Nimick, 1982). Consequently, the profiles generated
for Mn are very similar to those predicted by Rayleigh fractionation, which
assumes that Ke is constant. The success of both types of simulations in matching
the form of natural zoning simply indicates that we must be careful to not jump
to conclusions based on morphology of zoning alone. In this case, the extreme
concentration of Mn in garnet overwhelms all other factors. The proof of dis-
equilibrium comes from the dependence of Ke on grade and bulk composition.

A simulation of equilibrium growth of plagioclase from a granodiorite melt
with 2 wt % water is shown as curve E in Fig. 10. The simulation was calculated
by assuming that only plagioclase grew and that water and other components
accumulated in the melt as plagioclase was subtracted (water stauration was not
reached). The specific composition and size of the crystal depend on the bulk com-
position of the melt, whether water is lost, and the assumed number of nuclei, but
the general shape of this “normal” zoning profile is the same in all systems. It is
characterized by a fairly flat center and increasing steepness of zoning outward.
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Fig. 9. Computed equilibrium growth garnet zoning profile for the same system as Fig.
7 but with the addition of 0.004 moles of MnO for each mole of MgO + FeO in the bulk
composition.
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Fig. 10. Simulated zoning profiles in plagioclase grown under various conditions from a
granodiorite melt with 2 wt % water at the beginning of growth, without other phases
crystallizing, and with a nucleation density of about 100 crystals per cm®, E: Equilibrium
growth; D;: 20°C undercooling at the beginning of growth, then the temperature was
held constant until equilibrium, then equilibrium growth; D,: 20°C undercooling at the
beginning of growth, then the temperature was lowered so that the undercooling
decreased linearly to 0 at 1 mm of growth; D;: 20° C undercooling maintained throughout
growth. The local equilibrium partitioning model (C in Fig. 6) was assumed.

Disequilibrium Growth Models

Disequilibrium reactions, as I will use the term here, are defined by lack of equi-
librium between the crystal surface and the major part of the matrix or melt that
is not directly adjacent to the crystal, called the “bulk” matrix or melt. This def-
inition is probably best understood by examining the two end-member models of
disequilibrium processes I wish to consider, diffusion-controlled and reaction-con-
trolled growth.

Diffusion-Controlled Growth

The diffusion-controlled growth model has long been popular in petrology because
the influence of intergranular diffusion on metamorphic textures is sometimes
obvious, and the mathematical formulations to describe this process are well
established. This model has been applied to the development of metasomatic
banding and segregation structures by many geologists, and it is usually implied
that the rate of growth of individual crystals is controlled by the same mechanism.
I will not attempt to review the complex models that have been proposed for meta-
somatic segregation and banding structures, but will try to present the basic impli-
cations of the model for crystal growth and zoning.

The main assumption of the model is illustrated in the upper part of Fig. 11.
The chemical potentials of all components vary continuously in the system from
the edge of the crystal out into the matrix, with the zoning probably most pro-
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nounced next to the crystal. The corresponding phase compositions may be dis-
continuous at phase boundaries, but the partitioning across the boundaries is gov-
erned by equilibrium partitioning (represented by E in Fig. 11). Compositional
zoning of matrix crystals should reflect the continuous zoning of chemical poten-
tials away from the crystal. In sum, a state of local equilibrium exists in each
domain in the rock, even though the crystal is out of equilibrium with the distant
matrix or melt.

The key assumption in the model is that local equilibrium prevails at the crystal
surface. The implications of local equilibrium for growth in binary systems are
easily visualized on phase diagrams. For example, we can predict the zoning to
be generated in plagioclase growing from a plagioclase melt by reference to Fig.
6. Assume that the initial conditions in the bulk melt are indicated by the box at
temperature T within the loop, representing a state of undercooling equal to T,
— T. If local equilibrium is maintained at the crystal surface, then the composi-
tion of the melt and the crystal at this surface must be the unique compositions
D and C, respectively, in Fig. 6. Thus, the crystal composition becomes more Ab-
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Fig. 11. Schematic plot showing the difference between growth conditions assumed in
diffusion- and interface-controlled growth. X is mole fraction of a component and u is
chemical potential. E indicates local equilibrium partitioning of components between the
crystal and the matrix, and D indicates disequilibrium partitioning.
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rich relative to the equilibrium composition (4) for the bulk melt as the under-
cooling increases. Diffusion gradients are set up in the melt between composition
D at the surface and the composition of the bulk melt shown by the box. The rate
of crystal growth will be rapid at first because the gradients are steep and the
diffusion fluxes in the melt are large, but the growth rate will slow with time as
the aureole of diffusion gradients spreads out into the bulk melt.

We must also consider fractionation in a complete model of crystal growth even
if the rate of growth is controlled by diffusion. As growth proceeds in the system
represented by Fig. 6, the diffusion halos around the crystals will intersect even-
tually and the bulk melt will be fractionated. Fractionation of the melt is repre-
sented in Fig. 6 by the gradual shift of the box to the left. When the box reaches
composition D, the melt is homogeneous and growth stops because the entire melt
and the crystal surface have reached partial equilibrium.

Application of the diffusion-controlled growth model to explain zoning in gar-
net follows the arguments above for plagioclase. Turning to Fig. 7, the garnet-
chlorite loop in this Fe-Mg binary system can be treated like the plagioclase loop
in Fig. 6. The composition of garnet growing from any matrix composition within
the loop will be fixed by the equilibrium composition for a given temperature. As
overstepping increases, the Mg/Fe ratio in the garnet, relative to the partial equi-
librium composition for the equilibrating bulk composition, will increase. The
important conclusion for diffusion-controlled crystal growth in binary systems is
that the crystal composition is fixed by the temperature of growth regardless of
what happens to the melt. We can think of the diffusion process as isolating the
crystal from the influence of the composition of the bulk melt. Consequently, the
crystal will be unzoned unless the temperature changes during growth. It is also
apparent from Figs. 6 and 7 that the crystal composition formed will deviate from
the equilibrium composition for the bulk melt or matrix composition by an
amount proportional to the undercooling or overstepping.

The main difference between the predictions of the diffusion-controlled model
in binary and in multicomponent systems is that there are an infinite number of
melt and crystal compositional pairs that can be in equilibrium in a multicom-
ponent system. Therefore, the composition of the crystal can change as the com-
position of the melt or matrix changes. The two processes that change the melt
composition at the crystal surface are conveniently classified as: (1) bulk fraction-
ation: fractionation of the bulk melt when the diffusion aureoles around crystals
overlap; and (2) surface fractionation: the deviation of the melt composition at
the crystal surface from the bulk composition due to concentration or depletion
of components in the melt adjacent to the crystal. These two classes could also be
called long and short range fractionation.

As an illustration of how these two processes can act to cause zoning during
diffusion-controlled growth, let the melt in Fig. 6 contain water and a residual
component in addition to An and Ab components. The residual component
includes all the other anhydrous components not contained in plagioclase. First,
consider the effect of bulk fractionation when the diffusion aureoles around crys-
tals overlap. The rise of the concentration of water and the residual component in
the bulk melt will cause similar changes next to the crystal, regardless of the dif-
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fusivities of components. The equilibrium loop in Fig. 6 must drop significantly as
bulk fractionation occurs, and the crystal composition will migrate from the
region of C upward along the curve toward more calcic values closer to A. Let me
emphasize, for reference below when considering garnet zoning, that the plagio-
clase becomes more calcic even though the melt is being fractionated toward
lower An/Ab values. The profile produced during isothermal growth by bulk frac-
tionation will tend to be reverse zoning. Note that undercooling decreases during
this isothermal process because the liquidus temperature decreases and reverse
zoning can be considered to be a result of this decreasing undercooling. Growth
continues until the box in Fig. 6, moving left, intersects the liquidus, moving
downward, and partial equilibrium throughout the melt is attained.

The bulk fractionation zoning trend can be modified by surface fractionation
as follows. As growth begins from the bulk melt signified by the box at tempera-
ture T, the water and residual component excluded by the crystal will build up at
the crystal surface and force the equilibrium loop projected in Fig. 6 to move
downward and to change shape slightly. This process of surface fractionation will
cause the crystal composition produced at temperature T to be somewhat more
An-rich than the equilibrium composition C. Thus, surface fractionation acts in
the same way as bulk fractionation to decrease the difference between the crystal
composition and the partial equilibrium composition assumed in the equilibrium
growth model, and might partly offset the effect of undercooling on composition.
Moreover, the composition of the crystal being deposited can vary through time
as the surface composition of the melt varies in response to the interaction between
the different diffusivities of components and fractionation at the interface. This
complex interaction is difficult to simulate because we have little information on
multicomponent diffusivities in melts, but my approximate simulations for natural
melt compositions (Loomis, 1983a, Part I) suggest that (1) the deviation of the
crystal composition from C is affected little by the water content in the melt, and
(2) little compositional zoning of the crystal is caused by the surface fractionation
process.

This analysis predicts that the zoning trend of plagioclase produced by diffu-
sion-controlled growth should be determined primarily by bulk fractionation. The
major zoning trend produced during isothermal, diffusion-controlled growth from
complex melts will tend to be reverse zoning caused by bulk fractionation and
consequent decreasing undercooling, with probably a small decrease in the mag-
nitude of zoning, and perhaps some small variation of the zoning trend, caused by
the multicomponent diffusion process. The bulk fractionation trend, of course, is
also dependent on the crystallization of other phases which modify the accumu-
lation of the residual component. Normal zoning due to decreasing temperature
(increasing undercooling) during disequilibrium growth will be superimposed on
the reverse zoning caused by fractionation to produce a zoning pattern indicative
of the thermal and compositional history of the melt. Simulations of combined
fractionation and cooling are presented below.

The analysis of the effect of fractionation on zoning in garnet is complicated
by the fact that three components are partitioned between both phases, and the
calculated equilibrium composition for any temperature depends on the bulk com-
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position. The qualitative effect of overstepping can probably be estimated from
the three binary phase diagrams for the Mn-Fe-Mg system. For example, the
major growth zoning of pelitic garnets is represented by variations of Mn and Fe,
and the pseudobinary Fe-Mn loop for the garnet—chlorite system, shown in Fig.
12, can be used to investigate the primary zoning features. As shown there,
increasing overstepping should significantly decrease the Mn/Fe ratio in garnet
and, for an approximately constant Mg content, raise the content of Fe and
decrease that of Mn. Similar review of the other phase diagrams suggests that
increasing overstepping probably causes the garnet composition to become poorer
in Mn and to have a higher Mg/Fe ratio than the true partial equilibrium com-
position for the bulk composition of the matrix. The effect of fractionation of the
bulk matrix at constant temperature on garnet zoning can be predicted also from
the phase diagrams if we assume that the garnet composition crystallizing is
enriched in Mn and deficient in Mg relative to the matrix. Then the Mg/Fe ratio
should decrease as the Fe-Mg loop (Fig. 7) rises in response to decreasing Mn,
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Fig. 12. Calculated pseudobinary phase diagram for equilibrium between garnet and
chlorite with kyanite, muscovite, and quartz at a pressure of 5 kbar and Py, of 2.5 kbar.
Garnet and chlorite contain fixed amounts of other end members besides Fe and Mn
equivalent to their compositions at 497°C in Fig. 9. For illustration, C, and G, indicate
the equilibrium compositions of chlorite and garnet at 490°C, and the box and G, indicate
the compositions of these phases at 500° C (10°C overstepping) under disequilibrium con-
ditions, according to the local equilibrium partitioning model.
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and the Mn content of garnet should rise as the matrix exchange phases are sta-
bilized relative to garnet by increasing Mg (Fig. 12). This trend is opposite to the
normal zoning predicted by the equilibrium growth models and constitutes reverse
zoning (it seems opposite to the zoning we expect intuitively, at first, but is exactly
the same effect predicted above for plagioclase).

Assuming that garnet has a higher content of Mn and Fe and lower content of
Mg relative to matrix phases, Mn and Fe should be depleted and Mg enriched in
the matrix adjacent to garnet by surface fractionation. The quantitative simula-
tion of the process is not practical with our limited knowledge of intergranular
multicomponent diffusion and the complexity of the simulation of multicompo-
nent diffusion in spherical coordinates. However, it seems reasonable that surface
fractionation will cause changes of the matrix composition next to garnet that are
similar to those caused in the bulk matrix (depletion of Mn and Fe, enrichment
of Mg). As in the plagioclase example, surface fractionation should reduce the
effect of overstepping on the crystal composition. The magnitude of the effect of
surface fractionation on crystal composition, and how zoning might be caused by
transient variations of diffusion fluxes during the early stages of growth, are well
beyond what I am even willing to speculate about.

Let me summarize the predictions of the diffusion-controlled growth model as
follows. The effect of increasing disequilibrium (undercooling or overstepping) in
the examples that we have considered is to drive the crystal composition away
from the composition predicted by the equilibrium crystallization model toward
compositions that would form subsequently according to the equilibrium model.
Consequently, the magnitude of zoning is reduced relative to that predicted by the
equilibrium growth model. Fractionation of the bulk melt or matrix at constant
(disequilibrium) temperature probably causes zoning that is reverse to that pre-
dicted by the equilibrium growth model. The effects of surface fractionation prob-
ably reduce the compositional change due to disequilibrium and could induce
unusual zoning trends as a result of multicomponent diffusion interactions; the
lack of diffusion data make it very difficult to predict the effect of diffusion on
crystal zoning.

It is appropriate to mention some textural implications of the diffusion-con-
trolled growth model here. If strong diffusion gradients exist around growing crys-
tals, metasomatic zones with fewer than the normal complement of phases may
appear around the crystal. For example, quartz “halos” around garnet are cited
as evidence of local depletion of ferromagnesian components. If the halos contain
solid-solution phases, one would predict compositional zoning of elements toward
the growing crystal. Lastly, the distribution of crystals and their relative size
should reflect local compositional control.

Reaction-Controlled Growth

The simplest case of the reaction-controlled growth model occurs if reaction kinet-
ics at the crystal surface limit the rate of growth. As shown in Fig. 11, the inter-
face-controlled reaction model allows the chemical potentials of some components
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to be discontinuous at the crystal boundary. Reaction control does not require that
diffusion gradients in the matrix can not exist, although we will use this assump-
tion in the end-member model discussed in this section. I have drawn Fig. 11 with
some compositional gradient in the matrix to emphasize that gradients can exist
but are reduced in proportion to the kinetic importance of interface reaction
processes.

The key uncertainty in the reaction-controlled growth model, if interface kinet-
ics limits growth rate, is the process of disequilibrium partitioning at the crystal
surface. We have discussed a couple of calculatable models above but, ultimately,
we must confess that we know very little about partitioning under disequilibrium
conditions. However, we may be able to detect disequilibrium partitioning from
variations of crystal compositions even though absolute compositions cannot be
calculated reliably. .

Besides interface kinetics at the growing crystal interface, there are three other
potential rate-limiting processes that create conditions best described by the reac-
tion-controlled growth model. First, dissolution kinetics at the surface of reactant
crystals in metamorphic rocks could limit the growth rate of product crystals. The
dissolution model is widely applied in aqueous solution and hydrothermal studies
of reaction. I have suggested that the rate of dissolution of kyanite and sillimanite
could have limited the growth rate of garnet in some granulites (Loomis, 1976,
1979a). The coexistence of touching aluminum silicate phases in metamorphic
rocks of various grades clearly demonstrates the limiting effect that dissolution
and perhaps interface-controlled growth processes in these phases have on meta-
morphic reaction rates (Loomis, 1972c). If the dissolution model is correct, chem-
ical potentials can remain uniform in the matrix and local equilibrium obtains at
the surface of growing crystals. The partitioning of elements that cause zoning in
garnet is probably best described by the second partitioning model. A second pro-
cess that could limit the reaction rate is diffusion within garnet, considered in
detail in the latter part of this chapter. The edge of garnet and other phases are
in equilibrium, but the rate of reaction and the equilibrating bulk composition is
controlled by the flux of components from the interior of garnet crystals. An
example of reactions controlled by this process was examined quantitatively by
Loomis (1977). Equilibrium partitioning of components among crystals is
described by the second partitioning model. Third, the diffusion of components
that are stoichiometric constituents of the growing crystal could be rate-limiting
in igneous or metamorphic rocks. For example, if the diffusivity of Al is much
slower in the matrix of metamorphic rocks than the diffusivities of Fe, Mg, and
Mn, then the rate of garnet growth could be limited by the supply of Al, but the
compositional zoning of garnet caused by diffusion of Fe, Mg, and Mn would be
very small. Again, the distribution of components that cause zoning is probably
described by the second partitioning model.

Compositional zoning of crystals in the reaction-controlled model is caused by
the effect of disequilibrium partitioning on the crystal composition and by frac-
tionation of the equilibrating bulk compostion. The isothermal growth of plagio-
clase in a binary system can be illustrated in Fig. 6 and follows the same analysis
as for bulk fractionation during diffusion-controlled growth, except that the par-
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titioning law may be different. In the binary case, plagioclase of composition B
will nucleate at temperature T from a melt with the composition shown by the
box if the first partitioning model is used, or composition C, if the second model
is used. As the melt is fractionated and the box moves toward D, the crystal com-
position will migrate toward C, for the first partitioning model, or remain at C for
the second model. Thus, whether or not zoning is produced depends on the par-
titioning model assumed.

In the more interesting multicomponent case, the first compositions to crystal-
lize will also be given by B or C in Fig. 6. As water and the residual component
accumulate in the melt and the loop migrates downward, the second partitioning
model predicts that reverse zoning should be produced, as we discussed above for
diffusion-controlled growth (but the zoning is not modified by diffusion processes).
The first partitioning model predicts that the zoning will be a compromise between
the normal zoning produced by movement from B toward C as the An/Ab ratio
decreases in the melt, and the reverse zoning produced by the accumulation of
water and the residual component.

Simulations of interface-controlled growth using the second disequilibrium
partitioning model, for various thermal histories, are shown in Fig. 10. As noted
in the section on partitioning, the second partitioning model provides a better fit
to experimental data. It predicts that the composition of plagioclase in natural
melts is very sensitive to undercooling; consequently, the reverse zoning predicted
to form during isothermal crystallization by the decrease of undercooling in
response to bulk fractionation is also pronounced. In contrast, the first partitioning
model predicts a much smaller deviation from the equilibrium composition in
response to undercooling (Loomis, 1981); consequently, the isothermal zoning
profile is very close to the equilibrium growth profile but slightly reversed for
granodiorite compositions.

The prediction of zoning of garnet according to the interface-controlled growth
model is complicated again by partitioning of at least three components. The iso-
thermal zoning trend has been simulated using the first disequilibrium partition-
ing model by Loomis (1982), shown as Fig. 13. It is predicted that garnet should
become poorer in Mn, richer in Mg and Fe, and have a larger Mg/Fe ratio as
overstepping increases. These simulations predict that the zoning trend is similar
to that produced by equilibrium growth but that the magnitude of zoning is
reduced. The second partitioning model is not well defined for three components.
However, the analysis of this model presented in the preceding section (diffusion-
controlled growth) suggests also that the garnet will have a decreased Mn and
higher Fe and Mg content, and higher Mg/Fe ratio as overstepping increases. By
analogy with the plagioclase example, it is probable that the magnitude of devia-
tion of the composition from that predicted by the equilibrium growth model will
be much larger than predicted by the first partitioning model in Fig. 13. The
zoning predicted by the second partitioning model under isothermal conditions
may be reversed. Both models predict also that Ke is a function of bulk compo-
sition and should vary with fractionation even during isothermal growth. As in
the diffusion-controlled growth model, Ke is also dependent on the amount of
overstepping or undercooling.
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Fig. 13. Computed zoning profiles of garnet according to the equilibrium (E) and reac-
tion-controlled (RC) growth models. The curve HG shows the composition of homoge-
neous garnet as a function of crystal radius predicted by the homogeneous growth model.
The data used to calculate the simulations is given in Loomis and Nimick (1982) and
Loomis (1982).
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The suitability of the reaction-controlled model for describing crystal growth
in rocks can be tested by two observations. First, the disequilibrium nature of
partitioning may be evident from the variation of Ke with bulk composition and
overstepping or undercooling not predicted by the equilibrium model. Secondly,
compositional gradients of solid-solution components in the melt or matrix should
be reduced from those expected in diffusion-controlled growth, and the textural
evidence of diffusion gradients should not be as prominent.

Evaluation of Growth Models: The Origin of Zoning in
Natural Crystals

Limited data on diffusion and disequilibrium partitioning, as well as limited ther-
modynamic data, hamper our ability to compare growth models. However, it is
possible to suggest some semiquantitative differences in zoning, according to the
three models, based on the analysis above.

The equilibrium growth model is well defined because partial equilibrium in a
homogeneous melt or matrix is assumed. It predicts that zoning in plagioclase or
garnet is due mainly to bulk fractionation. The predicted zoning profiles for pla-
gioclase and garnet (Figs. 8-10) are smooth curves, representing what has come
to be known as “normal zoning.” Rocks with the same bulk composition should
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have zoning profiles with the same morphology regardless of the cooling or heating
rate, or the ultimate grade of the sample. Ke and K, should be nearly the same
in all samples with similar bulk compositions and should not change dramatically
with composition because these equilibrium parameters vary slowly with temper-
ature and with nonideal mixing. In contrast, the disequilibrium models of growth
predict that zoning profiles can vary with the amount of undercooling or over-
stepping, and hence with cooling and heating rate. Reverse and irregular zoning
are possible. Ke is dependent on cooling and heating rate, and on bulk
composition.

The disequilibrium growth models suggest an origin for several observed zon-
ing features in rocks. (1) Both models indicate that the crystal composition should
be depressed toward more average values (i.e., lower An/Ab in plagioclase and
Mn/Fe in garnet) as the amount of disequilibrium causing growth increases.
Based on this observation, it seems reasonable that the Mn core composition of
garnet will be reduced in rocks of the same bulk composition as the rate of heating
increases and the probability that nucleation occurs at larger overstepping
increases. Similarly, plagioclase nucleated in more rapidly cooled rocks should
have lower An/Ab in the core than slowly cooled rocks. (2) The compositional
history of the crystal reflects the change of disequilibrium during growth. In melts,
normal zoning of plagioclase will be promoted by continued cooling, by the con-
temporaneous crystallization of other phases, and by the transport of water out of
the local system. The last two processes reduce the accumulation of water and the
residual component in the melt and maintain undercooling. In contrast, stable
temperatures and the absence of other phases promote reverse zoning. In meta-
morphic rocks, normal zoning of garnet should be promoted by a heating rate
comparable to the rate of fractionation of the matrix by garnet, and reverse zoning
may be possible if the heating rate is slow. (3) Because nucleation is a difficult
kinetic step in a crystal’s history, it is likely that the condition of strong disequi-
librium exists when the crystal first starts to grow. Consequently, reverse zoning
may be expected to be most common in the core of crystals or following renuclea-
tion of growth on a preexisting crystal.

The differences between the diffusion- and reaction-controlled growth models
are more difficult to determine. If we assume that bulk fractionation occurs even-
tually during the growth of crystals, then both models produce similar predictions
if the second partitioning model is used for interface-controlled growth. The first
partitioning model predicts that bulk fractionation should generate more normal
zoning than the second model. The effect of surface fractionation in the diffusion-
controlled growth model is probably to reduce the effect of bulk fractionation on
the zoning profiles because it reduces the deviation of the crystal composition
away from the equilibrium composition caused by undercooling or overstepping.
Consequently, the diffusion-controlled model predicts profiles that tend to be less
zoned than the interface-controlled model. Other effects on the zoning profile may
be caused by multicomponent diffusion because the transport rate of components
to the crystal surface may vary with time. Given our inability to prove the accu-
racy of disequilibrium partitioning models, and the paucity of data on multicom-
ponent diffusion in melts and intergranular space, it is probably not possible to
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choose between the diffusion- and reaction-controlled growth models based on
zoning profiles.

Comparison of typical plagioclase zoning profiles, such as shown in Fig. 2, with
the equilibrium growth simulation shown in Fig. 10(E) enables us to conclude
immediately that the equilibrium growth model is not sufficient to describe the
sharp changes of composition, reverse zoning, and oscillations characteristic of
phenocrysts. My review of the influence of major geological variables on the equi-
librium crystallization of plagioclase (Loomis, 1983a) indicates that variations of
pressure, water content, or the crystallization of other phases probably do not have
enough effect on the crystal composition to explain the observations mentioned
above. Thus, a disequilibrium crystallization model is required.

The disequilibrium simulations shown in Fig. 10(D) were computed assuming
that the interface-controlled growth model with partitioning model 2 applied; this
model is equivalent to the diffusion-controlled growth model without the probably
small effects of surface fractionation. The disequilibrium growth simulations show
that a variety of reversed to normal profiles can be caused by different cooling
and fractionation histories. Reverse zoning in natural profiles, such as shown in
Fig. 2, may be caused by slow cooling and bulk fractionation of the melt after
nucleation at tens of degrees undercooling. Reverse zoning in experimentally
grown plagioclase has been successfully simulated using disequilibrium growth
models (Loomis, 1982). Irregular zoning is probably produced by erratic changes
of undercooling caused by local convection around growing crystals (Loomis,
1983a).

I conclude that zoning in many plagioclase phenocrysts indicates extensive dis-
equilibrium during growth caused by the difficulty of nucleation and the limits
interface processes place on growth. Turbulence probably occurs in plutons during
solidification as well as in volcanic environments and during intrusion, as is indi-
cated by the common occurrence of broken and abraded phenocrysts, by synneu-
sis, and by the irregular zoning of plagioclase. Evidence of rapid convection during
the rise and crystallization of silicic as well as basic magmas is accumulating from
theoretical studies of the rise of plutons, differentiation in small plutons, and by
plagioclase zoning (see Loomis and Welber, 1983, for discussion).

Simulations of the equilibrium growth of garnet in the assemblage chlorite,
kyanite, muscovite, and water (Loomis and Nimick, 1982) and in other assem-
blages with biotite and staurolite (unpublished) indicate that the basic zoning
morphologies observed in natural garnets are easily explained by equilibrium
growth models. The bell-shaped Mn profile, the inverted Fe-bell, and the shallow,
bowl-shaped Mg profile shown in Fig. 3 are normal products of fractionation.

The evidence for disequilibrium growth on garnet comes from the observations
that (1) partitioning of Mn between garnet and the matrix phases depends on
bulk composition in samples from the same outcrop (Hollister, 1969); (2) parti-
tioning of Mn, Mg, and Fe were observed to depend on grade of the sample by
Atherton (1968) and Hollister (1969); the Mn content decreases and the Fe and
Mg contents increase as grade increases in rocks with similar bulk composition;
and (3) natural zoning profiles suggest that reverse zoning in garnet, identified by
increasing Mn concentration, can occur in the center of crystals [e.g., Hollister,
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1969, Fig. 7(a)] and near the end of growth (e.g., Hollister, 1969, p. 2478). As
discussed above, it is unlikely that diffusion has significantly altered the growth
zoning in staurolite-grade, contact metamorphosed rocks and, in any case, cannot
explain increasing Mg/Fe ratios with grade.

The variation of Mn partitioning probably can not be explained by differences
in bulk composition. Bulk composition can affect partitioning of Mn only through
thermodynamic nonideal mixing. Because Mn and Fe mix nearly ideally in garnet
(Ganguly and Kennedy, 1974), the large variation of Mn partitioning with bulk
composition observed by Hollister can be explained only by disequilibrium pro-
cesses. Both disequilibrium growth models predict that Ke for Mn decreases as
overstepping increases (i.e., the Mn content of garnet decreases for a given Mn
content of the matrix). At a given temperature of garnet nucleation, the amount
of overstepping in Mn-rich samples is greater than in Mn-poor samples because
Mn decreases the equilibrium garnet isograd temperature. Consequently, Ke for
Mn should decrease with increasing bulk Mn content in samples that nucleated
garnet at the same temperature. Thus, the disequilibrium growth models explain
Hollister’s observation that Ke decreases with increasing bulk Mn if we assume
that garnets in the outcrop nucleated at the same temperature.

The progressive decrease of Mn content and increase of Mg/Fe ratio with
increasing grade in rocks of similar composition, found by Hollister and Atherton,
can be explained by disequilibrium growth if nucleation occurs at progressively
higher temperatures as the ultimate metamorphic grade of a rock increases. It
seems reasonable that rocks heated to higher temperatures were probably heated
at a faster rate, and the probability that nucleation would be delayed to higher
temperatures was greater. Reverse or flattened zoning near the center of grains is
consistent with strong disequilibrium and very rapid growth after nucleation,
which allows nearly isothermal growth to occur. Reverse zoning near the end of
growth may be explained by the declining heating rate to be expected in most
metamorphic events as temperatures near their maximum values, but may be due
also to slight resorption.

A model of garnet growth in metamorphic rocks that would seem to explain
the obseived zoning and partitioning trends with grade and bulk composition
incorporates the following assumptions: (1) nucleation is delayed to higher tem-
peratures in more rapidly heated rocks; (2) the temperature of disequilibrium
nucleation is controlled more by the heating rate than by bulk composition; and
(3) disequilibrium is probably greatest at nucleation and decreases near the end
of growth. A quantitative calculation of the variable growth rate of garnet neces-
sitated by equilibrium growth during contact metamorphism was shown by
Loomis (1982); it illustrates the rate processes that probably cause maximum dis-
equilibrium to be experienced by garnet at nucleation and minimum disequilib-
rium at the end of crystallization. This model of garnet growth in pelitic rocks is
suggested for a single contact metamorphic event; metamorphism in regional ter-
rains and in polymetamorphism will obviously be far more complex. Presumably,
the absence in garnet of the very irregular zoning found in plagioclase is due to
the lack of convective motions in metamorphic solids.

Our models of disequilibrium growth are not well-enough constrained by
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experimental data to attempt to distinguish between diffusion- and reaction-con-
trolled growth based on zoning profiles in natural plagioclase and garnet, espe-
cially because the major zoning in both models is probably caused by the same
process of bulk fractionation. There are, however, several other types of observa-
tions that suggest that reaction-controlled processes place limits on the growth of
plagioclase and garnet.

Disequilibrium Growth Mechanisms

The previous work on zoning profiles in plagioclase and garnet suggests that dis-
equilibrium growth processes may be important in the development of some crys-
tals. In this section I will review other types of data that indicate the significance
of various growth processes in igneous and metamorphic rocks.

The rate of crystal growth may be controlled by (1) environmental factors
imposed on the system from outside, (2) intergranular diffusion among crystals,
or (3) mechanisms within and on the surface of crystals (interface kinetics and
intragranular diffusion). These three classes of growth controls correspond to the
three types of crystal growth simulations presented above for plagioclase and gar-
net. Many researchers have applied models of diffusion-controlled reaction exten-
sively to explain textures and structures in metamorphic rocks (see Loomis, 1979a
and 1983b for a bibliography of these works). In contrast, few researchers have
investigated the importance of interface kinetics in metamorphic reactions,
although some early work on crystallization and nucleation suggested that kinetic
factors other than diffusion were important (Kretz, 1966, 1973; Galwey and
Jones, 1966). However, the importance of interface kinetic processes in limiting
the rate of crystal growth from melts has been the subject of study for many years
and has recently been applied to crystallization from magmas (for example: Grey,
1970; Kirkpatrick, 1976, 1977).

Our ability to use assemblage and compositional data from rocks to interpret
geological history depends very much on our understanding of reaction processes.
The mechanisms of crystal growth that we have investigated above can be related
to conceptual models of equilibrium in metamorphic rocks which, in turn, govern
the application of thermobarometers and the phase rule. Environmental factors
imposed on the system comprise the thermodynamic intensive variables, usually
assumed to be temperature, pressure, and the chemical potentials of perfectly
mobile components. For example, the rate of a reaction may be limited by the
availability of heat or of a perfectly mobile component to drive the reaction, and
the system may be considered, from a thermodynamic point of view, to be in
chemical equilibrium soon after nucleation. If reactions are controlled principally
by environmental factors, then interpretations can be based on the assumption
that all crystals in the rock, including inclusions within zoned crystals, were in
equilibrium with each other at each stage of development. If mechanism 2, dif-
fusion among crystals, limits the rate of reaction, then the system should be in a
state of equilibrium at each small domain in the rock (local equilibrium). If inter-
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granular diffusion controlled the rate of reactions, then touching crystals can be
assumed to have been in equilibrium, but separated crystals may not have been.
Reaction processes within and on the edge of crystals that could control the rate
of reaction (mechanism 3) include intragranular diffusion and interface kinetics.
We have already discussed, in terms of Eq. (4), how a zoned crystal can have a
rim composition in equilibrium with the rest of the rock and control the rate of
reaction through the flux of material arriving at this surface from inside the crys-
tal by diffusion. Interface kinetics can control the rate of reaction in ways ranging
from direct limitation of growth or dissolution to selective adsorption of certain
components. If interface kinetics controlled reactions, then we can not automati-
cally assume that two touching crystals were in equilibrium, but may be able to
assume that two separated crystals were in partitioning equilibrium. Furthermore,
rapidly changing conditions that cause disequilibrium reactions may be followed
by a sufficiently long period of thermal stability that the matrix of a rock is
annealed to an equilibrium state, but the interiors of crystals retain disequilibrium
characteristics.

Thermodynamic Systems in Metamorphic Rocks

In broad view, the sizes of thermodynamic systems in metamorphic rocks are ulti-
mately controlled by the rates of intergranular diffusion and infiltration; mineral
assemblages change enough over distances of tens of centimeters to indicate that
the volumes of equilibration for most components never grow very large. However,
the usual assumption in the analysis of metamorphic assemblages is that the gra-
dients of the chemical potentials of most components are small enough in the
matrix that a collection of many crystals may be assumed to have experienced the
same chemical environment and constitutes a thermodynamic system; in other
words, heterogeneous equilibrium in the matrix of the rock can be assumed. Thus,
the growth of individual crystals in the assemblage is governed by heterogeneous
equilibrium in the matrix even though the growth of the assemblage as a whole
(as a segregation, for example) is controlled by intergranular diffusion. This state
of heterogeneous equilibrium in the matrix during crystal growth corresponds to
the conditions assumed in the reaction-controlled and equilibrium growth models.
The alternative assumption is that the gradients of chemical potentials of most
components in the matrix are large enough that each crystal experiences a chem-
ical environment different from its neighbors. Each crystal becomes a mono-
minerallic, metasomatic system and heterogeneous equilibrium cannot be
assumed. This state of mosaic equilibrium of crystals corresponds to the condi-
tions assumed in diffusion-controlled growth. There is some textural evidence that
crystals may act as metasomatic centers defined by their Al content from the
association of high-Al minerals with low-Al ones, from the preservation of relic
bedding, and from the production of “pressure shadows” low in Al (Carmichael,
1969; Fisher, 1970). However, the success of the many studies of phase compo-
sitions and applications of the phase rule that assume heterogeneous equilibrium
in the matrix of metamorphic rocks suggests that chemical potential gradients in
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the matrix of rocks in small groups of crystals are usually small enough to be
neglected.

Crystal Morphology and Mineral Compositions

Anisotropy of growth and the euhedral morphology of plagioclase and garnet
crystals indicate that crystal structure influences the rate of growth. If the growth
of phenocrysts were controlled solely by diffusion in the melt or matrix, the crys-
tals would be spheres, or would have irregular shapes controlled by competition
with other crystals for components. The rate of interface-controlled growth of pla-
gioclase from plagioclase melts was measured by Kirkpatrick et al. (1979) and
extrapolated to natural melts by Loomis (1983a). These calculations suggest that
interface processes should limit the rate of plagioclase growth in natural melts
also. Kretz (1973) determined that the growth rate of garnet crystals in a high-
grade metamorphic rock was not consistent with a diffusion-controlled growth
mechanism, but did not depart greatly from the rate expected from an interface-
controlled mechanism. The metastable coexistence of reactant phases and the
compositional variations of reactant minerals indicate that the rate of disequilib-
rium reactions in some granulite-grade rocks could not have been controlled by
intergranular diffusion (Loomis, 1976, 1979a).

Calculated Growth Rates

Fisher (1978) showed that the growth of a crystal or spherical segregation may
pass through three stages: reaction-controlled growth, diffusion-controlled growth,
and equilibrium growth. I will attempt to explain the transitions among the three
stages qualitatively as follows. When a crystal first nucleates at some overstepped
condition, the necessary components for growth are readily available locally and
the growth rate will be limited only by interface kinetics. As growth proceeds, the
transport of components to and from the crystal through a diffusion halo will
become slower and eventually can become the process limiting the growth rate.
Eventually, the diffusion halos around crystals will intersect, the entire bulk
matrix will become fractionated, and the assemblage will move toward
equilibrium.

Fisher attempted to estimate the rate of reaction-controlled growth and disso-
lution from dissolution data on silica and calcite in aqueous solutions at low tem-
perature. He also assumed that overstepping in metamorphic rocks at nucleation
was small. He concluded that the early reaction-controlled growth stage for most
metamorphic environments would produce structures too small to observe and
that most growth would be controlled by intergranular diffusion or equilibrium.
However, there is a very large uncertainty in the interface-controlled growth and
dissolution rates that are appropriate for metamorphic rocks, especially for alu-
minum silicate phases and garnet. For example, Ildefonse and Gabis (1976) mea-
sured the diffusion rate of silica in intergranular aqueous solutions at 550°C by
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reacting pellets of starting materials. They were able to produce reaction rims
between many materials that required the transfer of silica and alumina, but
found no reaction when corundum should dissolve and were not able to grow alu-
minum silicates from oxides. Consequently, the dissolution of silica is not a reli-
able guide to the dissolution or growth of aluminous minerals. As another exam-
ple, Johannes (1978) found in melting and crystallization experiments in simple
igneous systems that (1) the reaction of plagioclase was extremely slow below
about 800°C, (2) that plagioclase, once formed, does not react with the residual
melt when the temperature was reduced, and that (3) the composition of plagio-
clase was strongly controlled by surface processes. The experimental difficulties
in reacting aluminum silicate phases under metamorphic conditions are well-
known from studies of the aluminum silicate system. This evidence of the diffi-
culty of reacting aluminous minerals suggests that the growth and dissolution
rates of minerals such as garnet, aluminum silicate phases, and plagioclase could
be rate-limiting factors in some metamorphic and igneous rocks.

As reviewed by Fisher, the proportion of the growth history of a crystal gov-
erned by each of the three processes depends primarily on the relative rates of
reaction-controlled growth, intergranular diffusion, heating, and nucleation (the
size of crystals also is a factor). An important variable that can determine whether
crystals grow primarily by diffusion-controlled or other mechanisms in metamor-
phic rocks is nucleation.

Nucleation

We tacitly use nucleation processes to identify the size of metamorphic systems.
For example, if a rock is coarse grained with feldspar crystals 1 cm across, but
otherwise normal in appearance, it could be considered to be an equilibrium
assemblage, and the size of the equilibrating volume is assumed to be much larger
than the one feldspar crystal. But if the 1-cm volume is filled with many crystals
of the same feldspar, we would suspect a metasomatic or “open” system, and the
volume of equilibration would be considered to be less than the size of the feldspar
clot. Thus, we expect nuclei of a phase to be somewhat evenly distributed through-
out the volume of equilibration and not accidentally grouped together. The sug-
gestion that nuclei should be evenly distributed throughout a rock does not imply
that nucleation is strictly controlled by local diffusion; it could be a random pro-
cess instead (or some combination of the two), as discussed below.

Fisher (1978) points out that an increase in the spacing of crystal nuclei
increases the range of conditions in which crystal growth can be controlled by
intergranular diffusion. If crystals are closely spaced relative to the ability of
intergranular diffusion to transport components in the matrix, the growth rate
must be controlled by interface kinetic processes or by equilibrium. It should be
possible to identify the mechanism of crystal growth from the distribution and
size of crystals. If local diffusion controls growth, competition for constituents
should restrict the growth rate of two neighboring crystals but allow solitary ones
to become large. Conversely, if several crystals develop in a volume over which
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diffusion is rapid, the size of a crystal should be independent of the proximity of
neighboring crystals. Where careful study of nucleation and growth has been car-
ried out, as for garnets in metamorphic rocks, the unanimous conclusion was that
nucleation was random and that the growth of garnet was not controlled by com-
petition for components with neighboring garnets (Jones and Galwey, 1964; Gal-
wey and Jones, 1966; Kretz, 1966, 1973).

The fact that segregation structures related to crystal growth are found in some
metamorphic rocks indicates that diffusion-controlled growth may be important
in some circumstances. One major factor that determines the relative rate of
nucleation and diffusion and, consequently, may determine whether reaction or
diffusion processes control growth rate, is undercooling or overstepping. The effect
of undercooling or overstepping on diffusion can be estimated from Eqs. (2) and
(3). The fractional change of the penetration distance d with change of temper-
ature is

1 (A/RT).

For reasonable activation energies for diffusion in melts of 20-50 kcal/mole at
900°C, the rate of decrease of d with decreasing temperature is only about 0.5%
per degree, and must be less than 100% for 100°C undercooling. In comparison,
the data of Fenn (1977) and Swanson (1977) show that the nucleation density of
feldspars and quartz in granitic rocks rises rapidly in the first one or two hundred
degrees of undercooling by orders of magnitude. Consequently, increasing under-
cooling in the range less than 100°C should increase the nucleation rate relative
to diffusive transport distances. Comparable data are not available for metamor-
phic rocks. However, we can assume that the activation energy of intergranular
diffusion is considerably less than that of Fe-Mg exchange in garnet which indi-
cates that the increase of d with overstepping is considerably less than about 2%
per degree. It seems probable that nucleation must increase much faster than this.
Thus, we can conclude that increasing undercooling in igneous rocks or overstep-
ping in metamorphic ones will increase the nucleation rate relative to diffusion
transport distances. Consequently, the importance of reaction-controlled growth
in disequilibrium systems will be emphasized as the amount of disequilibrium
increases. In contrast, the most probable origin of diffusion-controlled structures
related to crystal growth is in rocks in which near-equilibrium conditions or some
other factor has inhibited nucleation, so that only a few nuclei form at widely
spaced intervals.

Measurement of Intergranular Diffusion

Both relative and absolute rates of intergranular diffusion have been estimated by
many authors from segregations and textures by assuming that the rates of reac-
tions are controlled by the diffusion process. The evidence that interface kinetic
processes may control growth and reaction rates was summarized above. Figure
11 illustrates the fact that the existence of diffusion-controlled structures does not
guarantee that the rate of reactions are controlled by diffusion. If interface kinetic
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processes limit the rate of reaction, the rates of intergranular diffusion estimated
from structures will be too slow by an amount proportional to the extent of inter-
face control.

Thermobarometry

The analysis of disequilibrium growth suggests that the compositions of crystals
growing in disequilibrium will differ from the equilibrium value for the composi-
tion of matrix minerals and the temperature. For example, if the Mg/Fe ratio in
garnet is raised by overstepping, then the calculated temperature using partition-
ing of Mg and Fe between garnet and biotite (e.g., Ferry and Spear, 1978) will
be higher than the actual temperature during growth. The compositional varia-
tions of garnet due to overstepping of tens of degrees C predicted by the second
partitioning model are probably large enough to produce variations in the calcu-
lated temperature on the order of 100°C.

Basic Concepts in Diffusion

There are manifold complexities that can be discussed under the topic of diffusion,
many of which have received some attention in the geological literature. In this
review, however, I will concentrate on factors that I believe are of greatest prac-
tical value in analyzing diffusion zoning in crystals in real rocks. There are four
basic steps in formulating a model of diffusion to describe zoning in a crystal:
describe the fluxes, establish the geological boundary conditions, apply the conti-
nuity equation to derive the diffusion equation, and integrate the equation over
time either analytically or numerically. I will concentrate on the first two steps
and leave the last two to the many reference works on diffusion (Crank, 1975;
Carslaw and Jagger, 1959).

The basis of diffusion is Eq. (1) that describes the flux J of a component as the
product of (1) the diffusivity D and (2) the driving chemical force VC. The flux
equation may also contain other terms if the compositional profile is measured
relative to the moving crystal surface or some other reference frame. Other equiv-
alent formulations express the flux in terms of another linear coefficient (L) and
the gradient of the chemical potential. In any formulation, the amount of material
moved depends on a mobility factor (D or L) and a force factor (VC, VX, or
Vu) determined by the geological boundary conditions. We will concentrate on
the mobility factor here and then consider the geologically significant boundary
conditions in the following section.

The diffusion equation based on Eq. (1) can be formulated for any one com-
ponent in a crystal, but it is necessary to recognize that diffusion usually affects
two or more components simultaneously. For example, the flux of Mg** in one
direction in a pyrope-almandine garnet crystal must be matched by a return flux
of Fe** in the opposite direction. Then, the value of D in the diffusion equation
for Mg?* is identical to D in the equation for Fe?*, and both refer to the exchange
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of Mg and Fe. The value of D in the same equation for Mg** will be different if
the exchange component is Mn”* instead of Fe’*. The exchange reaction that
drives diffusion is determined primarily by the boundary conditions that initiate
diffusion [VC in Eq. (1)]. Therefore, the geological boundary conditions indirectly
influence the diffusivity of a component through their activation of particular
exchange reactions.

The most important diffusion exchange reactions in garnet are Fe-Mn and Fe-
Mg. Fe-Mn zoning is inherited from low-grade growth and will be relaxed at high
temperature. Diffusion zoning of this type can be induced also during resorption
of high-grade garnets if the temperature does not stay high long enough to homog-
enize the crystal. Fe-Mg diffusion zoning is induced in garnets during high-grade
reactions. Estimates of diffusion rates based on relaxation experiments and reac-
tions in metamorphic rocks (Lasaga et al., 1977; Loomis, 1978b; Elphick et al,,
1981, 1982) indicate that Fe-Mn exchange should be faster than Fe-Mg
exchange diffusion at the same temperature. Exchange diffusion involving Ca may
be important in some cases (for example, zoning in garnets in kimberlites). Of
course, several components may be exchanged simultaneously and described by
multicomponent diffusion theory.

A central problem is determining the dependence of the mobility factor D on
temperature, pressure, and the composition of the phase. The temperature depen-
dence of D for an exchange reaction is usually expressed in terms of an activation
energy, as I did in Eq. (3). The exponential dependence of diffusivity on temper-
ature has the practical result that the onset of diffusion is rather sudden with
rising temperature, as shown in Fig. 4. The dependence of D on composition has
been estimated for garnet, but it is usually permissible to assume that D is con-
stant over a small compositional range. If D does depend on composition, the
interactions among fluxes can lead to “uphill diffusion” and complex zoning pro-
files; however, these effects will be most noticeable in the profiles of minor ele-
ments. Multicomponent compositional interactions in garnet have been investi-
gated by Anderson and Buckley (1974), Loomis (1978a,b), and Lasaga (1979).

Other potential complications include the specific frame of reference to be used
for diffusion and how compositions are represented in the phase. These problems
may be significant in some substances, but I have shown that normal mole frac-
tions can be substituted for concentration in diffusion equations for garnet without
introducing any appreciable error (Loomis, 1978a).

We can conclude by emphasizing that many problems involving diffusion in
garnet can be treated quite accurately by assuming that diffusion occurs by
exchange of two components, that mole fractions represent the garnet composi-
tion, and that D is an exponential function of temperature.

Diffusion Boundary Conditions: The Petrology of
Diffusion

While most analyses of diffusion dwell on the many complexities of multicompo-
nent diffusion, the determination of the geological boundary conditions on diffu-
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sion is probably the greatest source of uncertainty in the analysis of natural zon-
ing. I will describe some common boundary conditions in terms of two categories:
diffusion induced in homogeneous crystals and relaxation of growth zoning. The
next section will draw upon both the growth models above and the conclusions of
this section to propose ways in which diffusion during growth modifies zoning
profiles.

Induced Diffusion Profiles

Many studies have examined zoning profiles near the edge of garnets in high-
grade rocks that appear to have been induced in initially homogeneous crystals.
The origin of homogeneous crystals is undoubtedly explained by the great diffu-
sion rates shown in Fig. 4 in high-grade regional and very high-grade contact
metamorphic rocks. The zoning profiles preserved on the edges of crystals repre-
sent the last stage of diffusion that occurred as the rock cooled to temperatures
low enough to effectively stop diffusion. Thus, induced profiles record only the
cooling history and latest reaction history of high-grade garnets.

The first process that can change the composition of the edge of a garnet crystal
and induce zoning is simple exchange of components with a neighboring crystal.
The major requirement for simple exchange is that there be little “leakage” along
the interface so that other crystals do not participate also in a multiphase reaction
that changes the abundance of the crystal. This situation has been suggested to
have occurred in some high-grade rocks during slow cooling. Apparently the grain
boundaries of crystals are dry enough and sufficiently annealed that diffusion
along them does not occur at a rate much faster than within garnet. Another
closed system of this kind is the volume around biotite, cordierite, ilmenite or
other inclusions within garnet. One observation that indicates that zoning can be
explained by a simple exchange process is that the amount of each component
that has diffused out of one crystal is fully accounted for in the adjacent crystal.

Diffusion exchange between crytals is motivated by a change of K, after the
two crystals have come to equilibrium. For example, garnet and biotite at equilib-
rium at a particular temperature have compositions determined by the bulk com-
position of the two phases and the value of K}, that controls the distribution of Fe
and Mg between them. As the temperature changes, neighboring crystals of gar-
net and biotite can exchange Fe and Mg across the crystal boundary between
them. The composition of each crystal surface during this process will depend not
only on the changing value of Kj, but also on the rate of diffusion within each
crystal. The rate of diffusion within the crystals is a factor because the apparent
bulk compositions that the edges of the crystals sense depend on the flux of mate-
rial from the interior of the crystals, as shown by Eq. (4). Thus, the description
of how the composition at the edge of the garnet should vary through time as the
temperature changes requires knowledge of K), as a function of temperature and
the fluxes J as functions of temperature and time. Lasaga et al. (1977) have
attempted this type of analysis for the exchange of Fe and Mg between garnet
and cordierite during cooling of some regional metamorphic rocks. They conclude
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that diffusivities must be known quite accurately to derive absolute cooling rates
by this method.

Another exchange problem is how the composition of inclusions in garnet can
change during their thermal history after entrapment. In the case of biotite inclu-
sions, the high diffusion rate in biotite will maintain a homogeneous crystal during
diffusion exchange with garnet, while the garnet could become zoned in a shell
around the inclusion. At a temperature of about 600°C, depending on the dura-
tion of metamorphism, the thickness of the diffusion shell in the garnet could be
only a few micrometers thick and unmeasurable with the microprobe. Conse-
quently, the composition of the homogeneous biotite inclusion that was compared
with the interior composition of garnet would be incorrect. If exchange were due
to cooling, the calculated temperature would be too high by an amount that
depends on how much the biotite was modified by exchange. Assuming that the
diffusion shell in the garnet around the inclusion was approximately 4 um thick,
the volume of garnet and the volume of biotite inclusion that exchanged compo-
nents would be equal if the inclusion were a sphere about 30 um across. Thus,
fairly large inclusions can be modified by undectable diffusion exchange and give
false calculated temperatures. The deviation of the calculated temperature from
the actual equilibration temperature would be inversely proportional to the size
of the inclusion.

If diffusion is not limited to exchange between adjacent crystals, changing con-
ditions can drive heterogeneous reactions that change crystal compositions. The
change of the compositions of crystals can be illustrated as a “divariant shift” on
phase diagrams. For example, the compositions of garnet and biotite in equilib-
rium with sillimanite, K-feldspar, and quartz, for a fixed bulk composition,
become more Mg-rich with increasing temperature in Fig. 7. This change of com-
position can also be shown as a shift of the triangle in Fig. 14 to the right with
increasing temperature. An important difference between this boundary condition
and that based strictly on changes of partitioning is that the garnet must grow or
be consumed if its edge composition changes. We must be able to calculate not
only how the equilibrium crystal composition of the edge of the crystal changed
through time, but also the rate at which the crystal was consumed or grew by the
reaction process to interpret diffusion profiles.

A simplification of the divariant shift process is to assume that the changes of
conditions responsible for the change of garnet composition occurred rapidly
enough that we can make the approximation that the edge of garnet changed
instantaneously to a new, final composition. The edge composition can then be
assumed to have remained constant during the diffusion process, but the garnet
still is consumed by reaction. This approximation has been used extensively in my
work on disequilibrium reactions in a high-temperature contact aureole (Loomis,
1975).

Figure 14 shows a phase diagram of the assemblage garnet-biotite-silliman-
ite—-K-feldspar-quartz—water, in which the equilibrium composition of garnet is
Ce. Assume that a homogeneous garnet crystal of composition Ci was formed at
the culmination of metamorphism, and subsequent cooling or decrease of pressure
caused the equilibrium assemblage phase compositions to shift to their present
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locations on the phase diagram. At this stage, the garnet is reacting incongruently
and diffusing internally. The overall reaction taking place is

garnet (Ci) — garnet (Ce) + biotite + sillimanite + /— other phases, (8)

but the composition actually removed from garnet to form nongarnet phases is Cr
because the product garnet (Ce) is retained on the edge of the crystal. The dif-
fusion zoning profile that develops in the garnet is shown also in Fig. 14. The
profile is drawn assuming that a state of partial equilibrium prevails in the matrix
so that the edge composition of garnet (Ce) remains in equilibrium with matrix
minerals.

The geological boundary conditions that can be established for this reaction
system by chemical analysis of crystals are Ci, Ce, and Cr. These data, together
with Eq. (4) and the diffusion equation, can be used to solve for the velocity of
the consumption of the garnet interface (v) as a function of time (Loomis, 1975).
An example of the diffusion curves calculated for the edge of garnet as a function
of time for a reaction of this type (but a different assemblage) is shown in Fig. 15
(modified from Loomis, 1975, Fig. 10). The profile starts out very steep because
the consumption velocity is large. Gradually, the profile becomes broader as the
velocity falls. Eventually, the center of the garnet is depleted, the profile flattens
to a homogeneous garnet, and the reaction stops. The residual, homogeneous gar-
net of composition Ce is a part of the equilibrium assemblage. In this example, it
should be obvious that a major uncertainty in predicting the history of zoning is
knowing exactly how Ce and Cr changed through time.
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Fig. 14. Schematic AFM projection from quartz and K-feldspar to illustrate disequilib-
rium reaction of garnet and a schematic zoning profile induced on the edge of garnet. Ci
is the interior composition of garnet crystals, Ce the equilibrium rim composition, and Cr
the composition of garnet being removed from the crystal during consumption.
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Fig. 15. Simulated diffusion zoning profiles on the edge of a garnet crystal induced by
incongruent reaction as a function of the time of reaction (log yrs). The vertical axis is
the mole fraction of pyrope in the garnet and the horizontal axis is the distance into the
garnet.

An added complication to describing induced diffusion zoning in garnet is dif-
fusion of Mn. A phase diagram like that in Fig. 14 could be drawn to describe
the role of Mn, but it is easy to visualize what happens to Mn as garnet is con-
sumed. Mn is strongly partitioned into garnet and most of it will be retained in
garnet as garnet is consumed. As Mn builds up at the edge of the crystal, it will
diffuse inward, creating a zoning profile. A more subtle complication is that the
Mn edge composition of garnet will gradually increase through time as the
amount of Mn derived from the consumption of garnet raises the Mn content of
the matrix. Thus, the multicomponent composition Ce will change through time
as the equilibrating bulk composition of the matrix changes. Calculations of the
effect of Mn on garnet equilibria are presented by Loomis and Nimick (1982).
Despite the complex calculations needed to quantitatively simulate Mn-Fe-Mg
induced zoning in garnet, the rising Mn contents of garnet crystals near their
edges in high-grade rocks was recognized early as qualitative evidence of con-
sumption of garnet (Chinner, 1962; Evans and Guidotti, 1966; deBethune et al.,
1968; and many later papers).

Relaxation of Zoning

Growth of garnet at low- and medium-grade conditions usually produces crystals
characterized by strong zoning of Mn and Fe. The zoning in these garnet crystals
that grew at low grade may be “relaxed” by diffusion if the garnet is heated fur-
ther to high-grade conditions. It is necessary to be able to predict the amount of
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relaxation if we are to use the zoning and compositions of inclusions as evidence
of growth conditions.

An ideal, first illustration of the process of relaxation of growth zoning is based
on our description of growth zoning in the binary Fe-Mg system shown in Fig. 7.
During the hiatus in garnet growth after chlorite disappears, the zoned garnet
may react with the matrix assemblage. Let us consider the reaction process in a
step by step manner by skipping the first stage of reaction for now and assuming
that we have a garnet with inherited zoned interior composition 4-B and an equi-
librium rim composition J coexisting with equilibrium matrix biotite of composi-
tion K at 620°C (Fig. 7). The overall reaction is given by

garnet (A-B) + biotite (K)
+ sillimanite — garnet (J) +/— other phases, (9)

the same reaction as (8) but with the sign of reaction coefficients changed, and
where Ci, Ce, and Cr are A-B, J, and K, respectively. A major difference from
the previous example, however, is that Eq. (4) yields a negative velocity, v, mean-
ing that the garnet grows as its interior equilibrates with the matrix by diffusion.
The velocity of growth will be large at first but decreases to zero as the garnet
becomes homogeneous with composition J.

The addition of Mn to the system as a bell-shaped zoning profile in garnet will
increase the amount of garnet grown because Mn stabilizes garnet (the garnet—
biotite loop in Fig. 7 moves down as Mn becomes available to the matrix), but
will also cause J to vary with time, as discussed above. The general conclusion is
that relaxation of growth zoning in garnet by diffusion at high grade should cause
an overgrowth of lower Mn, higher Mg garnet on crystals as the zoning profile is
flattened.

The next step in the analysis is to examine how the matrix biotite composition
L generated by garnet growth up to 545°C is changed to K. Let us first assume
that this reaction happens at 620°C. The easiest way to express the reaction pro-
cess is in terms of two “component reactions” that add up to the overall reaction
(Loomis, 1976). The first one is reaction (9), which produces garnet of the equi-
librium rim composition (J). The second reaction is

garnet (J) + biotite (L) — biotite (K)
+ sillimanite +/— other phases, (10)

which consumes the garnet rim to make the equilibrium biotite composition. The
overall velocity of the garnet interface is the sum of the growth velocity caused
by diffusion relaxation (reaction 9) and the consumption velocity caused by reac-
tion with biotite (reaction 10). Both of these reactions are disequilibrium, irrever-
sible ones. The rate of reaction (9) can be predicted from the rate of diffusion
within garnet, but the rate of reaction (10) is controlled by interface reaction
processes and intergranular diffusion, and is more difficult to predict.

The final step in our analysis of the relaxation of growth zoning, using the
model system in Fig. 7, is to examine the reactions that could occur at about
545°C when chlorite becomes unstable. The predicted equilibrium reaction is
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garnet (B) + chlorite (F)
= biotite (M) + kyanite +/— other phases. (11)

If garnet were homogeneous and of composition B, the reaction could proceed at
equilibrium as heat were added to the system. But it is impossible for the equilib-
rium reaction to proceed if the garnet is zoned. There are two possible processes
that could occur, in addition to the possibility that nothing happens. The first
process occurs in the absence of diffusion in garnet. The edge composition of gar-
net, which varies between B and A as the reaction proceeds, reacts irreversibly
with chlorite to produce some biotite composition and possibly separate crystals
of garnet. Secondly, if diffusion occurs within garnet, the interior composition of
garnet can react through diffusion with matrix chlorite to produce garnet of the
equilibrium rim composition, which then also reacts with chlorite to produce
biotite.

The second case can be described in terms of two component reactions as was
done for the preceding example at 620°C. The first component reaction is the
equilibrium reaction (11). The second is

garnet (A-B) + biotite (M) + kyanite — garnet (B)
+ /— other phases, (12)

a reaction equivalent to (9). Again, the overall reaction of garnet will depend on
the relative rate of consumption by reaction (11) and the rate of production of
garnet by reaction (12).

The analysis of garnet reactions in the simple system of Fig. 7 leads to several
conclusions of petrological usefulness. The composition of zoned garnet at high-
temperature is subject to the effects of a number of disequilibrium reaction pro-
cesses. Relaxation of growth zoning and reaction with the matrix may cause gar-
net to continue to grow or to be consumed, depending on the relative rates of
disequilibrium reactions. The edge composition of garnet is not necessarily indic-
ative of equilibrium conditions. If diffusion within garnet occurs at a rate fast
enough to allow the edge to adjust composition, and if reactions in the matrix are
rapid enough to maintain heterogeneous equilibrium, the garnet edge composition
does indicate the equilibrium state of the matrix. On the other hand, if garnet
does not diffuse internally, the matrix assemblage and garnet rim composition
may represent a complex disequilibrium assemblage inherited from lower-grade
conditions. The mechanics of reactions involving garnet can be deduced from dif-
fusion zoning in garnet and from the variation of matrix phase compositions as a
function of distance from garnet and of extent of reaction. Where this analysis
has been done in granulite-grade rocks (Loomis, 1976, 1977, 1979a), it was deter-
mined that (1) diffusion in garnet may be a process that limits the rate of reac-
tions that consume garnet, (2) the rate of reactions within the matrix are rela-
tively slow and controlled by interfacial processes, and (3) the absolute rate of
reactions can be determined from diffusion zoning in garnet if the rate of diffusion
is known. A final point should be emphasized. Only in the exceptional circum-
stance of very limited mobility in the matrix assemblage can simple exchange of
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components between crystals be assumed. Most of the realistic reactions that we
have discussed that involve diffusion in garnet result in growth or consumption of
garnet crystals. It should be clear that the accuracy of zoning models for garnet
may benefit much more from a more realistic appraisal of the reaction boundary
conditions then from the application of more complex models of diffusion within
garnet.

Growth with Diffusion

The growth of garnet from chlorite and biotite at low-grade conditions can rea-
sonably be described without contemporaneous diffusion in garnet. However,
growth of garnet at overstepped conditions in high staurolite and higher grade
rocks probably involves some diffusion. Overall growth occurs by a combination
of the disequilibrium growth mechanisms and relaxation of zoning mechanisms
that we discussed above. While growth involving both of these processes can be
simulated in theory, it has not been accomplished for garnet in natural systems. I
will illustrate the effect of diffusion by considering the end-member case in which
internal diffusion in garnet maintains the homogeneity of crystals as they grow.
Growth will be assumed to occur by reaction-controlled processes from a matrix
that remains homogeneous as it is fractionated. The example will be called the
“homogeneous growth” model and can be compared to the reaction-controlled
growth model without diffusion above.

If a garnet crystal grows at overstepped conditions, partitioning between the
crystal and the matrix must be controlled by a disequilibrium partitioning law. I
will assume that the maximum free energy decrease model (partitioning model
1), which I have used to simulate reaction-controlled growth (Loomis, 1982), can
be applied here also. Rearrangement of the equations found in that article allows
us to solve for the composition of homogeneous garnet as a function of the amount
of garnet in the system. The simulations of homogeneous growth shown in Fig. 13
(curves HG) indicate that the composition of garnet follows a history with time
similar to that preserved with distance in the zoning of garnets grown without
diffusion. In other words, the first, small amount of garnet to form is Mn-rich and
Fe-poor like the core composition of zoned garnets, but the composition of homo-
geneous garnet becomes poorer in Mn and richer in Fe with growth until an equi-
librium composition is reached. Concomitant with the changing composition of
garnet, the Mn/Fe ratio in matrix phases will decrease as garnet grows.

An example of the significance of models of growth with diffusion is provided
by Woodsworth’s (1977) analysis of the Mn content of ilmenite inclusions within
garnet in cordierite-zone rocks. He found that ilmenite inclusions progressively
closer to the center of garnets had increasing Mn contents and interprets this
observation as evidence that the garnets originally grew with Mn zoning profiles
similar to those found in lower-grade rocks; he proposes that the profiles were
subsequently relaxed by diffusion to form the present shallow forms. One obser-
vation that suggests that the history may have been more complicated is that
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Woodsworth shows staurolite inclusions near the center of garnets, well within his
inferred Mn “bell” formed at low-grade growth, while fractionation of Mn was
nearly complete before staurolite became stable in his garnet-zone garnets. Thus,
the cordierite-zone garnets must have overstepped the garnet isograd and grown
at higher-grade conditions.

The homogeneous growth model is an alternative to explain the ilmenite data.
If garnet grew at high-grade conditions, diffusion within the crystals could have
kept pace with fractionation of the matrix. Then ilmenites trapped early in the
growth history would be enriched in Mn relative to inclusions trapped later. The
similarity of the predicted trends of Mn content with time suggests that it is prob-
ably not possible to distinguish between the two models from inclusion data, espe-
cially considering the fractionation effect of the inclusions themselves and the
presence of residual zoning in garnet. Thus, garnet could have remained nearly
homogeneous during growth and still produced the inclusions observed by
Woodsworth.

Other possible models can be advanced to explain the formation of inclusion
data and residual zoning in high-grade garnets, but the paucity of data does not
warrant their description here. We can conclude that zoning in garnets grown
above staurolite-grade probably involves simultaneous diffusion and fractionation
of the matrix. The operation of diffusion during growth facilitates the creation of
unzoned crystals because the amount of diffusion required to relax the core is
reduced if it acts while the crystal is small rather than having to homogenize a
large, zoned crystal. The common occurrence of unzoned garnets in high-grade
rocks could be due in part to their growth at high-grade conditions as well as to
diffusion relaxation of zoning produced during low-grade growth.

Summary and Conclusions

The use of mineral compositions and mineral assemblages to trace geological pro-
cesses depends on our knowledge of the kinetics of crystallization. It is the com-
position of crystals that we measure; we infer magmatic composition, fluid com-
position, and pressure and temperature of formation from an assumed kinetic
relationship between the crystal composition and the source material. This rela-
tionship is commonly assumed to be complete equilibrium, but it is surely wishful
thinking to believe that rocks equilibrate completely and continuously through
part of their history and then suddenly freeze up. More likely, the kinetic inhibi-
tions to reequilibration that preserve primary igneous crystals and high-grade
metamorphic assemblages also affect the crystallization and prograde metamor-
phism of these rocks. Compositionally zoned crystals and disequilibrium assem-
blages contain evidence of how these kinetic processes influence the compositional
parameters that we rely upon to interpret the history of rocks. The disequilibrium
nature of nucleation and crystal growth is most evident from the interior compo-
sitions and inclusions of zoned crystals that have been shielded from the late
annealing reactions that affect the matrices of igneous and metamorphic rocks
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and give them the appearance of being equilibrium systems. Zoned crystals and
inclusions can be used to document the P-7-fluid composition history of samples
and enhance their usefulness in understanding processes of volcanism, plutonism,
tectonics, and hydrothermal alteration.

The key to understanding the origin of zoned crystals and to deriving useful
geological information from them is knowledge of how components are partitioned
between phases. “Normal” zoning in plagioclase and garnet is simply predicted
from the unequal partitioning of components coupled with consequent fractiona-
tion of the melt or matrix, regardless of whether the growth rate is controlled by
intergranular diffusion or interfacial processes. The review of partitioning in this
chapter suggests that partitioning under disequilibrium conditions can cause the
composition of a crystal to deviate significantly from the equilibrium composition
and points to the critical need for more well-designed experiments to empirically
constrain models of partitioning. Disequilibrium partitioning severely affects the
accuracy of geothermometers and geobarometers. Partitioning models have suc-
cessfully explained experimentally induced zoning in plagioclase and probably can
be used to infer the types of zoning that can be produced in natural crystals. These
models suggest that the magnitude of “normal zoning” should be reduced in crys-
tals that nucleate and grow under disequilibrium conditions and predict that
reverse and irregular zoning are possible under some natural conditions. It is nota-
ble that disequilibrium partitioning may cause a crystal composition to change in
a manner opposite to the change of the matrix or melt composition caused by
fractionation because partitioning is a function of bulk composition (in addition
to nonideal mixing) as well as temperature and pressure. The assumption of Ray-
leigh fractionation cannot be supported on theoretical grounds for major
components.

Growth zoning of plagioclase is very resistant to alteration by diffusion and can
be studied in plagioclase phenocrysts from many environments. Natural plagio-
clase zoning profiles seldom have the smooth character and constantly increasing
slope predicted by equilibrium growth simulations. Changes of pressure or even
water content do not appear to be capable of explaining the zoning irregularities
if plagioclase grows near equilibrium conditions. However, reverse and irregular
zoning are readily explained by disequilibrium growth models if plagioclase
nucleates (or growth renucleates on resorbed crystals) under disequilibrium con-
ditions. Normal zoning is predicted to occur in plutonic environments where rapid
cooling continues after nucleation, where water is lost to the system, or where
contemporaneous crystallization of other phases maintain undercooling. Reverse
zoning should occur in slowly cooled melts in which residual components accu-
mulate in the melt. These data suggest that plagioclase may show a trend toward
reduced normal or increased reverse zoning from the edge of a pluton toward the
interior and that granodiorites and diorites may have a greater tendency toward
reverse zoning than granites because plagioclase crystallizes without interference
from other phases. Sharp changes of plagioclase composition of up to 10% An and
oscillatory zoning indicate rapid changes of temperature or melt composition dur-
ing growth. The commonness of these types of zoning in phenocrysts, together
with the occurrence of abraded and broken crystals, suggest that plagioclase
phenocrysts in plutonic as well as volcanic environments grow from melts subject
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to periodic and probably turbulent convective motions. When plagioclase becomes
unstable under metamorphic conditions, it seems to react incongruently to form
separate crystals of another.composition rather than forming zoned crystals, pre-
sumably due to the ineffectiveness of intracrystalline diffusion.

Zoning caused by growth without modification by intragranular diffusion can
be studied in garnet from contact environments into staurolite grade (around
550°C). Garnet in rocks from higher-grade conditions or that experienced
extended times of metamorphism have Mn-Fe zoning that has been relaxed and
garnets from the highest metamorphic grades may be homogenized by diffusion.
The general form of growth zoning in garnet is consistent with the predictions of
equilibrium growth. The central, major part of the zoning profile is dominated by
the fractionation of Mn and by the sympathetic variation of Fe; it will be similar
in form regardless of the matrix assemblage because the unequal partitioning of
Mn between garnet and other common phases is extreme. The observed variations
of partitioning and of garnet core composition with bulk composition and grade
of metamorphism can be explained only by disequilibrium growth models; the
disequilibrium growth models can also explain reverse and irregular zoning. The
data on growth zoning and nucleation of garnet suggest that (1) the amount of
overstepping that occurs before most garnets nucleate and grow increases with
the heating rate and (2) heating rate rather than bulk composition seems to be
the principal factor that controls when nucleation occurs. Nucleation, of course,
occurs progressively over a range of oversteppings as the rock is heated. If the
growth of garnet is delayed until cordierite-zone conditions in rapidly heated, con-
tact rocks, intragranular diffusion may allow garnet crystals to remain nearly
homogeneous during growth, and it can not be assumed that growth zoning as
found in lower-grade garnets was formed and subsequently relaxed. The compo-
sition of matrix minerals during homogeneous growth will probably change as
garnet grows in approximately the same way that they would if garnet grew in
equilibrium with the matrix.

Observations that indicate that interface kinetic processes may limit the
growth rate of crystals include the unequal dimensions and flat crystal faces of
crystals, extrapolations of measured interface-controlled growth rates of plagio-
clase to natural systems, and interpretations of the growth rate of garnet as a
function of size based on relative zoning. Other reaction processes that have been
shown to control the rate of reactions in metamorphic rocks are dissolution of
reactant crystals and intragranular diffusion in reactant garnet. The inability of
intergranular diffusion models to predict reaction rates is most obvious from the
coexistence of incompatible aluminum silicate polymorphs in contact in meta-
morphic rocks. Diffusion gradients in the matrix of rocks can still exist if these
processes limit the reaction rate, but the calculated intergranular diffusion rates
of components in the matrix will be too slow if it is assumed that the reaction rate
is controlled solely by intergranular diffusion.

The model of nucleation and growth supported by this chapter for most rocks
is consistent with the commonly used model of thermodynamic equilibrium. It
assumes that nucleation of crystals in a heterogeneous assemblage occurs ran-
domly in a volume small enough that most components can be transferred rapidly
among crystals. Then partitioning equilibrium of most components in a hetero-
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geneous assemblage can be assumed in many interpretations. In this model, the
rate of growth of crystals is limited principally by interface kinetics or equilib-
rium. If the nucleation density is very sparse with respect to the rate of intergran-
ular diffusion because conditions change very slowly or some other factor inhibits
nucleation, then the growth rate of crystal segregations can be controlled princi-
pally by intergranular diffusion.

Garnet will probably experience periods of potential disequilibrium growth or
resorption even if it grows near equilibrium conditions during slow, prograde
metamorphism. During periods when garnet of the previous growth composition
is unstable, it may (1) remain inert or react incongruently, as plagioclase does, if
internal diffusion is not effective, or (2) react incongruently to form an induced
diffusion profile if diffusion is effective above about 600°C. When diffusion is
effective, garnet crystals may (1) grow low-Mn rims in response to reactions
caused by diffusion relaxation of growth zoning, or (2) develop high-Mn, reverse-
zoned rims in response to consumption caused by disequilibrium reactions with
matrix minerals, depending on the relative rates of intragranular diffusion and
disequilibrium reactions in the matrix. The edge composition of garnet appears to
be a better indicator of equilibrium conditions in the matrix than other, homo-
geneous crystals when diffusion is effective because the edge composition of garnet
can be changed by a small amount of reaction, whereas the composition of homo-
geneous matrix phases require a greater extent of reaction to significantly change
composition.

Diffusion zoning in garnet can be used as an indicator of the temperature-time
history of metamorphism and of reaction rate. Major uncertainties in analyzing
diffusion profiles are (1) how the edge composition changed through time in
response to disequilibrium reactions and (2) the rate of consumption or growth of
garnet. Most reactions that can induce zoning in garnet involve a change of abun-
dance of this phase that may be determinable from the stoichiometry of disequi-
librium reaction. For most geological problems, the errors introduced by assuming
that D’s of major zoned components are independent of composition and are sim-
ple functions of temperature, and by using mole fractions rather than concentra-
tions in the diffusion equations, are much smaller than those introduced by uncer-
tainties in the boundary conditions.

Crystal growth, diffusion, and disequilibrium reactions are subjects that are
conceptually difficult to work with. I have changed my mind many times in the
course of writing this summary and will not be surprised if the ideas expressed
here need to be revised in the future. I believe that theory is severely limited in
how far it can take us toward realistic models of growth and equilibration. There
is a critical need at this point for carefully designed experiments and detailed
studies of rocks with known igneous and metamorphic histories.
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Chapter 2
Exsolution and Fe?*-Mg Order—Disorder in

Pyroxenes
S. K. Saxena

Introduction

In recent years there has been significant development in our understanding of
exsolution phenomena in minerals through (a) the use of petrography (Robinson
et al., 1977) and transmission electron microscopy (Champness and Lorimer,
1976; see other articles in Wenk, 1976), and (b) the use of kinetic experiments
and theory (Yund and McCallister, 1970; McCallister and Yund, 1977; Lasaga
and Kirkpatrick, 1981; Putnis and McConnell, 1980; McConnell, 1975). The ref-
erences quoted above are only examples of the extensive literature available on
exsolution phenomena. Buseck et al. (1980) have reviewed the results on pyrox-
enes. In all these studies there has been little mention of the Mg-Fe?* order-
disorder in pyroxenes that must continue simultaneously with the intercrystalline
processes of ion exchanges leading to exsolution (cf. Kretz, 1982b). As discussed
extensively by Putnis and McConnell (1980), exsolution, like all other reactions,
is a time-dependent transformation and is best displayed on a time-temperature—
transformation (TTT) diagram. These may be considered as kinetic phase dia-
grams. Mg-Fe?* order—disorder in silicates is also a time-dependent process and
the results are best displayed on TTT diagrams (Seifert and Virgo, 1975; Gan-
guly, 1982). Is it possible then to plot both kinds of results, i.e., percent transfor-
mation of an intercrystalline ion-exchange reaction between two crystals, e.g., the
host augite and pigeonite lamellae and the Mg-Fe?* order—disorder in the exsolv-
ing or other coexisting pyroxenes?

As has been demonstrated by Seifert and Virgo (1975) and Ganguly (1982),
who used Mueller’s (1969) kinetic model, the estimation of the cooling rates of
the host rock containing orthopyroxene and/or amphiboles can be effectively con-
strained if kinetic rates of order—disorder and the site occupancy (e.g., in M1 and
M2 in pyroxenes) of Fe-Mg are known for the minerals. As discussed by Ganguly
(1982), the information on the cooling history of the rock during the time when
the crystal maintains equilibrium with falling temperature cannot be obtained
from the order—disorder data. Cooling rates determined using this method are
truly applicable over a small part of the history of the rock—generally close to
the temperature at which a determined site occupancy was quenched. However,
if this cooling rate could be considered as applicable throughout, we may be able
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to use this information in understanding processes of exsolution occurring in coex-
isting minerals in the same rock. On the other hand, if independent transforma-
tion rates are available for exsolving crystals, we may combine the two types of
informations on the same TTT diagram and achieve a greater understanding of
the petrogenetic history of the rock.

This chapter presents the possible relationships between exsolution and Fe-Mg
order—disorder in pyroxenes. For both these phenomena, experimental results are
meager. The final results in this chapter, therefore, are based on assumed data
found by comparison with natural observations. Most numbers and quantities are
for the purpose of illustrating possible relationships and should not be taken as
definitive. This chapter, in essence, provides a model for experimental studies on
pyroxenes involving both exsolution and order—disorder.

Abbreviations and Symbols

Opx orthopyroxene
Cpx clinopyroxene
Pig pigeonite
Xr. atomic fraction of Fe’* (Fe/(Fe + Mg)) in a crystal or on a
crystallographic site
Xwvg atomic fraction of Mg (Mg/(Mg + Fe)) in a crystal or on a
crystallographic site
(Fe), (Mg), (Ca) number of ions in a pyroxene totalling 2
n cooling rate constant
K, distribution coefficient for either intracrystalline or intercrys-
talline reactions
excess Gibbs free energy of mixing
simple mixture parameter for mixing of i and j
absolute temperature
gas constant
total Gibbs free energy of a solution (molar)

Q?:N]SC‘}‘

From Homogeneous to Heterogeneous Equilibria

As has been discussed amply by Yund and McCallister (1970), Champness and
Lorimer (1976), and Buseck e? al. (1980), exsolution and formation of one pyrox-
ene phase in another may be initiated either by nucleation or by spinodal decom-
position. Nucleation may be heterogeneous, taking place on dislocations, pre-
existing grain boundaries, etc., or it may be homogeneous. Incipient lamellae may
also form by spinodal decomposition. Once formed, growth and coarsening of the
lamellae may be considered through the transfer reaction (Kretz, 1982a)

CaMgSi, 0, = CaMgSi,0q (a)
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and the ion-exchange reaction
Fe-Cpx + Mg-Opx/Pig = Mg-Cpx + Fe-Opx/Pig. (b)

A third ion-exchange reaction,
Fe-M2 + Mg-M1 = Fe-M1 + Mg-M2, (c)

continues during exsolution—beginning when the crystal is homogeneous at high
temperature and continuing in both phases when the nucleation of the new pyrox-
ene phase takes place and/or the spinodal decomposition is initiated. Reaction (a),
requiring the diffusion of Ca through the host crystal, may be the slowest kineti-
cally. We note that Ca diffusion must be involved in either the formation of the
nucleus or in the compositional fluctuation leading to spinodal decomposition.
Similarly, reaction (b) must be operative both at the initial stage and during the
growth and coarsening of the lamellae.

Figure 1 shows a schematic relationship between the cooling rate of the rock,

Rate of rock-cooling

Rate of the process

~— Temperature

(c)

P
~(b) Equ?i':):ifxm Between
(a) Coe / K sites in one
T, :_1:‘ e D crystal
Tol— S
Y R
ol 4 W&
&
\\
\
T Actual K, variation \ Te
due to kinetics \
\
\ .
-—Kp \ Ta

Fig. 1. Relationship between intercrystalline and intracrystalline ion exchange reactions.
The top part of the figure shows the relative rates of (a) Ca transfer, (b) Fe—-Mg exchange
between crystals, (c) Fe-Mg exchange between M1 and M2 sites and of the cooling of
the rock. The bottom part of the figure shows the closure reaction temperatures as 7o <
T, < T, T,, Tjare quenching temperatures. See text for further explanation.
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which is assumed constant with temperature, and the three rate processes (a), (b),
and (c). Note that although the cooling rate of the rock is assumed constant, the
temperature of the rock itself is a variable and the reaction rates are functions of
this temperature change. We note that as the rate of the process approaches the
cooling rate of the rock, the transfer or ion-exchange starts falling behind its equi-
librium value and finally quenches at a certain temperature T, when the rate of
the process is much lower than the rate of cooling. T, and T, represent the mea-
sured temperatures usually obtained from compositions of coexisting pyroxenes
(Kretz, 1982a)—T, representing the transfer reaction equilibrium and T, repre-
senting the Fe—-Mg exchange equilibriumn. T, is the temperature of apparent equi-
librium for the ion-exchange between M1 and M2 sites in one of the pyroxenes.
The rates of the three reactions are functions of the composition of the original
crystal. This is also true about the processes (nucleation/spinodal) which bring
about the existence of the embryonic lamellae.

Exsolution in Enstatite—Diopside Solid Solution

To understand further the relationship among the three reactions, we begin by
first considering the binary system enstatite-diopside in which only the transfer
reaction is operative. In this compositional series, the structural differences
between enstatite and diopside require that the solutions be considered separately
as ortho- and clinopyroxenes. Orthoenstatite with a fictive endmember orthodiop-
side forms the orthopyroxene solid solution while diopside forms the clinopyroxene
solid solution with clinoenstatite. The excess Gibbs free energies of the two solu-
tions are given by

G™ (Opx) = WX g X", (1)
G™ (Cpx) =W . X2(X5)? + Wu(XEF) X5
From Lindsley et al. (1981) for the W’s, we have

WO = 25kJ-mol™!
W,, = 31.216 — 0.0061P kJ-mol™' (P in kbar), )
W, = 25.484 + 0.0812P kJ-mol™ (P in Kbar).

From these thermochemical data, it is possible to calculate the spinodal in the
Cpx solution. The spinodal region is characterized by a negative value of the sec-
ond derivative of the total Gibbs free energy of the solution (see a lucid discussion
by Grover, 1977). The spinode for the Cpx solution is given by

3Gy RT
= — 2[W,(3Xp — 1) + Wyu(3Xg, — 1)]. 3
(ax%,)n T~ AWK = 1)+ WaBXe = DL @)
Figure 2 shows the calculated spinodal in the Cpx solution. The Cpx solvus at 1
atmosphere is adopted from Lindsley et al. (1981). The significance of the spi-
nodal in Cpx has been extensively discussed by Busek et al. (1980). Inside this
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Fig. 2. Diopside—-enstatite phase diagram, modified from Lindsley ez al. (1981), showing
the calculated spinodal from this work. For comparision, the data from McCallister and
Yund (1977) has been plotted, the filled circles showing unmixing after heating experi-
ments. The open circles represent no unmixing and the squares represent unmixing after
prolonged heating.

compositional-temperature field coherent spinodal decomposition is the main pro-
cess of exsolution.

Experimental data of McCallister and Yund (1977) on heated pyroxenes are
shown in Fig. 2. These authors heated the pyroxenes for various lengths of time
and studied the results by transmission electron microscopy. All the filled circles
show the pyroxenes that exsolved by heating between 19 and 186 hours. The cal-
culated spinodal is in fair agreement with the experiments. In the spinodal cal-
culation, no account has been taken of the pigeonite to protoenstatite to rhombic
enstatite transformations and some discrepancy between experiments and the cal-
culated spinodal may be attributed to this.

In the region between the coherent spinodal and the calculated solvus (the
strain-free solvus), exsolution is initiated and developed through nucleation and
growth. In the region enclosed by the coherent solvus, exsolution could occur by
homogeneous nucleation while outside but within the solvus it may occur by het-
erogeneous nucleation. The coherent solvus is drawn schematically in Fig. 2.

The progress of any kinetic process may be studied through TTT diagrams.
These diagrams are plots of the isolines for percentage transformation of reactants
to products (or for site-occupancies when studying order—disorder) on time-tem-
perature coordinates. The kinetics of the transfer reaction (including formation of
embryonic lamellae through nucleation or spinodal process) is a function of the
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original composition of the crystal. It is instructive to consider the relationship
between the cooling of a rock and possible kinetic phase relations in crystals of
various compositions schematically. In the binary system, we consider the cooling
of a crystal with 54.0% diopside. In McCallister and Yund’s (1977) experiments
exsolution was noted first at 1320°C. In all runs between 1250 and 1320°C, exso-
lution was noted when the durations were between 19 and 24 hours. For the pur-
pose of illustration, let us assume that a rock with such a crystal cools at a rate
such that the temperature varies between 1310 and 1290°C during 20 hours.
Cooling rates of rocks could be modelled with either the asymptotic equation 1/
T = 1/T + nAt or the exponential equation T = T exp(—nt). Using the asymp-
totic model, the value of n that will give us the required duration of heating at
1300°C is 6.736E-9 per minute. Figure 3 shows a possible kinetic relationship for
this crystal. The figure, which is partly based on the McCallister-Yund data,
shows that exsolution, in this case perhaps by the spinodal mechanism, begins at
1200° C in about 16—17 hours. With both increasing and decreasing temperatures,
the time required for exsolution to begin increases, as shown by curve (a) in Fig.
3. The “finish” curve (b) schematically drawn shows the time required for achiev-
ing equilibrium in the transfer reaction (a).

In cooling from about 1600 to 1300°C, our model crystal passes through
regions where nucleation and growth is possible (see Fig. 2). According to the
cooling rate chosen, the crystal cools from 1600 to 1300°C in approximately 70
days (Fig. 3). If either heterogeneous nucleation (beginning at 1540°C) or homo-
geneous nucleation (beginning at 1440°C) is possible in such a period, the crystal
will have a more complex history than depicted above. If there was no interruption
by any other process, the model crystal during cooling from 1300°C will develop
lamellae recognizable through electron microscopy but perhaps not through use
of the petrologic microscope.

Let us consider the possibility that the cooling rate for the model crystal
changes after reaching 1300°C. This may happen in nature if, for example, the
system loses considerable heat in the beginning, reaches the upper crust, and cools
slowly, perhaps because it is still over a hot spot. If the new cooling curve (¢ in
Fig. 3) either touches or intersects the “finish” curve (b), the crystal reaches equi-
librium in the transfer reaction (a) and the two grown phases (host+ lamellae)
have compositions lying on the solvus. In the model crystal this happens at
1210° C with the two compositions Diggs Enggs and Diggg Eng, (from Fig. 2). The
two crystals should now cool through a region of exsolution by heterogeneous
nucleation. This history, however, cannot be followed through the kinetic phase
relations in Fig. 3, since they are applicable only to the model crystal with 54
diopside. If heterogeneous nucleation and growth do take place in the new crys-
tals, we will end up with new exsolution textures within each lamella.

The kinetic phase relations change in an important way with crystal composi-
tions. As may be seen in Fig. 2, a crystal with critical composition of mixing passes
directly from the region of heterogeneous nucleation to the region of spinodal
decomposition. The rates of diffusion also change with various degrees of satura-
tion. Figure 4 shows possible kinetic relations in other model crystal with 68% Di
matching another crystal heated by McCallister and Yund (1977). In their exper-
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Fig. 3. Schematic TTT diagram for the Cpx with 54% Di. Curve (c) represents cooling
curve for the rock while curves (a) and (b) represent beginning of the spinodal decom-
position and attainment of equilibrium in Ca transfer reaction respectively. Possible
beginnings of heterogeneous and homogeneous nucleation are also shown. See text for

discussion.

iment (T = 1125°C, 696.5 hours), the crystal developed regular widely spaced
lamellae. In Fig. 4, the cooling curve is drawn with an 5 value of 2.45E-10 per
minute such that the crystal is held between 1135 and 1115°C for 700 hours
during cooling. The crystal cools through the region of heterogeneous nucleation
beginning at 1490° C in about 3 years, through the region of homogeneous nuclea-
tion beginning at 1325°C in about 17 years and finally through the region of
spinodal decomposition beginning at 1050°C in about 10 years. Strictly, if the
cooling crystal is affected by any one mechanism, the succeeding cooling history
must be shown on differing diagrams for the two newly generated compositions
which may be in equilibrium or disequilibrium with respect to the transfer reac-
tion (a). If our second model crystal does not develop significant heterogeneous
nucleation and enters the field of homogeneous nucleation, there will be two sets
of lamellae, most likely in disequilibrium or metastable equilibrium, each of which
may further decompose by other mechanisms depending on the composition (see
Fig. 2). The Ca-rich lamellae will be in the region of either homogeneous or het-
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Fig. 4. Schematic TTT diagram for the Cpx with 64% Di. See text for discussion.

erogeneous nucleation while the Ca-poor lamellae will most probably be in the
region of spinodal decomposition. If the cooling rate is slow enough for the lamel-
lae to equilibrate in the region of homogeneous nucleation, exsolution of individual
lamellae would be possible only by heterogeneous nucleation.

Exsolution in Ternary Mg—Fe-Ca Pyroxenes

For ternary pyroxenes, we must consider the results of an exsolution process
through the kinetic rates and attainment of equilibrium in the three reactions (a),
(b), and (c). There are data on the equilibrium relations, but except for (c) in
orthopyroxene, there is little information on the kinetics of the reactions (cf.
Grove, 1982). Nord and McCallister (1979) found that in a heated Cpx of Wo, s
Eng; Fsou spinodal decomposition was detectable in 10 hours of heating at
1000°C and in 2000 hours at 800°C. The effect of Fe on the rate of the transfer
reaction (if other kinetic conditions are similar) may be judged (for spinodal
mechanism) by comparing this time with the time required for the binary system.
This could be roughly estimated as 7 days at 1000°C from Fig. 3.
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The presence of Fe** in the pyroxenes introduces Fe’*~Mg order—disorder in
each of the two coexisting pyroxene phases formed by exsolution. The relationship
between the process of exsolution and Fe?*-Mg order—disorder has received little
consideration in the literature. When a subcalcic augite cools, we have ordering

FeM1 + MgM2 = FeM2 + MgMI. ()

When an exsolution process is initiated, we form coexisting pyroxenes with the
Ca-poor pyroxene being richer in Fe than the Ca-rich pyroxene. Kretz (1982a)
demonstrated that in coexisting pyroxenes (Mg:Fe)M1 in pigeonite ==
(Mg:Fe)M1 in augite, thus confirming Mueller’s (1962) postulate. Therefore
(Fe:Mg)M2 in pigeonite > (Fe:Mg)M2 in augite. To extract Fe from Ca-rich
regions of the crystal the ordering process (c’) must be effective and the reaction
(c¢’) may be viewed as promoting exsolution. Thus we may consider

Ca (pigeonite region) + Fe,Mg (augite region) = Ca (augite region)
+ Fe,Mg (pigeonite region).

If the M1 sites remain unchanged as the reaction progresses (see Kretz, 1982b),
the Fe~-Mg exchange equilibrium can be achieved by

Mg-M2 (pigeonite) + Fe-M2 (augite region) = Fe~M2 (pigeonite region)
+ Mg-M2 (augite region).

The intracrystal equilibria would be satisfied in both phases. The two processes,
could, of course, occur simultaneously, so it would not be necessary for the Mg
atom to move from augite to pigeonite and then back to augite.

To understand the kinetic relationships among the cooling of the crystal and
the three reactions (a), (b), and (c), let us first briefly review the equilibrium
relations in coexisting pyroxenes and the intracrystalline equilibrium in orthopy-
roxene. Due to lack of data, no distinction will be made between orthopyroxene
and pigeonite and both will be considered as Ca-poor pyroxenes.

Equilibrium Relations in Coexisting Pyroxenes

Although there is extensive literature on coexisting pyroxenes in natural assem-
blages (e.g., Davidson, 1968), experimental studies are relatively few. The latter
have been recently reviewed by Kretz (1982a) and Lindsley (1982). Since the
purpose of this chapter is only to illustrate possible equilibrium and kinetic rela-
tionships in pyroxenes, Kretz’s (1982a) results, because of their simplicity and
easy algorithm, will be used here. According to Kretz (1982a) the distribution
coefficient for Fe?*-Mg fractionation between coexisting Ca-rich and Ca-poor
pyroxenes (orthopyroxene and pigeonite not distinguished) is given by (reaction

(b))
In K, = (1130/T) — 0.505, 4)

where

Kp = (Xge/ XMg)Opx(XMg/ Xre) ™.
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This equation is applicable to a composition X %* =~ 0.3. For the transfer reac-
tion (a), Kretz (1982a) finds for T < 1080°C:

T ('K) = 1000/(0.054 + 0.608 XS&* —0.304 In(1 — 2Xc)),  (5)

where X, is Fe/(Fe + Mg) and X, is Ca/(Ca + Fe + Mg). The temperature
of the transfer reaction equilibrium may generally be different from the equilib-
rium temperature of the Fe-Mg exchange equilibrium.

Intracrystalline Equilibrium Relations in Pyroxenes

Equilibrium distribution of Mg-Fe in orthopyroxene on the two sites is considered
on the basis of the ion-exchange reaction:

Mg(M1) + Fe(M2) = Fe(M1) + Mg(M2). (c)

Reaction (c), while written in analogy with heterogeneous ion-exchange reaction
involving two separate phases, represents a homogeneous reaction where the site
M1 may not be independent of the site M2. The cooperative effect may be taken
care of by the following formulation of the activity coefficient of an endmember
(Thompson, 1969; Sack, 1980); e.g., for ferrosilite, we have

Yes = Yrevie [exp (XW)(XVg) AGY/RT], (6)
where AG represents the standard free energy change for the reciprocal reaction

Mg(M1)Mg(M2) + Fe(M1)Fe(M2) = Mg(M1)Fe(M2)
+ Mg(M2)Fe(M1). (d)

Saxena and Ghose (1971) and Saxena (1973) used a nonideal expression describ-
ing the solution on each site but ignored AGj. Following Thompson (1969) and
Sack (1980), for equilibrium in (c), we may write:

RTIn K, = —AG: + WM(1 — 2X}D)
— WM — 2X¥) + AGUXEE — X&), @)

where Kj is (X X' X M2/ X M X 1e).

The constants AGS, WM!, W™2, and AG may all be determined from isothermal
site occupancy data of Saxena and Ghose (1971) and Virgo and Hafner (1969).
Unfortunately, multiple regression analysis (including stepwise procedure) gen-
erally results in large residuals if AGj is forced as a parameter. The best results
seem to be those adopted by Ganguly (1982):

In K, = 0.1435 — 1562/T, ®)

WM = 1524; W™ = 1080 cal/Mol. Since these results will be used to calculate
equilibrium temperatures and not activities of the endmembers, the fact that
AG?3 may not be actually zero is of little consequence in the present work. Equi-
librium temperatures for cation distribution between M1 and M2 sites may be
calculated from
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T= 3104 — 1080(1 — 2XM) + 1524(1 — 2X}

€)
0.2851 — 1.987 In K,

Temperature estimates of the experimental data of Saxena and Ghose (1971)
using Eq. (9) result in the following errors for the pyroxenes in the compositional

range of Xg, from 0.181 to 0.72:

578 + 20°C for the data at 600°C,
716 *+ 20°C for the data at 700°C,
830 + 25°C for the data at 800°C.

The progressive increasing difference between estimated and experimental tem-
peratures may be traced to the accommodation of Virgo and Hafner’s (1969) data
at 1000°C by Ganguly (1982). Obviously, it is necessary to redetermine the equi-
librium site occupancy data particularly at the high- and low-iron end composi-
tions using X-ray techniques. In the meantime Eq. (9) may be used to estimate
relative temperatures of cation order—disorder equilibrium.

Possible Kinetic Phase Diagram of an Exsolved Pyroxene

The relationships among compositions of coexisting lamellae and the compositions
of the M1 and M2 sites in a pyroxene from Skaergaard (sample 4430, Brown,
1957; Nobugai et al., 1978) were estimated by Kretz (1982b). These relationships
are explored here further using TTT diagrams. Specifically, we consider the exso-
lution of pigeonite with the following compositions (from table 1, Kretz, 1982b):

Pig grain Ca,o5/Mgo.61F€04525
Opx host Cag0;sMgo.ssF€o.4s5,
Cpx lamellae Cag43,M8q 376F€0.186-

For coexisting augite grain (Cag3ssMgo1s1F€o2s3), Kretz (1982b) showed that
exsolution of pigeonite crystals may have continued to 750°C, after which the
lamellae did not grow further but Fe-Mg exchange between host and lamellae
continued down to ~540°C. As is evident by Kretz’s (1982b) discussion, there
are several difficulties in the interpretation of the compositions of the exsolved
pyroxenes and the results are only possible estimates.

The Cpx lamellae in the pyroxene grain may grow until equilibrium in the
transfer reaction (a) has been reached. Assuming this was indeed the case for the
Skaergaard pigeonite grain, we may calculate the equilibrium temperature for
reaction (a) from (5). However, this requires X £ at the temperature of transfer
equilibrium which is unknown. This may be a problem if T is being calculated
from the composition of the augite lamellae in pigeonite host. Because the augite
lamellae are small in volume, the exchange reaction could decrease X £ signifi-
cantly. The problem is not serious if the composition of the augite host is used
because here the volume of augite may be much larger than the volume of the
pigeonite lamellae and the exchange produces very slight change in the augite
composition.

The calculation of equilibrium temperature for Fe-Mg exchange (b) by using
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Eqgs. (4) presents certain other problems. The formulation of these equations is
based on data on naturally coexisting pyroxenes in which different degrees of equi-
librium might have been approached in reactions (a) and (b). In the present case
a fixed content of Ca (~0.874) has to be used at all temperatures. The method
used in determining the temperature of Fe-Mg exchange equilibrium is outlined
below. .

As long as the intercrystalline Fe-Mg exchange (reaction (b)) continues, we
are assured that the intracrystalline reaction (c) of Fe—~Mg ordering within each
phase will also continue. In such a situation, if we invoke Mueller’s (1962) pos-
tulate (see also Kretz, 1982a; Ganguly, 1982), namely that the equivalent crys-
tallographic sites in different crystals will contain very similar Fe/Mg ratio, we
have

M1y Opx ~ M1\ Cpx
(XFe ) (X Fe ) .

Since orthopyroxene host crystal is large relative to the exsolving augite lamellae,
the composition of the host does not change significantly with decreasing temper-
ature. As such X' in Opx can be estimated at different temperatures by solving
the equations:

2X% = (Xi + Xp)Opx, (10)
- 1080 - w1924 0 o owm
RTIn K, —[(0.1435 1562/T) + RT (1 2XE) RT (1 2X7) |,
(11)
Kp = (XE/XW( XM/ XED). (12)

By equating the calculated X }+' in Opx with X} in Cpx, it is possible to calculate
the Cpx composition as a function of decreasing temperature through the equa-
tions for interrelating the X M' and other site occupancies in Cpx. Data on site
occupancies in equilibrated Cpx are meager and the following two equations are
based on the data of McCallister et al. (1976):

In K, (675°C) = —0.561 — 1.733 (R**) — 2.343(Ca), (13)
In Kp (927°C) = —1.235 — 0.520 (R**) — 0.718(Ca) (14)

where
Kp = (XF'X¥g/ XWX £0) in Cpx
and R*" is the sum of octahedrally coordinated ions (A1°*, Ti**, Cr’* and Fe’*)

and (Ca) the sum of Ca, Mn, and Na ions. Equations (13) and (14), assuming
that the coefficients are linear with temperature, yield

In K, = —[(7324(Ca) — 3039)/T] + 5.383(Ca) — 3.767 (15)

(ignoring R** ions in the present discussion). Equation (15) is obviously very
approximate and applicable only over a limited range of temperature (650 ~
950°C) and of composition (iron-poor and close to those used by McCallister et
al., 1976). Despite these problems, Eq. (15) is used here to continue with the
development of an approximate cooling model for the Skaergaard pyroxene.
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The composition of the exsolving Cpx lamellae, now may be obtained by first
determining the X}' in Opx through the use of Eqs. (10)—(12), then using this
X ¥ value as X}' in Cpx and then by solving Eq. (15) and

XE =1 [XE/(1 — X¥)Kp] ™! (16)
simultaneously. We then have
(Fe) = 22X = XK' + X¥2 amn
and
Mg) = 2Xg" = (1 — (Ca) — X1)+(1 — X}Y), (18)

where (Fe), (Mg), and (Ca) are number of cations in Cpx per 2-cation basis.

Figure 5 shows the changing composition of Cpx lamellae with temperature.
The calculated Fe?* content of Cpx approaches the chemically determined value
of 0.372 (per 2 cation) at a temperature of 720°C. The calculated Mg content
also approaches the required 0.752 in the Cpx lamellae at 720°C. This tempera-
ture, therefore, represents the Fe-Mg exchange equilibrium temperature. If we
used Eq. (9) directly, the estimated temperature would be 628°C. Because of the
difficulties with Eq. (15), it may be that the equilibrium temperature lies some-
where in the range of 628 and 720°C. At the temperature at which reaction (a)
ceases, the lamellae also stop growing. This temperature, if calculated directly by
using Kretz’s (1982a) Eq. (5), is 860°C. The present value of X £ used in this
calculation must have been different at the equilibrium temperature of reaction
(a). This estimate, therefore, may be wrong by several degrees. We may deter-
mine this temperature more accurately (if the equations to be used are based on
precise data) by combining Egs. (15)-(18) and Eq. (5). In this method, we deter-
mine X £ at a fixed content of (Ca) (in our case 0.874) at different temperatures.
The combinations of X§P and T are substituted in

Fe2t Mgz+
900 -
Ca

800~
700 \
600

N N

~ w

™ ~

o (<]
500 1| 1 1 L1 1 1 |

A 3 .5 7 1.0

No. of lons/2 cations

Fig. 5. Calculation of the equilibrium temperature for reaction (a). See text.



714 S. K. Saxena

(Ca) = (1 — (exp(—1000/ T — 0.054 — 0.608X)/0.304))/2 (19)

until the required (Ca) is found. This method results in a composition Cag 43, Feg,197
Mg,36 at 840°C, which, in view of the probable errors, is not significantly differ-
ent from Kretz’s estimate.

From the above discussion and calculations, it appears that the pigeonite crys-
tal (Cagos; Mgosi Feousz) cooled and exsolved into pigeonite host (Caggys Fegss
Mg, the composition might have been slightly different) and augite (Cagy;
Mgo161 Feoan) lamellae. If local equilibrium was reached in this process, the tem-
perature at which the transfer reaction ceased in this crystal was 830°C. Else-
where in the rock, e.g., in the augite crystal studied by Nobugai et al. (1978) and
discussed by Nobugai and Morimoto (1979) and Kretz (1982b), the reaction con-
tinued to lower temperatures perhaps to ~750°C. In the pigeonite crystal under
discussion here, Fe-Mg exchange between pigeonite host and augite lamellae
ceased at approximately ~674°C (628 to 720°C). At some temperature above
or below the pigeonite host inverted to Opx (Cag gy Mgo.4s5 Feouss). During cooling
from 830 to 674° C the augite lamellae changed in composition from Cag 43 Mgg 36
Feq.157 t0 Cagsy Mgoyss Feos6.

The above information is largely similar to that provided and discussed by
Kretz (1982b). Little can be added to it without kinetic data on the various reac-
tions. While there is virtually no information on kinetics of intercrystalline
exchanges or reactions in pyroxenes, there is some data on the intracrystalline Fe-
Mg exchange in orthopyroxene. For the purpose of demonstrating kinetic rela-
tionships among intracrystalline and intercrystalline reactions, we assume that the
site occupancy data in the natural Opx (Caggy Feguss Mgoass) host crystal are
available. By comparison with Opx from other plutonic rocks, we adopt a value
of X¥? as 0.883, which corresponds to a T of about 340°C.

This little added information, which is not difficult to obtain by X-ray crystal
structural refinement of the host Opx, can lead to several important results, which
are presented and discussed below.

Fe**—Mg Ordering in Host Opx and Cooling Rate of the
Rock

Let us consider the kinetics of Fe?*~Mg exchange over M1 and M2 sites in ortho-
pyroxene. The ion-exchange reaction (¢) can be considered as a result of the for-
ward (disordering) and backward (ordering) reactions, so that a change in the
atomic fraction of Fe in M2 is given by

—dXM/dr = KX¥LXM — KXMXM
where K and K are the specific rate constants for disordering and ordering, respec-

tively, and X represent site occupancy. At equilibrium dX¥2/dt = 0 and Eq. (5)
reduces to
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(XX /(XWX = K/K = K°/K°K, = Kp, (20)

where K° and K° are now rate constants representing some standard state of ref-
erence. K, takes care of the nonideality of the two sites.

Mueller’s (1967, 1969) integrated expression relating the change of site occu-
pancy with time under isothermal conditions would be

” 1 . TQaX + b) F (B — 4a0)' |*Fo
—CoKAL = - , (21
KA = T aa” " @ax® 5 + (B — 420 lng, D

where C, is the total number of sites per unit volume of the crystal, At is the
change in time and

a =051 — K3,
b=05— X + Kp'(Xe. + 0.5),
4 ~Kp' Xk,

Xpe = XM + XP).

The upper signs in the numerator of the bracket hold when
2aX¥ + b> (b — 4 ac)?

and the lower signs hold for the opposite condition.

To determine the rate constant K, data on site occupancy at a fixed tempera-
ture and as a function of time are required. The function C,KAt can be deter-
mined from such data using Eq. (21). Conversely, if the rate constants are known
the changing isothermal site occupancy can be determined as a function of time.

Seifert and Virgo (1975) used the TTT plot to calculate the cooling path that
matches with the site occupancy in the natural mineral. As explained by Ganguly
(1982), through this method we are calculating the time required by a crystal to
attain its cation ordering under isothermal conditions and assuming that this time
is the same as in a continuously cooling system. In practice we assume that the
cooling behavior of the rock is simulated by either the asymptotic model

-

T = T exp(—nt), (23)

where T, is the crystallization temperature, 5 the rate constant, and At the time.
A value of 7 is chosen by trial and error, such that the cooling curve generated is
tangential to the natural site occupancy curve calculated by Eq. (21) and plotted
on a temperature—time diagram. A refinement of the n value can generally be
achieved by calculating site occupancies at certain temperature intervals between
the crystallization temperature and the closure temperature for times permitted
by the cooling curve. The n value is finally adjusted such that the calculated
X2 value below the closure temperature matches with the XM in the natural
sample.

or the exponential model
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Figure 6 is a TTT diagram showing a possible history of cooling of the host
rock containing the exsolved pyroxenes. The cooling curve for the rock is obtained
from the site occupancy in the Opx host (assumed X} = 0.883). The rate con-
stant used for Opx is from the review of Besancon’s (1981) data by Ganguly
(1982) and is given by

C.K(T) = 6.4761 X 10" exp(—30549/T) min K.

The resulting rate constant 7 for the cooling rock using asymptotic model'is 1 X
1077 per year. This has been calculated by the method proposed by Ganguly
(1982). The cooling rate is strictly applicable in the vicinity of the quenching
temperature. In the following discussion, it is assumed that the same cooling rate
prevailed throughout the history of the rock.

Some useful estimates of kinetic rates of diffusion of Ca?*, Fe**, and Mg**
required for the growth of augite lamellae may be obtained from the results shown
in Fig. 6. In Fig. 7 the data are replotted on a TTT diagram. The process of
exsolution (which includes nucleation,; in this case perhaps heterogeneous) requir-
ing diffusion of Mg?** and Fe?* mostly from the M2 site and replacing Ca?* was
initiated slightly below the equilibrium temperature (~1100°C; augite Cag;s

1100 o
COo/I-n X

'9
Ock 672

900 |- \ 692
\ 715

ool \ 742
\ 775

600 \\ 813
500 - | Years ~750 1900 5000 i 887

7 8

T(°C)

Log Time (mlnutes)

Fig. 6. Estimation of the cooling rate of a rock from the site occupancy data of ortho-
pyroxene. The cooling behavior is assumed to follow the asymptotic model for which the
rate constant (n) is calculated as 1 X 1077 /year.
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Fig. 7. Kinetic compositional relationships in an exsolving pyroxene with a rate as deter-
mined in Fig. 6. The dashed curve Ca-Mg-Fe marks the beginning of the exsolution
when diffusion of all species is possible. There are two “finish” curves marked as Ca and
Fe-Mg to which the cooling curve is tangential. These curves signify the end of any
effective diffusion of the Ca and the Fe-Mg components, respectively.

Mgo.81 Feg63; pigeonite Cag oy Mgos: Feoasz). This is schematically shown to occur
in 20 years with temperature reaching about 1070°C. The composition of the
embryonic lamellae of augite at 1070°C may be assumed to be the same as that
of the exsolving augite crystals coexisting with the exsolving pigeonite. During the
first ~1800 years the rock cooled from 1100 to 840°C. In this period Ca?*-
Mg?*~Fe** exchange diffusion and the growth of the lamellae continued. From
here on the Ca’* diffusion became too sluggish but the Fe?*—-Mg?* exchange
between the Opx/Pig host and the augite (Cagy; Mgosss Feoisr) continued for
another 1600 years until the temperature of ~675°C was reached. No further
intercrystalline exchanges took place but the intracrystalline Fe?*-Mg?*
exchange within the host Opx continued for another 5600 years. Similar ordering
of augite must have continued but there are no kinetic data to get this
information.



78 S. K. Saxena

Discussion and Conclusions

Although Fig. 7 is drawn schematically in many respects and on the basis of an
assumed site occupancy in Opx, the results may not be far from the real situation.
The curve representing Ca—Mg-Fe exchange diffusion does not make a distinc-
tion among processes of heterogeneous or homogeneous nucleation or spinodal
decomposition. Close to the solvus temperature, homogeneous nucleation will not
be effective because it requires some degree of supercooling. While the beginnings
of the diffusion processes cannot be estimated on the basis of such data, the end-
ings of these reactions are well constrained because the cooling curve for the rock
must be the same irrespective of the method of its determination. This could not,
of course, be valid for rocks with complicated cooling history, e.g., polymeta-
morphic rocks.

In conclusion, petrographic, electron microscopic and X-ray structural refine-
ment studies of different cyrstals of pyroxenes from a rock can yield important
information on the petrogenetic history of a rock which cannot be obtained
through any single method of study. Site-occupancy determinations in orthopy-
roxene or pigeonite coexisting with exsolved Ca-pyroxene should be obtained for
many different kinds of igneous and metamorphic rocks. As yet only limited
kinetic data on Mg-Fe order-disorder in orthopyroxene (for medium composi-
tions in Fe:Mg) are available (see Ganguly, 1982), but this situation should
improve considerably in the near future. One discouraging aspect of the deter-
mination of the cooling rate of a rock through site occupancies is the large error
associated with it. This was discussed by Ganguly (1982) and is evident in Fig. 6,
which shows a change in site occupancy of X} from 0.883 to 0.887 could make
a difference of several thousand years. Therefore a study of several crystals from
the same rock may be required for a good result.
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Chapter 3
Geospeedometry: An Extension of
Geothermometry

Antonio C. Lasaga

Introduction

One of the basic aims of petrology is to relate observed mineral assemblages to
their previous temperature—pressure history. To assess the previous thermal his-
tory, we have relied on an understanding of thermodynamics and phase equilibria.
The assumption is made that the various minerals and their chemical composi-
tions measured today will reveal a temperature and pressure which are geologi-
cally significant. This procedure is quite valid if equilibrium is achieved and pre-
served over significant portions of the mineral assemblage. However, in this latter
case, by the very nature of equilibrium, effects of any previous or posterior pro-
cesses are completely lost. An important point is that, by the use of thermody-
namics, the dynamics or history of a rock is immediately subjugated to a second-
ary role.

The geologic history of the set of ion exchange geothermometers commonly
used covers quite a range of temperatures (a few hundred °C-1400°C) and pres-
sures (0-50 kbar). A very widely used set, especially with ferromagnesian min-
erals, relies on Fe-Mg or Ca—Mg exchange. Some of these ion-exchange geo-
thermometers are given in Table 1.

Note that the geologic terranes in Table 1 cover a wide range of possible ther-
mal histories. Therefore, the P-T-time paths of the potential exchange geother-
mometers span a significant portion of the terrestial P-T space.

The thermodynamic background for the use of geothermometers has been dis-
cussed in many works (e.g., Wood and Fraser, 1978; Wood, 1977; Newton, 1977;
Navrotsky, 1976; Saxena, 1972, 1973). In this chapter we will assume the ther-
modynamics of the relevant minerals is known. Our concern is with the next crit-
ical step, that is, relating the P-T—¢ history of the assemblage to the P and T
obtained today by geothermometric methods. The fundamental quantity now is
not the AG® or AH" of the exchange reaction or the activity-composition relations,
but the kinetic response of the minerals. In stressing the geologic process, geoth-
ermometry is extended to geospeedometry.

The ideal case in geothermometry is obtained when two adjacent minerals are
unaltered and exhibit essentially no chemical composition zoning throughout any
one crystal (Fig. 1). One implication in this case is that an unzoned crystal can
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Table 1. Some ion-exchange geothermometers.

Mineral pair Tons Applications
Garnet—Clinopyroxene Fe*/Mg?*  Eclogites, kimberlites, gneissic terranes,
blueschist terranes
Garnet-Biotite Fe?*/Mg?*  Pelitic metamorphism
Garnet—Cordierite Fe?*/Mg?*  Pelitic metamorphism
Clino-Orthopyroxene Ca’*/Mg**  Mafic granulite gneisses
Olivine-Clinopyroxene Ca?/Mg**  Garnet lherzolites
Spinel lherzolites
Olivine-Spinel Fe**/Mg**  Peridotites
GEOTHERMOMETERS
IDEAL
2
1
CONC.
1
2
-
_ (01/ c2)3

D~ (%/C2) A
DOES Kp REFLECT PEAK TEMPERATURE?

Fig. 1. Ideal case for an ion exchange geothermometer. K, is the effective equilibrium
constant.



Geospeedometry: An Extension of Geothermometry 83

be used as evidence that equilibrium between minerals 4 and B was achieved and
preserved at some point. In this ideal case, the concentrations of exchangeable
components 1 and 2 are used to obtain the value for the exchange equilibrium
constant:

_ (CI/CZ)A
Ko = eeDs” M

If, for example, the pressure is independently known (or bracketed), the value of
K, will correspond to some temperature T, which can be obtained from thermo-
dynamics (including activity-composition relations). ¢ in Eq. (1) can refer to
either mol % or mole fraction. Another common assumption in cases such as that
shown in Fig. 1 is that the temperature obtained reflects the “peak” temperature,
T,. This peak temperature is either the temperature at which one or both of the
crystals were first grown in equilibrium or the temperature at which they came
initially in contact and at which they were held for a “substantial” period of time.
Of course, the final assumption (and the one of interest here!) is that the profiles
were “frozen in,” so that we can recover today the value of 7.

Less ideal cases have crystals that exhibit compositional zoning, especially at
their common boundaries, as is shown in Fig. 2. In these cases, a common assump-
tion is that the compositions of the cores of the crystals can be used to obtain an
original peak temperature, T,. The interpretation of the zoning is then ascribed
to some later effect.

The next section will set up the necessary tools for answering questions about
geospeedometry. The general results are then given in the third section, and the
applications are introduced in the final section.

Ion-Exchange Geospeedometry

Consider two minerals, 4 and B, and two exchangeable components, 1 and 2. The
system is initially in equilibrium at temperature, T, as in Fig. 1. The pair of
minerals will then traverse a P-T—t path from P, Toat ¢t = 0 to 1 bar, 298°C,
as the thin section sits under our microscope. Once the minerals are thrown out
of equilibrium due to changing P-T conditions, the response will depend on kinet-
ics. The immediate change occurs at the mutual boundary (which is set at x = 0
in this paper) between 4 and B. Because K, is changing, the concentrations of 1
and 2 at the mutual boundary will have to change to satisfy

14(0,2)/ c24(0,2)

crs(0,0)/ cul0,r) KD @)

where ¢, is the mol % of i in phase ¢.
These changes will induce diffusive fluxes in each mineral. Therefore, within
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GEOTHERMOMETERS
Non-ideal case:

A
2\/'

crystal A crystal B

Concentration

Can cores be used to obtain peak temperatures ?
What information is in the zoning?

Fig. 2. Nonideal case for an ion exchange geothermometer. There is zoning at mutual
boundaries.

each mineral, the diffusion equation must be applied:

dc ¥c
—a;‘A‘ = D (1) a‘lf ) 3)
dc d%c
- oS @

At this point, the concentrations of 1 or 2 will be functions of both distance from
the interface, x, and time, . D, and Dj are binary interdiffusion, not tracer dif-
fusion, coefficients (see Lasaga, 1979; Anderson, 1981), and are the same for both
components.

Equations (3) and (4) assume that the interdiffusion coefficients, D, and Dy,
are not significantly dependent on composition (and hence x) over the relevant
changes in composition. There are also analogous equations for component 2.

6cu 6ZCZA

dt = DA( t) axz ’ (5)
dc d%c
3—:2 = Dy(2) axzzﬂ‘ (6)
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Finally, the flux of components 1 and 2 at the boundary (x = 0) between the
two minerals must conserve mass. If there is no leakage of ions out of the system
(e.g., by grain boundaries), then the conservation of mass requires that the flux
out of mineral 4 must equal the flux into mineral B and vice versa. Therefore,
using Fick’s first law to compute the diffusive flux:

|  _ _pp e

DAyl =D ™
| _ 9w

DAL =D ®)

If the units used in Egs. (7) and (8) are mol %, there are some corrections nec-
essary to take into account molar volumes; however, these are usually very small
(see Appendix A). In the cases discussed here only binary exchange is treated.
Therefore, as the relative ratio of cations change in a mineral the sum of their
concentrations is constrained by stoichiometry, i.e.,

Cla+ Cha )
cly + clp (10)

aix,t) + cx,t) = constant
¢18(x,t) + c5(x,t) = constant

In this case, we need only worry about one component, e.g., component 1.

The role of the thermal history of a mineral assemblage in the compositional
evolution of a geothermometer is quantified through the time dependence of the
diffusion coefficients and of the exchange equilibrium constant, K. Diffusion coef-
ficients vary strongly with temperature (Lasaga, 1981; Freer, 1981):

D(T) = Ae™®e/"D, )

where A is the pre-exponential factor and E, the diffusion activation energy in the
Arrhenius expression.

If the temperature varies with time as in most geologic processes, then D will
also vary with time:

D(f) = Ae™ BTN,

It is often convenient to rewrite the last equation using the value of D at some
initial temperature, Ty

D(t) = D, exp{gg [L - L”, (12)

R|T(» T,
where D, is the value of D at T,

The exponential term in Eq. (12) indicates that D will have a strong time
dependence if the activation energy is high. This strong time dependence makes
Egs. (5) and (6) cumbersome. We can remove this time variation dependence
from the diffusion equations (3) or (4) by the introduction of a compressed time
scale (Lasaga et al., 1977; Dodson, 1973). To do this we write D(¢) as

D(1) = Dyd(), (13)
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where d(¢) is the dimensionless factor that scales D, to the correct value of D at
time ¢. Then the compressed time ¢’ is defined by

= J-o' d(r) dr (14)

! E, | 1 1
U= J; exp{ —'E {m - -ﬂ]} dr. (15)

There are some important results of viewing geothermometry from the ¢’ point of
view. First, the diffusion equations simplify considerably. Realizing from (14) that

or using Eq. (12)

dv = d() dt,
it follows that if
dc d*c
o - P 5
or
dc dc
a = DO 5
then
1 dc &c
—— =D, —
d(t) ot ? 9x?
or
dc dc
Fw = D, Fyer (16)

Thus, using ¢’ we can reduce the problem to a constant-D diffusion equation. Any
compositional re-adjustments during the thermal history of the pair of minerals
will occur as long as ¢ varies. The crucial point is that ¢/, unlike ¢, cannot generally
keep on increasing but will rather reach a limiting finite value. We have now
reached the quantitative representation of the whole concept of preservation of
previous compositions. If ¢/, on the one hand, could reach very high values and
equilibrium could be re-established at later times, all rocks observed today will
not have preserved any of their previous thermal history. That is the essence of
thermodynamics (i.e., equilibrium does not depend on path). If #, on the other
hand, can only achieve very small values (even for ¢t — o), then there will be no
“time” available to change a profile and the original composition will be
preserved.

To illustrate the behavior of ¢/, let us take the most common problem of a near-
linear temperature decrease:
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T,

T =TTy ~h~* a7

where s is the initial cooling rate.
In this case, inserting Eq. (17) into (12) and (15), we have

D(t) = Dye™ (18)
and
v = 1 [1—e™], (19)
Y
where
E,s
y= RD (20)

Equation (19) clearly illustrates that while # = ¢ for small times (r < 1 /%),
for longer times ¢’ will never get any larger than 1/+, even as t — oo! As a con-
sequence, the original problem is reduced to an equivalent problem where diffu-
sion goes on at constant D (e.g., constant T) but is only allowed to go on for ¢’
time units and then is abruptly terminated. Obviously, the maximum value of ¢
will determine the net effect of the thermal history on the mineral assemblage.
For example, if E, = 50 kcal/mol, s = 2°C/my and T, = 1000 K, then Eq.
(20) yields ¥ = 0.05 my~". The upper limit of #’ in this case is 20 million years,
no matter how much normal time increases. This “compression” of the normal
time scale due to the thermal history is illustrated in Fig. 3.

The temperature dependence of the equilibrium constant is given by standard
thermodynamics

Compressed Time Scale
t, million years
10 - 20
10 20
¢ upper limit

30

Fig. 3. Illustration of the compression of normal time, ¢, by the ¢’ transformation. The
example is based on typical values of vy as discussed in the text. Note that for small ¢,
¢ and ¢ are essentially the same. However, ¢’ cannot reach values greater than 20 million
years.
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K, = K} exp[Azo[lT - %] ], 1)
0

where K3 is the value at temperature T, and AH® is the standard enthalpy change
for the exchange reaction. If K, is given in terms of concentration, AH° will also
contain a composition dependent term due to activity coefficients. If we use the
temperature-time relationship in Eq. (17), then

Ki(1) = Kpe™, (22)
where
= ARHT%S : (23)
To solve the diffusion equation,
s _ ¥
a T axt’

we need a boundary condition at x = 0 [i.e., the concentration, ¢(0,#)], of the
component in one of the minerals at the interface between the two minerals. For
the time being let us assume that we know ¢(0,?) for any component in our system.
First, we should stress that if the two crystals were homogeneous initially and
there were only boundary changes at x = 0 due to the thermal history, the result-
ing profiles would only depend on x (not on the other directions, e.g., y or z). In
fact, if no material was exchanged along the other sides of a mineral, then the full
set of equations (y and z now dropping out) would be

o(x,3,2,t) = c(x,b) = c(x,t),

dc &c
x* _ p == 4
ar = Doga (242)
o(x,0) = ¢, (24b)
3
c(0,2) = f1), 55— =0 (24¢)

where f(t), the boundary concentration, is assumed known, a is the crystal length
in the x-direction, and ¢’ is the initial concentration. We can make Eqs. (24)
dimensionless by use of the new variables

D, X
1= ;%’ v, ==, (25)
so that
dc ¢
o x> (26)

and
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c(0,57) = <(0,1(1))), 27
dc
Xl x, =1 =0 (28)
o(x,0) = . (29)

The purpose of introducing ¢, and x; is that we will then be able to categorize
the behavior of many geothermometers with just a few parameters.

We must now return to the boundary condition, ¢(0,£). If ¢(0,?) did not change
from ¢ with time, there would be no profile changes. Hence, it is ultimately the
changes in ¢(0,#) caused by thermal changes in K, that drive the evolution of a
geothermometer. The detailed work by Lasaga et al. (1977) and Lasaga (1979)
have shown that given the K}, in Eq. (22), the function ¢(0,?) is reasonably well
approximated by

c140,8) = C{Ae_m, (30)
where
AH°s\/D%/ D"
8 £V Ds/ D (31)

B RTG{VD3/D [1 + (cia/ 5] + [(cla/cls) + (claf i)

Note that 3 is different but related to 8’ in Eq. (23). ¢(0,?) in (30) now specifically
refers to the concentration of component 1 in crystal 4. DS, D3 are the initial
interdiffusion coefficients of minerals 4 and B. cis refers to the initial (homoge-
neous) concentration of component i (1, 2) in phase ¢ (A4 or B). Similar formulas,
of course, apply to the other c,,(0,¢).

Note that it is the boundary concentration as a function of ¢/ that is of interest
in solving (26). Therefore, we rewrite Eq. (30) using Eq. (19) as

e0,t) = ciy (1 — yr)fl

or using (25) as

B/v
C(O,t:) = C{A 1 - iz')“t: ’
D,

C(O7t£) = C{A (1 - ‘Y,t;)ﬂh’

(32)

where
4 a2

Y= (33)
Let us now comment on some powerful generalizations from these equations.
Equations (30) and (31) are very useful. They show that the rate of change of the
boundary concentration depends not just on the cooling rate s and the enthalpy
of exchange, AH®, but also on the ratio of the diffusion coefficients and on the
initial composition of both minerals. It is interesting to note that the rate of change
is slowest for the mineral with the fastest diffusion coefficient [this follows from
Egs. (7) and (8)]. In other words, if D}/DY is very small, then 8 will be small.
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Obviously, whether a particular component in a mineral is considered to be dif-
fusing fast or slow is only meaningful relative to the adjacent mineral. Therefore,
garnet may be the mineral with the rapidly varying boundary only if other min-
erals such as biotite or cordierite with much faster diffusion coefficients are
exchanging with it. However, garnet may be the mineral with the slowly varying
boundary in the case of exchange with clinopyroxenes (see further below). Lasaga
(1979) has discussed further the implications of Eq. (31).

The next very important observation stems from the fact that the original prob-
lem of the thermal evolution of an ion-exchange geothermometer has been
reduced to that of solving Eq. (26) with boundary conditions given by (28), (29),
and (32). Note from (19) and (25) that # can only reach values of

Therefore, x, always takes values between 0 and 1, while ¢; takes values between
0 and 1/+’. Furthermore, the solution to (26) only depends (aside from (28) and
(29)) on the condition

c0,2)) = cla (1 — ¥

The net result is that the entire evolution of the geothermometer is characterized
by just two dimensionless parameters, v’ and 8/+. This simplification is the reason
for the use of these dimensionless variables. The next section discusses this depen-
dence of the evolution on v’ and §/7.

Solutions—Thermal Evolution

The solution to Eq. (26) that satisfies (28), (29), and (32) is

o 2.2
c(xiLt) = > exp [—(—21-_%-9—1 tﬁ] A, sin {Q‘%'l—)l xﬁ], (34)
n=0
where
@2n + Dyme™cl, j i 811 4
= anu —_— 35
A, v e € e e 39)
and
2.2
_@nt Um (36)
4y’

For each value of /v and 4/ there will be a final frozen profile (¢ — o) given by
¢(x?) when ¢, is set equal to 1/4” in Eq. (34). The results are shown in Figs. 4 and
5. The calculations reported here used a ¢}, = 10 mol %. However, the choice of
¢!, is immaterial since, as can be seen from Eq. (35) for 4,, the entire solution
for ¢(x, t}) is simply multiplied by c}; thus cl, does not affect the shape of the
profile. In this sense the results in Figs. 4 and 5 are quite general.

It is important to clarify what the profiles in Figs. 4 and 5 mean. Initially, the
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Fig. 4. General curves for the kinetic response of the mineral with the slow diffusion in
a geothermometer (high 8/y = 0.15). (a) slow cooling, ¥ = 0.01. Note the extensive
re-equilibration and the generally homogeneous profile. (b) v/ = 0.1. Still a rather homo-
geneous profile with re-equilibration. (c) v = 1.0. Here the approach to the “final” pro-
file is illustrated: — curve is for #; = 0.9, which would correspond to a time
interval of 73 million years if Dy = 10" cm?/sec and @ = 1000 pm. - curve is
for #; = 0.995, which would correspond to a time interval of 168 million years (same D,
and a). curve is for #; = 1.0, which would correspond to a time interval of infin-
ity. (d) ' = 10.0. Note that the core of the profile is now essentially unchanged from
the initial composition. (¢) ¥/ = 100 (fast cooling). This corresponds to the ideal case
shown in Fig. 1. (f) ¥/ = 1000.
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Fig. 4. (continued)



Geospeedometry: An Extension of Geothermometry

107---mo--ooa Initial
8 1
9
Q2 64
<]
E
g 4
3 ¥ =100.0
2+ B/y = 0.15
(] T . : . i ' :
0 0.2 0.4 0.6 0.8
(© Distance from edge of crystal

10 -’"r Initial
8
&o\ -
2 6-
[}
E
S 4
8 | 7' =1000.0
24 B/y = 0.15
0 1 v I M 1 v 1
0 0.2 0.4 0.6 0.8
® Distance from edge of crystal

Fig. 4. (continued)

93



94

Conc. (mole %)

Conc. (mole %)

Antonio C. Lasaga

e el
—
8
1
6
4..
7' = 0.01
24 B/y = 0.01
0 T T v T \ " 1
0 0.2 0.4 0.6 0.8 1
(a) Distance from edge of crystal
10— mmmmmmm e mmmmmmmmmme Initial ____
—
8 -
6 -
4_
7' = 0.1
a- B/y = 0.01
0 ) v 1 v ] M 1 v 1
o 0.2 0.4 0.6 0.8 1
(b) Distance from edge of crystal

Fig. 5. (a)-(d) General curves for the kinetic response of the mineral with the faster
diffusion coefficient i.e., 8/ = 0.01. All else is the same as in Fig. 4. Note that in general
the profiles are very homogeneous and close to the initial composition.
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composition is homogeneous for each crystal. As the thermal history progresses,
the composition of each crystal re-adjusts. This re-adjustment continues in a man-
ner prescribed by Eq. (34). However, the whole point of introducing ¢’ (or ¢;) is
that this kinetically controlled re-adjustment cannot continue indefinitely because
the kinetics become extremely slow. Mathematically, this result is manifested in
the fact that ¢ or ¢/ has a maximum value that it can attain, even as regular time
goes on indefinitely. Therefore, if we were to take a snapshot of the composition
through time, there would be variations in the composition profile at first, then a
slowing of the variations, and beyond a certain point no more variation. It is this
final profile that is obtained by setting ¢, = 1/4. This final profile is plotted in
Figs. 4 and 5. Of course, this is also the profile that would be obtained by analysis
of the crystal as it finally emerges on the earth’s surface.

Figure 4 uses a value of 8/ = 0.15 and Fig. 5 uses a value of 8/y = 0.01.
These two values are representative of the minerals with slow diffusion and fast
diffusion respectively as we will show. In fact, we can use (20) and (31) to write

B/ as
AH® V D‘,’,/DZ
E, {V D%/D?{ 1+ (C{A/CQA)] + [(C{A/C{B) + (C{A/c;ﬂ)} .

Note that 3/ is not dependent on the value of the rate of change of temperature,
s, and thus is more an intrinsic property of the pair of exchanging minerals than
it is a property of the thermal history. On the other hand, v’ is very dependent on
the thermal history (see below).
If D% > D% and ¢}, > ci, then Eq. (37) simplifies to
AH°
E,

B/y = (37

B/y = (38)

Table 2 lists some of the reaction enthalpies for several exchange geothermome-
ters. Table 3 lists some relevant diffusion data (see Appendix B for a discussion
of the diffusion data). It can be surmised that for typical values of AH° and E_,
Eq. (38) yields

B/y =~ 0.1100.2.

Therefore, 8/y = 0.15 is a reasonable number for minerals with slow diffusion
(where (38) applies). On the other hand, if D§/DY is small (fast diffusion in A4)

then
N A
B/v = (;) : (39)
a A

For the type of values of D and D% (see Table 3) 8/ can be reduced by 1 or 2
orders of magnitude (e.g., D}/ D% = 107?-107*). Therefore, we chose /v = 0.01
as typical for this case.
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Table 2. Some enthalpies for ion-exchange reactions.

Mineral pair Tons AH? (kcal/mol) Reference
Clinopyroxene-garnet Fe-Mg 9.2 Roheim and Green (1974)
Clinopyroxene-garnet Fe-Mg 5.6 Mori and Green (1978)
Clinopyroxene-garnet Fe-Mg 3-5 Dahl (1980)
Garnet-biotite Fe-Mg 42 Ferry and Spear (1978)
Garnet—-cordierite Fe-Mg 6.0 Lasaga et al. (1977)
Garnet—cordierite Fe-Mg 5.4 Thompson (1976)
Olivine-clinopyroxene Ca-Mg 3-4 Adams and Bishop (1982)
Ilmenite—clinopyroxene Fe-Mg 3-6 Bishop (1980)

The value of 4 is given from (20) and (33) as

,_ Esd
Y= :

(40)

Note that D, is a function of T,. Given an Arrhenius equation for D, as in Table
3,

D = Ae—En/RT’

and also assuming some values for the cooling rate s and the crystal size, a, we
are able to compute 4’ as a function of T,. We will return to Eq. (40) below.
Figures 4 and 5 summarize the possible scenarios allowed for the thermal evo-
lution of the geothermometer. If the mineral has a relatively slow diffusion coef-
ficient, 8/ is high (~0.15); the possible evolutions are given in Fig. 4. As may
be expected, low values of 4’ yield higher ¢, values and hence more re-equilibra-
tion. For example, if v/ = 0.01 [Fig. 4(a)] the final profile (at ¢ — ©0) changes
drastically from the initial profile. In this case, not only has the profile changed

Table 3. Diffusion data.

Mineral D (cm?/sec) Workers
Garnet 6.11 exp (—82.2/RT) Freer (1981)
Garnet 0.023 exp (—88.3/RT) Elphick et al. (1981)
Garnet 0.0275 exp (—70.0/RT) Lasaga et al. (1977)
Pyroxene 0.0039 exp (—86.2/RT) Brady and McCallister (1983)
Pyroxene 659 exp (—80.0/RT) Sanford and Huebner (1979)
Pyroxene 1.306 exp (—80.0/RT) McCallister et al. (1978)
Olivine 0.03 exp (—61.0/RT)* Buening and Buseck (1973)

8 X 1077 exp (—31.7/RT)* Buening and Buseck (1973)
Spinel 0.02 exp (—86.1/RT) Lindner and Akerstrom (1958)
“T> 1125°C.

T < 1125°C.
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but the low value of 4’ means that the final profile is also relatively flat. This is
an important observation because it is precisely this homogeneity that is used as
evidence for equilibrium. However, the profile in Fig. 1(a) is certainly a nonequi-
librium profile! Therefore, values of 4/ < 0.01 will make the geothermometer less
applicable. Furthermore, the kinetic analysis shows that one must be careful to
check that 4/ > 0.01, if homogeneity is to be used as a criterion for equilibrium
(see applications below).

If v/ = 0.10 [Fig. 4(b)] there is still considerable change in the core concen-
tration of the crystal but there is now more pronounced zonation. This continues
until at ¥/ = 10.0 [Fig. 4(d)] the core region of the crystal has not changed much
while the outer edge of the crystal contains severe zoning. At this point (y/ = 10),
the usual assumption about the use of the core concentration to obtain 7, is indeed
warranted. Finally, depending on the spatial resolution of the analysis, a v/ =
100-1000 will yield a final profile that is very close to the initial profile. This
would then correspond to the ideal case shown in Fig. 1.

The situation is quite different in the case of a mineral with relatively fast
diffusion, i.e., low 8/ values (Fig. 5). Now all profiles show very slight zoning
and only for ¥' < 0.01 is the deviation of the final profile from the initial profile
significant.

The major point from Fig. 5 is that if the interdiffusion rates of the adjacent
minerals are quite disparate, the success of the geothermometer will hinge in large
part on the kinetics of the mineral with the slow diffusion. This major result also
makes it easier to characterize the kinetic behavior of geothermometers.

Applications

It is clear from the previous section that the crucial mineral in a geothermometric
pair is that which has the slowest diffusion coefficient (high 8/+). Table 3 presents
diffusion data for the more ubiquitous of these types of minerals. To apply our
general results we need merely compute values of 4’ from Eq. (40) and use Fig.
4! As stated earlier, given an Arrhenius expression and the cooling rate and size
of the crystal we can compute v’ as a function of the initial temperature, T,
Alternatively, we can compute the values of T, for which 4’ will obtain a partic-
ular value, i.e., we can compute iso-y’ temperatures.

The thermal history, as represented by the parameter s, is obviously of central
importance in the kinetic discussion. Useful estimates of s may be obtained in the.
case of tectonically driven uplift. Bottinga and Allegre (1976) have discussed
some simple models. For our purposes (Fig. 6) we may imagine a slab moving
toward the surface due to erosion and uplift at a velocity v,. If k is the thermal
conductivity of the slab, the temperature (ignoring lateral variations) would obey
the usual conduction-convection equation

T _  &T aT

o = kaa T, (41)
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If we assume steady state has been reached (47/9¢ = 0) and that (a) T = 0 at
the surface, z = 0, and (b) T = T, at some maximum depth, z,,, then the solution
to (41) is

(1 _ e—(u,/k)z)

T(z) = T, (42)

(1 — e—(vz/k)Zm) ‘

But if some material was at z,, at time ¢ = 0, the same material would be at Zm
— vt at time ¢. Therefore, the temperature of this material at time ¢ would be

(1 . e—(u;zm/k)e(vglk)t)

T(t) = T(Zm - vzt) = Tm (1 — e— (Uz/k)zm) (43)
Equation (43) can be differentiated to obtain s:
2 ,—(Vz/K)zm (02 k)t
=20 Tz e irer (44)
dt k (1 — e (Uz/k)zm)

For example, if v, = 0.1 cm/yr, z,, = 30 km, T,, = 700°C and k = 0.01 cm?/
sec, then Eq. (44) would yield s = 14°C/my at t = 0 and, as the surface is
approached, s increases to 36°C/my. Reasonable values of v,, z,,, and T, gen-
erally yield s values between 10°C/my and 100°C/my. Furthermore, the varia-
tion in s is not significant (less than a factor of two) over changes of temperature
of several hundred degrees from T,

The previous section indicated that a nearly frozen profile is obtained when v’
= 100. Table 4 gives the iso-y’ temperatures (for ¥ = 100) obtained from the
Arrhenius expressions in Table 3, where the cooling rate was taken as s = 10°C/
my and the crystal size at @ = 1000 um. Note that Eq. (40) shows that these iso-
7' temperatures are unchanged if for example s = 1000°C/my and @ = 100
umors = 0.1°C/my and @ = 10000 um, etc.

The meaning of these iso-y temperatures is as follows. For any 7T, that is less

1 V2 upLFT z

4,

Fig. 6. Uplift model used in the text. The material moves up at a rate of v, cm/year due
to the combined effects of erosion and uplift.
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than the one in Table 4, the initial T, will be preserved by the geothermometer.
For T, greater than those in Table 4 more zoning will be evident.

Table 5 gives the iso-y’ temperatures for a ¥ = 10, i.e., where there is zoning
but the cores of the minerals are not affected. Again, if T, is less than this T, we
are guaranteed at least preservation of T, in the composition of the cores of the
minerals. ¥’ = 10 is probably the best transition point between workable and non-
workable geothermometers.

Tables 6 and 7 give iso-y” temperatures for 4/ = 1.0 and 0.1; the latter 4’ value
represents the case where we have an “equilibrium-like” nearly homogeneous pro-
file but no preservation of 7!

The applicability of a geothermometer obviously depends on the thermal his-
tory. This can be illustrated by Tables 8-10, where the T, values required to pro-
duce 4/ = 10 are given as a function of the cooling rate, s.

Pyroxenes exhibit a wide T, range, in part reflecting the diffusion of different
ions. The data of McCallister et al. (1978) are for tracer calcium (*Ca) diffusion
in diopside; the data of Brady and McCallister (1983) are for homogenization of
fine-scale pigeonite lamellae in subcalcic diopside (see Appendix B). The latter
represent Ca—Mg interdiffusion and are more appropriate for the model, because
the D’s in the model are interdiffusion coefficients.

Table 8 shows the iso-y’ temperatures for pyroxenes using the diffusion data
of Brady and McCallister (1983). Pyroxenes have been widely used as upper man-
tle geothermometers and geobarometers. The kinetic problems have been recently
discussed by Dahl (1979). Table 8 can be used to analyze the significance of eclo-
gite and garnet lherzolite temperatures.

For slow cooling rates of less than 10°C per million years, temperatures of
900-1000°C can be considered frozen equilibrium temperatures, i.e., either for-
mation or recrystallization at the temperature obtained from the garnet—pyroxene
geothermometer. However, the preservation of higher temperatures, 1100-
1300° C, would require very fast transport from the mantle, i.e., fast cooling rates.

Table 4. 1so+y’ temperatures.’

Mineral D T, (°C)
Garnet 6.11 exp (—82.2/RT) 690
Garnet 0.023 exp (—88.3/RT) 907
Garnet 0.0275 exp (—70.0/RT) 665
Pyroxene 0.0039 exp (—86.2/RT) 935
Pyroxene 659 exp (—80.0/RT) 580
Pyroxene 1.306 exp (—80.0/RT) 700
Olivine 8 X 1077 exp (—31.7/RT) 315
Spinel 0.02 exp (—86.1/RT) 885

vy = 100; s = 10°C/my; a = 1000 um.
7All sources of data are as in Table 3.
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Table 5. Iso-y’ temperatures.”

Mineral D T, ("O)
Garnet 6.11 exp (—82.2/RT) 745
Garnet 0.023 exp (—88.3/RT) 980
Garnet 0.0275 exp (—70.0/RT) 720
Pyroxene 0.0039 exp (—86.2/RT) 1010
Pyroxene 659 exp (—80.0/RT) 620
Pyroxene 1.306 exp (—80.0/RT) 755
Olivine 8 X 107" exp (—31,7/RT) 370
Spinel 0.02 exp (—86.1/RT) 955

v = 10.0; s = 10°C/my; a = 1000 um.
“All sources of data are as in Table 3.

Table 6. Iso-y’ temperatures.*

Mineral D T, (CC)
Garnet 6.11 exp (—82.2/RT) 800
Garnet 0.023 exp (—88.3/RT) 1050
Garnet 0.0275 exp (—70.0/RT) 790
Pyroxene 0.0039 exp (—86.2/RT) 1100
Pyroxene 659 exp (—80.0/RT) 665
Pyroxene 1.306 exp (—80.0/RT) 810
Olivine 8 X 107" exp (—31.7/RT) 430
Spinel 0.02 exp (—86.1/RT) 1035

¥ =10;s = 10°C/my; a = 1000 um.
“All sources of data are as in Table 3.

Table 7. Iso-y’ temperatures.®

Mineral D T, ("C)
Garnet 6.11 exp (—82.2/RT) 865
Garnet 0.023 exp (—88.3/RT) 1155
Garnet 0.0275 exp (—70.0/RT) 860
Pyroxene 0.0039 exp (—86.2/RT) 1200
Pyroxene 659 exp (—80.0/RT) 715
Pyroxene 1.306 exp (—80.0/RT) 880
Olivine 8 X 1077 exp (—31.7/RT) 500
Spinel 0.02 exp (—86.1/RT) 1125

¥ =0.1;5 = 10°C/my; a = 1000 um.
“All sources of data are as in Table 3.
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Table 8. Pyroxene iso-y’ temperatures.’

s (*C/my) T,(CO)

0.01 805
0.10 865
1.0 935
10.0 1010
100.0 1100
1000.0 1200

10000.0 1320

¥ = 10.0; a = 1000um.

Diffusion data of Brady and McCallister
(1983).

Alternatively, a re-calibration of the geothermometer may be needed. We will
return to this example below.

Tables 4 and 5 give garnet T, temperatures that suggest that even high-grade
metamorphic rocks will retain their garnet composition, at least in the core, if the
cooling is not too slow. Therefore, we have a kinetic justification for the various
garnet geothermometers.

Table 9 shows similar results for garnet using the diffusion data of Lasaga et
al. (1977) and of Elphick et al. (1981). The data of Lasaga et al. (1977) yield
temperatures which are much lower than the corresponding ones for pyroxene.
However, the applicability of garnet-containing geothermometers in metamorphic
terranes is again generally justified (e.g., Ferry, 1980; Tracy et al., 1976). Table
9 shows that if for some reason the cooling paths were slower (e.g., 0.01°C/my),
then v/ = 10 only at 565°C. In this case there will be re-equilibration of even the
cores down to amphibolite facies range.

Of course, these numbers are based on a crystal size of 1 mm. For smaller

Table 9. Garnet isoy’ temperatures.

s (°C/my) T T, ("C)*

0.01 565°C 785
0.10 610°C 840
1.0 665°C 907
10.0 720°C 980
100.0 790°C 1050
1000.0 860°C 1155

10000.0 945°C 1260

¥ = 10.0; a = 1000 pm.
*Diffusion data of Lasaga et al. (1977).
*Diffusion data of Elphick et al. (1981).
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crystals the 4’ numbers would change according to Eq. (40). The quadratic depen-
dence on “a” means that small garnets, e.g., 100 um, would reach v/ = 10 if s
= 10°C/my only at T, = 610°C rather than 720°C. The same remarks apply
to the other tables.

The data of Lasaga et al. (1977) would indicate that garnet would not be as
useful at higher temperatures, e.g., in upper mantle geothermometry. However,
in this case, garnet may be the mineral with fast diffusion (e.g., when compared
to pyroxene) and one of our results is that the critical T, is the T, of the mineral
with the slowest diffusion. Table 8 has indicated that use of pyroxene pushes the
acceptable T, to higher values (although still not covering the entire range).

Table 10 gives the results for olivine. It should be noted that the diffusion data
of Buening and Buseck have a kink (change in mechanism) at around 1125°C.
Therefore, the appropriate D vs. T curve has been used in Table 10. It is also
important to realize that D varies as f3.¢ in olivine (Buening and Buseck, 1973).
Therefore, f;, values other than 107'? bar will change the numbers accordingly.
It is clear that olivine is absolutely unacceptable as a geothermometer in plutonic
environments (see also Smith and Roden (1981)). However, as we raise the value
of s to those of extrusive events, the T, for olivine finally climbs to acceptable
levels. For temperatures greater than 1000°C, the cooling rate would have to be
greater than 10°C/year, if olivine is to be acceptable. However, it should be
repeated that this constraint applies only if olivine is the mineral with slow
diffusion.

The spinel (MgAl,O,) T, is similar to those obtained for pyroxene. Therefore
the spinel is a good candidate for geothermometry of ultramafic rocks.

It is probably instructive to close with a more detailed example of the power
and simplicity in the use of 4’ and Figs. 4 and 5. Recently there has been interest
in deciphering the meaning of the temperatures obtained for garnet—clinopyrox-
ene pairs, expecially in garnet lherzolites found in crustal rocks (see Carswell and

Table 10. Olivine iso~y’ temperatures.”

s (°C/my) T(CO
1.0 315
10! 370
10? 430
10° 500
104 585
10° 695
10° 830
10’ 1005
108 1235

¥ = 10.0; a = 1000 pm.

“Data of Buening and Buseck (1973) and
Jo, = 107" bars.
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Gibb, 1980; Harte et al., 1981; Harte and Freer, 1982; Dahl, 1979). The kinetic
questions that arise are amenable to the treatment presented here. For calcula-
tions, we have used the revised K, of Mori and Green (1978):

_ (Fe/Mg) .

2= (Fe/Mg) 45)

where
Kp = 3.287 e S0/RT, (46)

The diffusion data of Brady and McCallister (1983) for clinopyroxene and of
Elphick et al. (1981) and Lasaga et al. (1977) for garnet (see Table 3) have been
used. The initial compositions were assumed in equilibrium at 1200°C:

% = 22mol %, cfy = 15 mol %,
i = 20mol %, i = 6.62 mol %.

The garnet size is taken as 0.6 mm and the clinopyroxene crystal as 0.3 mm. How
would this geothermometer respond to various thermal histories?
The previous equations were rewritten as

dcy _ Fcy dcs _ Dy(t) &cs

ar,  ax?’  ar, D) ax*’
x =0to1, x’ = 0to b/a,

and

ccs — Cp)
cs(cd — ca)
= Kp (1 — vl

= Kye™

nOal o p e
DA(tr) ax, v =0 = DB(tr) ax, v = 01
9¢a dcs

= (,

x = b/a

e =% oy

where b is the length of mineral B and the other variables are defined as before.
¢, now stands for ¢, and c; for ¢;5. (Component 1 was taken as Fe and mineral
A as clinopyroxene, B as garnet.) ¢f' and cj§' are the sums in Egs. (9) and (10)
(e.g., 26.62 and 37 mol %). These equations were solved exactly by a general finite
difference program (program is available from author). The results are shown for
each set of garnet diffusion data in Figs. 7 and 8.

Returning to our general scheme, clinopyroxene is the slow diffusing mineral
in this pair. Therefore we should compute +’ for cpx. Using @ = 300 um, the
results are shown in Table 11. If s = 10°C/my, v/ = 0.009 at 1200°C. There-
fore, it is clear that extensive re-equilibration will take place as is shown in Figs.
7 and 8. Note the slight change in the garnet profiles, which is predicted by Fig.
5. We had stated earlier that 4/ would have to reach 10 before the cores of the
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Table 11. ' values for clinopyroxene.”

s = 10°C/my s = 100°C/my

T, (°C) Y T, (°C) v

1200 0.009 1200 0.090
1100 0.089 1100 0.89
1000 1.24 1050 3.16
950 5.40 1000 12.4
900 26.60 950 54.0
850 150.6 900 266.0

a = 300 pum.

“Diffusion data of Brady and McCallister

(1983).

crystals could preserve the temperature. A simple calculation yields 7, = 930°C
if ¥ = 10 and s = 10°C/my. We can take the core regions of Fig. 7(a) to
calculate K

5.23/21.38
= —————— = ().3268,
Ko 15.84/21.16 03
which, using Eq. (46), yields
T =948°C

in very good agreement with 7,. Similarly 7, = 1010°C if 4/ = 10 and 5 =
100°C/my. The K, calculated from the cores of Fig. 7(b) yields T = 1033°C.

Figure 8 uses different garnet diffusion data. According to our results, if garnet
is the faster diffusing mineral, changing diffusion coefficients should not lead to
major changes in the profiles. It is of interest to note that the core compositions
in Figs. 8(a) and 8(b) yield corresponding temperatures of 965°C and 1051°C.
Obviously, the similarity in the temperatures of Figs. 7 and 8 show that it is the
slow diffusing mineral that controls the ultimate K, obtained. In both cases, cli-
nopyroxene is the mineral with the lowest D, although in the case of the Elphick
et al. data the D’s are beginning to approach each other (and there are some
deviations).

These caiculations show the great power of v/ and Figs. 4 and 5. They also
quantify further the kinetic problem recently raised by Harte and Freer (1982).

Appendix A

Equations (7) and (8) are needed to satisfy conservation of mass at the boundary
of the exchanging minerals. However, in most applications the concentration units
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are in mol % or mole fraction. While these units are perfectly acceptable in the
K, equation and in the diffusion equation if there are negligible changes in volume
due to diffusion for each mineral, they must be corrected when comparing the
fluxes as in (7) and (8). The reason for the correction stems from the need to
match fluxes in units of moles/cm?/sec. Let us assume ¢ in Eqgs. (7) and (8) is in
units of mol %. Then to convert the diffusion flux to units of moles/cm?/sec, it is
necessary to use molar volumes (to change ¢ to units of moles/cm’). For example,
suppose the minerals are orthopyroxene, Mg,Fe,_,SiO;, and garnet,
Mg, Fe,_,Al,Si;0,,. Then, utilizing oxides, the mol % of magnesium in opx and
garnet is given by

mol % Mg = — - 100 opXx,

fud
2
X
mol % Mg = 7 100 garnet.
Therefore the relation between mol % and moles/cm’ is

for opx moles Mg/cm® = = = ——— =

fo t moles Mg/cm® = = =
r garnet moles Mg/cm V. 100 7.

where V, stands for the molar volume of i. Therefore the correct expression of the
diffusion flux boundary condition is
2 0Copx 7 0C4s

——— Dy ——=— D, .
100V, ™ 8x lxao 100V, ™ dx lx-o

These equations reduce to Egs. (7) and (8) only if 2/V,,, = 7/ V,,, This is indeed
reasonably true, i.e., usmg Vm R Vegatte = 31.4 cm®/mol and Vw ~ me =
113 cm®/mol, then 2/¥,, = 0.064 and 7/V,, = 0.062! Analogous correction
factors for olivine, Mg.Fe,_.SiO,, and clinopyroxene, Mg.Fe,_ ,CaSi,0,, are
3/(100Vo,,v) and 4/(100chx) respectively. Again, using Vv = Vioserte = 43.79
cm’/mol and Ve = Vd,‘,,,,,‘,e = 66.09 cm’/mol, the comparison is between
3/ V. = 0.068 and 4/ chx = 0.061. It should be clear that the effect of incor-
porating these volume factors on either side of Eq. (7) or (8) is such as to leave
the equation unchanged (i.e., we multiply both sides by almost the same number?).
In conclusion, Egs. (7) and (8) are almost exact (and quite adequate for our pur-
poses) as they stand.

Appendix B

Diffusion Data

We should make some remarks regarding the diffusion data in Table 3. There is
still a great need to obtain more data on mineral diffusion, especially because of
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the complexities of mineral structures and because of the slow diffusion mecha-
nisms. However, there is now a preliminary body of data that is tentatively grow-
ing. The data needed in applications such as those envisaged here are the inter-
diffusion coefficients of minerals rather than the tracer diffusion coefficients (see
Anderson, 1981). The data in Table 3 list some of the recent numbers for minerals
of importance to geothermometry. The Freer (1981) garnet data are for cation
interdiffusion in an almandine-pyrope couple and were obtained at 1150-1330°C
and 30 kbar. The garnet data of Elphick et al. (1981) were also for Fe-Mg inter-
diffusion in almandine-pyrope couples at 1200-1400°C. Their data yield

D = 0.023 ¢ *¥/RT t0 1.86 ¢~ "%/~ ¢cm?/sec.

We have chosen the expression with the lower activation energy because it con-
forms better with other results. The garnet data of Lasaga et al. (1977) were
again for Fe-Mg interdiffusion in almandine-pyrope but were obtained for high-
grade metamorphic conditions from field observations. The f,, dependence of gar-
net diffusion has not been studied in any of the works discussed above.

Pyroxene diffusion data seem to be still in a state of infancy. The data of Brady
and McCallister (1983) were obtained from homogenization of fine-scale coherent
(001) pigeonite lamellae in a subcalcic diopside and refer to Ca—Mg interdiffusion
in the 1150-1250°C range and at 25 kbar. The equation under Sanford and
Huebner (1979) was computed by us using their minimum interdiffusion coeffi-
cient of 4 X 107" cm?/sec at 1050°C and a “reasonable” activation energy of
80 kcal/mol. Likewise the equation under McCallister et al. (1978) uses their
tracer “*Ca diffusion data in diopside at 1300°C and an activation energy of 80
kcal/mol.

The olivine Mg-Fe interdiffusion data of Buening and Buseck (1973) are
shown. These data were obtained at temperatures of 1000~1200°C. The f,, was
controlled in this case at f,, = 107'? bar. The f,, dependence was studied and D
was found to depend on f¢/%. Furthermore, the In D vs. 1/ T curves had a change
in slope at 1125°C, suggesting a change in diffusion mechanism.

Finally, the spinel (MgAl,O,) data of Lindner and Akerstrom (1958) shown
are for Mg tracer diffusion and were obtained at 1173-1673K.

It is clear that use of these data is tentative. In many cases, important variables
such as fy, have been ignored. Most Fe-containing minerals will have diffusion
coefficients that depend on f;, (see Lasaga, 1981). Furthermore, we will be using
the data in temperature intervals that lie outside the experimental ones. Such
extrapolations should be done cautiously because diffusion mechanisms may
change (Lasaga, 1981).

Summary

The equations governing the kinetic response of ion exchange geothermometers to
their thermal history can be solved and reduced to workable parameters. With the
introduction of the ¢’ transformation, the equations are simplified considerably.
Further simplification is accomplished by the use of dimensionless variables,
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t; and x;. The solution to the equations can then be characterized largely by just
two dimensionless parameters, 4’ and 3/v. These parameters depend on the dif-
fusion coefficients of the minerals, the enthalpy change of the ion exchange reac-
tion, the initial compositions and the thermal history. Therefore, a general set of
curves was generated, which depicted the behavior for various typical values of
v’ and B/v. Some major conclusions obtained are that (a) the lack of zoning is
not an absolute guarantee of equilibrium (i.e., low 4 values will also yield the
same type of profile) and (b) the usefulness of a geothermometer is largely con-
trolled by the mineral with the slowest diffusion process in the temperature range
of interest.

The general curves can be used to analyze all the various common ion exchange
geothermometers. In particular, the suitability of garnet geothermometers for
most metamorphic conditions is quantitatively proven. Use of olivine, on the other
hand, is strictly limited to rather fast cooling conditions (s > 10°C/year). The
applicability of garnet—pyroxene geothermometry in upper mantle studies is prob-
lematic in that in some cases the thermometer will work while in others the tem-
peratures obtained may be nonequilibrium.
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Chapter 4
Mg-Fe Fractionation in Metamorphic
Environments

H. P. Eugster and E. S. Ilton

Introduction

Metamorphic reactions generally proceed in and depend on the presence of an
aqueous fluid, whether as a separate phase or as an aqueous grain boundary phase.
Walther and Orville (1982) believe that

Regionally metamorphosed rocks will have a discrete fluid phase only when devolatili-
zation reactions are actually taking place. At other times only an absorbed surface mono-
layer of volatiles on the minerals will be present. (p. 252)

Whichever is the case, this fluid is the principal transport medium for chemical
exchanges between reactants and product minerals. The composition of this fluid
must be known in order to define concentration gradients and calculate mass bal-
ance conditions. In earlier contributions (Gunter and Eugster, 1980; Eugster,
1981, 1982; Eugster and Gunter, 1981) we have used mineral assemblages and
their experimentally determined solubilities to estimate fluid compositions. This
approach rests on the assumption that for most metamorphic reactions mineral
assemblages buffer the composition of the surrounding fluid. Effects of solid solu-
tion on solid-fluid fractionation were also evaluated briefly.

In this chapter we attempt to build a bridge to the large amount of data avail-
able on solid-solid exchange reactions in natural and synthetic systems. For the
time being, we restrict ourselves to Mg-Fe exchange. The importance of measur-
ing distribution constants between two or more crystalline solutions was docu-
mented by Kretz (1959) and Mueller (1960). Since then, such information has
been used extensively in geothermometry and geobarometry, as well as for the
purpose of characterizing the solid solutions. Solubility data for silicates at ele-
vated temperatures and pressures are confined to pure end members, but with the
aid of exchange data calibrated in the laboratory, we can estimate solubilities of
intermediate members. We can also use the extensive information available on
natural assemblages in order to estimate fractionation effects between solids and
fluids, which can be very pronounced.
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Review of CI-OH Systems

Systems dominated by Cl and OH have been discussed earlier (Eugster and Gun-
ter, 1981) with respect to the major cationic solutes Si0O,, Na, K, Ca, Mg, and
Fe. The few available data on carbonate-dominated fluids at elevated P and T
were summarized by Eugster (1982). In some near-surface environments, SO, is
an important solute, provided the conditions are sufficiently oxidizing. Anhydrite
frequently occurs in the alteration products of basalt by sea water, while sulfate
reduction has been invoked for the formation of large-scale sulfide deposits (e.g.,
Williams, 1978). Nonetheless, data on fluid inclusions point to the fact that most
metamorphic fluids are dominated by chloride (see for instance Hollister and
Crawford, 1981).

Mineral solubilities are strongly dependent upon chloride concentrations, with
the lowest solute levels associated with the freshest waters. In the absence of chlo-
ride, OH becomes the dominant anion, representing the most alkaline conditions
which can be reached by the chloride-free, limiting system. These relations are
illustrated in Fig. 1 for fluids equilibrated with the assemblage albite + parago-
nite + quartz at 2000 bars pressure. Individual species abundance curves are
based on the following exchange and dissociation reactions:

1.5 NaAlSi,0; + HCl = 0.5 NaALSi,0,,(0OH), + 3 SiO, + NaCl (1)

H,O0=H" + OH"™ ()
HCl=H* + CI- 3)
NaCl = Na*t + CI™. 4

The abundances of each of the seven species, H,O, HCl, NaCl, H*, OH™,
Na*, and CI™, can be calculated from the four equations for a given temperature,
making use of the two additional constraints of electrical neutrality and the partial
pressure equation (Pg, = Zp). One of the solutes still remains to be specified.
This is achieved most conveniently either by using pH as the master variable, or
by plotting individual molalities against the sum of the molalities of all chloride
species, the total chlorinity. Figure 1 illustrates the first choice and Fig. 2 the
latter, both calculated for a range of temperatures.

As pointed out by Gunter and Eugster (1980), solubilities reach a minimum
when chloride molality goes to zero and the molality of OH™ becomes equal to
the molality of Na*, the most abundant cation. For the mica-feldspar assem-
blages, this limiting pH is near 7, and it can be exceeded only if additional cations
are present to balance OH™. On the other hand, a decrease in pH, representing
increasing chlorinity, leads to sharply increasing solute molalities. Slopes and posi-
tion of the abundance curves can be calculated from the equilibrium constants K,
to K, representing egs. (1)-(4). The albite-paragonite—quartz assemblage buff-
ers, for a given P and 7, the NaCl/HCI ratio in the fluid:

log K; = log NaCl — log HCI. 5)

From Egs. (3) and (4) we have
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Fig. 1. Solute abundances of chloride fluids in equilibrium with the assemblage albite +
paragonite + quartz as a function of pH at a water pressure of 2 kbars, and at temper-
atures from 300 to 600°C. At the lower pH values, the curves for Na* and Cl™ are
superimposed, while at the limiting pH, Cl~ concentration goes to zero, because OH™ =
Na*. From Gunter and Eugster (1980, Fig. 9).

log HCI = log CI” — log K; — pH 6)
log NaCl = log Na* + log CI~ — log K,. @)
Combining Egs. (5), (6), and (7) yields
log Na = (log K, — log K; + log K,;) — pH. ®)
That is, sodium molality and pH vary inversely. Furthermore
mNat > mH*

and hence, because OH™ molality is small, except for the limiting, chloride-free
system, we have

mNa* = mCl™. )
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log m;

log M¢; (10n)

Fig. 2. Same data as those of Fig. 1, but now plotted against total chloride molality. From
Eugster and Gunter (1981, Fig. 4).

From (5), (7), and (9) we get

log NaCl = (2 log K, — 2 log K; + log K,) — 2pH (10)
log HCl = (log K, — 2 log K; + log K,) — 2pH. (11)

Consequently, the curves for log NaCl and log HCI are inversely proportional
to 2 pH. The value for SiO,, on the other hand, is independent of pH and is con-
trolled by the solubility of quartz. OH™ molality is defined by Eq. (2) and the
intersection of H* and OH ™, the acid-base neutrality condition, varies as a func-
tion of P and 7. Figure 1 applies to the pure system Na-Cl-O-H, buffered by
albite + paragonite + quartz. Addition of other solutes will modify the species
abundance curves through the electrical neutrality condition, Eq. (9).

Figure 2 is constructed from the same information as Fig. 1, but using the mass
balance constraint of chlorinity

(mCltot = mCl~ + mNaCl + mHCl, (12)
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assuming no other chloride-bearing solutes are present. Reasonable molalities are
obtained for pH values from about 7 to 3 or 4, depending on T. Lower pH con-
ditions lead to chlorinities of more than 10 moles for these assemblages. Figure 2
illustrates that increasing temperature and increasing chlorinities favor the asso-
ciated species NaCl and HCI over the ionic solutes Na*, Cl1™. Increases in water
pressure favor dissociation, but the effect is much smaller (see Gunter and Eugs-
ter, 1980, Fig. 8). Diagrams similar to Fig. 1 and 2 have been constructed for
Na-K-Cl-OH systems (Gunter and Eugster, 1980) as well as Mg—CI-OH sys-
tems (Eugster and Gunter, 1981). They can be constructed for any solute system
for which the appropriate information is available on mineral solubilities, disso-
ciation constants and mineral buffers.

Speciation in Chloride Fluids at High P and T

Information on speciation of chloride solutes in hydrothermal fluids is incomplete,
but some general remarks may be helpful. Frantz and Marshall (1982) presented
information on the stepwise dissociation of MgCl, in supercritical aqueous fluids
based on conductivity measurements, while Crerar et al. (1978) have used solu-
bility data on the magnetite + pyrite + pyrrhotite buffer to extract dissociation
data for FeCl, from 200 to 350°C along the vapor-saturated (S + L + ¥) curve.
Figures 3 and 4 are Bjerrum diagrams (see, for instance, Stumm and Morgan,
1981, p. 145), showing the abundance of species for Mg, Fe and Na in chloride
solutions. Total metal molalities, mi, are fixed arbitrarily (log mi is 0, —2, or —

) Na* NaCl  Na* NaCl
Mg2* MgCI*
_gfMe g
£
g 600°C
—6—
-8 T T
8 6

Fig. 3. Species abundance diagrams for MgCl, and NaCl and their dissociation products
at 400" and 600°C and 1 kbar as a function of pCl, the negative logarithm of the total
chloride molality. Total Mg molality is 10~ moles and total Na molality is 102 moles.
Data from Frantz and Marshall (1981) and Quist and Marshall (1968).
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300°C
Fe?* FeCl* FeCl,
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4 2 0
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Fig. 4. Species abundance diagrams for MgCl, and FeCl, and their dissociation products
at 300°C as a function of —log(mCl),,, pCl. The Mg diagram is drawn for two pressures,
1 kbar and the pressure of the saturated liquid (L + V, about 85 bars). For the former,
magnesium molality was set at 102 and for the latter at 10™* for ease of illustration.
Data from Frantz and Marshall (1982). FeCl, dissociation from Crerar et al. (1978) is
drawn for the L + V pressure, and an iron molality of one.

4) to best portray the relationships. Because we are concerned with chloride spe-
cies and not with hydrolysis, the master variable is pCl, the negative logarithm of
the total chloride molality, rather than pH. Dilute solutions plot on the left, saline
ones on the right.

Figure 3 is drawn for 1 kbar water pressure, at 400 and 600°C and compares
the behavior of Mg with that of Na (data from Quist and Marshall, 1968). The
magnitude of the dissociation constants for the chloride complexes is indicated by
the pCl value at the intersection of the participating metal species. Thus the first
dissociation constant for MgCl, corresponds to the pCl value for the condition
Mygci- = Mygep, and so forth. Figure 3 documents a number of significant
features:

1. At constant P and T, increasing chlorinity, (mCl),,, correlates with the tran-
sition from the most highly charged, chloride-poor cationic complex to the most

chloride-rich anionic species:
Mg?* — MgCl* — MgCl, — MgCly — MgCly™ (13)
Nat — NaCl — NaCl;.
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Similar behavior has been documented for silver chloride complexes by Seward
(1976) in his solubility study of chlorargyrite. With increasing chlorinity, Seward
found the following sequence:

Agt — AgCl — AgCl; — AgCl3~ — AgCl;™. (14)

Seward (1981) has documented a similar series for lead chloride complexes.

2. Increasing temperature has an effect equivalent to increasing chlorinity, pCl.
At constant pCl, an increase in temperature leads from chloride-poor to chloride-
rich complexes, and from cations and anions to neutral species:

Mg** — MgCl* — MgCl, < MgCl;. (15)
g

Again, this accords with the findings of Seward (1976, 1981) on silver and lead
chloride complexes. Formation of chloride complexes appears to be attended by
an overall decrease in solvation and hence is favored by higher salinity (lower
ay,0) and higher temperature (decrease of the dielectric constant of the solvent):

Mg**-kaq + Cl"-maq — MgCl*-naq, where n < (k + m). (16)

For comparison, Fig. 3 also shows NaCl dissociation; the constants are not very
different from the first dissociation constant for MgCl,.

Figure 4 gives information on the effect of water pressure on dissociation as
well as a comparison between Mg and Fe complexes for a constant temperature
of 300° C. For Mg complexing, two pressures are shown: L + ¥ (about 85 bars)
and 1000 bars. In this range, an increase in pressure also seems to favor the more
highly chlorinated complexes for a given chlorinity. There appears to be little dif-
ference between the first dissociation constants for MgCl, and FeCl,, whereas the
second constants are quite different, with Fe more easily complexed. However, the
data are too incomplete and uncertain to permit generalizations.

The data on chlorargyrite indicate that we must contemplate the existence of
higher chloride complexes for Mg and Fe at higher temperatures and chlorinities.
The data reported by Chou and Eugster (1977, table 1) on magnetite solubility
in chloride solutions generally conform to the condition:

2mFe = mCl

except for temperature at and above 600° C, where clearly
2mFe < mCl

for solutions of moderate salinities. Perhaps this signals the presence of more
highly chlorinated species, such as FeCl; and FeCl;~. A further analysis of the
data is in progress.

Figure 5 is a schematic diagram for a hypothetical bivalent metal and the effect
of chloride complexing on its cation as a function of pCl. The upper portion is a
Bjerrum distribution diagram equivalent to Fig. 3. The lower part is the corre-
sponding solubility diagram for the solid MeCl, phase, with the solubility curve
defined as the sum of all Me solute species. In metamorphic environments, tem-
peratures and salinities may reach high enough values to stabilize chloride-rich
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{me? MeCI* MeCl,  MeCl;  MeCi2~
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pCl

Fig. 5. Hypothetical diagram illustrating the chloride complexing behavior of a bivalent
metal as a function of pCl. The upper diagram (a) is a distribution diagram for a fixed
metal molality, mMe. The lower diagram (b) is the solubility diagram for the solid phase,
MeCl,. Corresponding equivalence points (dissociation constants) are indicated by

dashed lines.

anionic complexes such as FeCl; and MgCl;y or even NaCl; over the neutral,
uncharged complexes FeCl,, MgCl,, and NaCl. If this is the case, mineral solu-
bilities and transport in chloride solutions could be effected significantly at the
higher grades of metamorphism. Appropriate solubility determinations are
required to test this inference. In this chapter, for lack of information and for the
sake of simplicity, we take MgCl, and FeCl, to represent all uncharged and
anionic chloride complexes with Cl = 2.

Mixing of Waters

Mineral precipitation as a consequence of mixing of waters has been suggested
for many geologic environments, including ore deposits and carbonate rocks, and
it must also be considered as an important mechanism in metamorphic environ-
ments where conditions are appropriate for the flow of aqueous fluids. Because of
the dependence of solute abundances and solute speciation on chlorinity, mixing
effects can be pronounced. To be able to predict such effects quantitatively, we
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would have to know the chlorinities of the fluids before and after mixing, along
with the appropriate solubility and dissociation constants. This seems a near
impossible task, even if detailed fluid inclusion data are available.

Gunter and Eugster (1981) calculated activity gradients maintained in fluids
by incompatible mineral assemblages. They documented that such incompatible
assemblages impose upon the fluid gradients in either pH or pCl, which cannot
be wiped out by mixing of waters or by diffusion without destroying at least one
of the incompatible assemblages. Assuming that the proton diffuses most rapidly,
it seems likely that gradients in chlorinity continued to exist between such incom-
patible assemblages and that such gradients might be reflected in the compositions
of the fluid inclusions.

Mg-Fe Solubility and Exchange Reactions: Methodology

Solubility determinations for Fe~-Mg solid solutions in supercritical chloride solu-
tions are not available. In an attempt to estimate the relative abundances of
MgCl, and FeCl, in metamorphic solutions, Eugster and Gunter (1981, Fig. 10)
relied on the assemblages talc + quartz and magnetite. For a given chlorinity,
FeCl, was found to be somewhat more abundant than MgCl,. This conclusion
depends of course on the nature of the assemblages chosen for the comparison.

Schulien (1973, 1975, 1980) measured the equilibrium constant, Kp, for the
exchange reaction

{KFe,AlSi,0,4(OH), + MgCl, = {KMg,AlSi,0,,(OH), + FeCl, 17
where K, = (Mg/Fe)biotite/(Mg/Fe)fluid, (17

in the temperature range 500-700°C and at water pressures of 250 to 2000 bars,
using a 2 molar chloride solution (FeCl, + MgCl, + KCI). In this temperature
range, Mg is preferentially fractionated into biotite and Fe into the fluid. With
increasing temperature, the effect increases, as documented in Fig. 6. At temper-
atures at and above 600°C, K|, values are, within experimental uncertainty, inde-
pendent of composition and the exchange equilibrium can be represented by a
hyperbola in a Roozeboom diagram:

XE + (Kp — 1) XE Xpote — K, X = 0 (18)
corresponding to the defintion of K,
Kp = XR* (1 — X¥9/(1 — Xhid) xpose, (19)

From this relationship we imply that both solution phases mix ideally at higher
temperatures or that nonidealities cancel. At lower temperatures, for lack of more
compelling information, we may assume that the fluid also mixes ideally regard-
less of the solid solution with which it is in equilibrium. It is important to remem-
ber that Schulien (1980) only considered synthetic biotites along the join
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Schulien, 1980

XMgCI2

X

phlogopite

Fig. 6. Mg-Fe exchange equilibrium between biotite and a chloride fluid, as determined
by Schulien (1980). Ideal exchange has been assumed throughout the compositional
range, with the following constants calculated from the averages of the individual exper-
imental determinations: 700°C (19.27), 600°C (11.1), 500°C (7.78), where K, = (Mg/
Fe) biotite/(Mg/Fe) fluid. For 700 and 600° C the predominant pressure was 1 kbar, for
500° it was 0.3 kbar.

phlogopite-annite. Additional components can exert significant influence. On the
other hand, as much as 10~15% ferric iron was found in a few samples, apparently
with no effect on the K, values.

Schulien et al. (1970) measured K, values for the exchange between olivines
and Fe-Mg fluids. Olivine fractionates less effectively than biotite (see Fig. 7).
At 600°C, K, olivine/fluid is 8.33, whereas K), biotite/fluid is 11.11. Having
obtained the biotite-fluid and olivine-fluid calibrations at 600°C and 1 kbar, we
can use data on biotite~(mineral 1) and olivine—(mineral 2) pairs in order to eval-
uate the (mineral 1)-fluid and (mineral 2)-fluid exchange equilibria. Treating
the chloride fluid as a monitoring solution allows us to compare the behavior of
any Mg-Fe solid solution with respect to that standard. Because of the narrow
temperature range for the calibrations, we will stick to 600°C for this initial sum-
mary. In this manner we can correlate quantitatively a wide range of mineral
solutions.

We propose to use the following bridges: fluid-biotite-garnet—clinopyroxene-
orthopyroxene (and hornblende); fluid-garnet—cordierite; fluid-olivine-orthopy-
roxene and fluid-olivine-spinel in order to cover the data available.
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Garnet-Fluid Exchange

Ferry and Spear (1978) carried out experiments on the partitioning of Fe and Mg
between garnet and biotite in the temperature range from 550 to 800°C and a
pressure of 2.07 kbar, using synthetic biotites on the join phlogopite-annite and
synthetic garnets along the join almandme—pyrope The experimental results best
fit the expression

Log K, = —916/ T(K) + 0.340,
where K, = (Mg/Fe)garnet/(Mg/Fe)biotite.

Adding a pressure correction term, this expression becomes
52.107 KJ — 19.506 T(K) + 0.238 P(bars) + 3 RTIn K, = 0. (20)

For 600°C and 1 kbar we obtain a K, value of 0.198. Next we combine the
biotite-fluid exchange reaction with the garnet-biotite information to derive the
garnet—fluid exchange:

Fe-biotite + MgCl, = Mg-biotite + FeCl,, K, =11.11 21
Fe~garnet + Mg-biotite = Mg-garnet + Fe-biotite, K, = 0.198 (22)
Fe-garnet + MgCl, = Mg-garnet + FeCl,, Kp = 22. (23)

The first two reactions are added so that biotite cancels and the coefficients are
multiplied. Since K, for garnet/fluid is 2.2, it is clear that garnet fractionates Mg
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Fig. 7. Comparison of the Mg-Fe fractionation between biotite~fluid and olivine-fluid
at 600°C, 1 kbar. Data from Schulien (1980) and Schulien et al. (1970).
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Fig. 8. Comparison of the Mg~Fe fractionation at 600°C, 1 kbar between a chloride fluid
and the minerals garnet, clinopyroxene and cordierite. Also shown, as a dashed curve, is
the biotite~fluid curve of Fig. 7. For sources of data see text.

very much less strongly than does biotite. In Fig. 8 the two curves are contrasted,
along with comparative curves for clinopyroxene and cordierite to be discussed
later.

The calibration of Ferry and Spear (1978) was carried out with pure synthetic
minerals, but it was tested only for the almandine-rich portion of the garnet solid
solution. Also, because of the lack of reactivity of the garnets, very large garnet/
biotite ratios were used, so as not to have to rely on a change of garnet composi-
tion. We have extrapolated the ideal exchange. As garnet is a crucial link in the
chain, this extrapolation must be kept in mind for all subsequent results based on
the garnet-biotite bridge. The calibration of Ferry and Spear (1978) agrees with
the results of Thompson (1975) for the temperature range 400-600°C; however
it lies about 50°C higher than the data of Goldman (1977) for the same range.

Since K, (biotite-fluid) and K), (garnet-biotite) both decrease with tempera-
ture, K, (garnet—fluid) must also decrease with decreasing temperature. Further-
more, the fractionation between garnet and fluid is weak and it is quite possible
that at lower temperatures a reversal will be encountered, with garnet favoring
Fe over Mg, whereas the fluid will be enriched in Mg. Such behavior is illustrated
by Fe-Mg carbonates in chloride solutions, with the reversal located at about
350°C (Eugster, 1982).

When comparing data from natural mineral assemblages, it must be remem-
bered that Ferry and Spear (1978) did not evaluate the influence of Ca and Mn
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on the Mg-Fe exchange behavior. O’Neill and Wood (1979), in their work on
garnet—olivine, found that partitioning between 900° and 1400°C at 30 kbar is
strongly dependent on the Mg/Fe ratio and the calcium content of the garnet.
They interpreted their data in terms of a regular solution model. We did not use
the O’Neill and Wood (1979).data, because of the large temperature and pressure

gap.

Clinopyroxene-Fluid Exchange

Two experimental calibrations are available for the garnet—clinopyroxene Fe-Mg
exchange reaction. Raheim and Green (1974a) studied this mineral pair in eclo-
gites and their work was carried out in the temperature range 600-1500°C and
the pressure range 20-40 kbars. They concluded that, for 6.2 < 100 Mg/(Mg +
Fe) < 85, the bulk chemical composition does not perceptibly affect the K, val-
ues. This is a much wider compositional range than normally encountered in
basalts. Furthermore, the authors claim that, within basaltic compositions, minor
chemical variations have no appreciable effect on the K), values; but they do cau-
tion the application of this calibration to rocks of vastly different chemical
composition.

Ellis and Green (1979) attempted a similar calibration. They also used basaltic
compositions and compositions within the simple system CaO-MgO-FeO-~
Al,0,-Si0,. Garnet and clinopyroxene were crystallized at temperatures ranging
from 750 to 1300°C and at pressures from 24 to 30 kbars. Unlike Raheim and
Green (1974), Ellis and Green (1979) also attempted compositional calibrations
for components other than MgO and FeO. Apparently, up to 30% jadeite in cli-
nopyroxene did not significantly affect the K, values for a fixed P and T. On the
other hand, for a given P and T, the spread in K, values could be correlated with
the CaO content of garnet. The authors claimed that, using their calibration, they
were able to reconcile K, values from different bulk compositions.

Both experiments are consistent with respect to the trend of partitioning with
changing temperatures and pressures. K, = (Mg/Fe**)cpx/(Mg/Fe?*)gr
decreases with increasing temperatures and with decreasing pressure. However,
Raheim and Green (1974) obtained a rather large pressure coefficient, while Ellis
and Green (1979) argued that this pressure coefficient was erroneously high and
was caused by variable CaO content in garnet. In any case, our pressure extrap-
olation is excessively large and the results perhaps are semiquantitative at best.

For 600°C and 1 kbar, the data of Raheim and Green (1974) give a K, value
of 6.86. At 600°C, 1 kbar and extrapolated to 0% CaO in garnet, Ellis and Green
(1979) give a K, of 4.85. Both results were combined with K,, (garnet-fluid) to
give K, (cpx-fluid) = 10.67 and 15.09, respectively, where K, (cpx-fluid) =
(Mg/Fe**)cpx/(Mg/Fe®*) fluid. The two distribution curves are shown in Fig. 9
together with the biotite curve. Apparently, clinopyroxene partitions Mg as effec-
tively as biotite does, although large extrapolations in both P and T are involved
in this conclusion.
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Fig. 9. Mg-Fe fractionation between clinopyroxene and a chloride fluid at 600°C, 1
kbar. Data shown are those of Ellis and Green (1979), E + G; and Raheim and Green
(1974), R + G. The dots represent the biotite curve from Fig. 7.

Cordierite-Fluid Exchange

Holdaway and Lee (1977) attempted to calibrate the garnet—cordierite and bio-
tite-cordierite Mg—Fe exchange reactions by using natural occurrences of pelitic
rocks, as a function of metamorphic grade. Garnet with more than 13 mol %
(spessartite + grossularite) was excluded. The analyses they used, for the most
part, did not distinguish between Fe?* and Fe** and K, values were determined
using total Fe. Although we do have some constraints on garnet compositions, it
is clear that the method does not take into account the compositional dependence
of the K, values. In particular, we do not know how K, might vary with the Mg/
(Mg + Fe) ratio.

We combined K, (garnet—cordierite) and K, (biotite—cordierite), at 600°C
and 1 kbar with the garnet-fluid and biotite—fluid constants to obtain two separate
estimates for the cordierite-fluid exchange:

K, (garnet—cordierite) * K, (garnet—fluid) = 20 = K, (cordierite-fluid)
K, (biotite-cordierite) * K, (biotite-fluid) = 20.8 = K, (cordierite-fluid)
where
K (cordierite~fluid) = (Mg/Fe) cordierite/(Mg/Fe) fluid.
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As it involves fewer combinations, the second result should be more trustworthy,
but the agreement is more than satisfactory. The distribution curve for cordierite-
fluid Mg-Fe exchange, shown in Fig. 8, was drawn assuming ideal solution over
the entire Mg-Fe compositional range. Cordierite fractionates Mg into its struc-
ture more strongly than any other mineral we have looked at thus far.

A controversy has surrounded the garnet—cordierite exchange equilibria. The
experiments of Currie (1971) indicate that K, (garnet—cordierite) increases with
temperature. This is in disagreement with Holdaway and Lee’s (1977) calibra-
tions, experimental studies (Henson and Green, 1971, 1972; Holdaway, 1976) and
other work based on natural occurrences (Thompson, 1976; Perchuk, 1977). Fur-
thermore, Lonker (1981) shows that the temperature calibrations, at 4 kbar, of
Thompson (1976) and Perchuk (1977) are very close to that of Holdaway and
Lee (1977). All three calibrations are particularly close at 600° C (Lonker, 1981).

Wood (1973) tried to reconcile Currie’s (1971) “wet” experiments with Hen-
son and Green’s (1971, 1972) “dry” experiments by involving water in the
exchange reactions (i.e., Mg-crd and Fe-crd were given different XH,0). This
would make the exchange equilibria dependent on Py, with the dependence gov-
erned by the difference in water content of the two end member cordierites. Lon-
ker (1981), however, cited previous work to indicate that Fe—cordierite and Mg—
cordierite contain similar amounts of water. Also, Holdaway and Lee (1977) dem-
onstrated that neither K, (garnet—cordierite) nor K, (biotite-cordierite) varied
significantly with pressure. This constitutes further evidence that large amounts
of water are not involved in the exchange reaction. Holdaway and Lee (1977)
implied that Currie’s results may not have represented equilibrium since run times
were short.

We did not use the experimental results of Henson and Green (1971, 1972)
because their data do not reach below 800°C and their K, values show consid-
erable scatter. It should be noted that Labotka ef al. (1981) describe a composi-
tional dependence of K, (cordierite-biotite) for metamorphosed argillites (7 =
500-600°C, P = 1.5 kbar). Apparently K), = (Mg/Fe) cordierite/(Mg/Fe) bio-
tite decreases with decreasing AI(IV) in biotite and eventually a reversal occurs.
At relatively high AI(IV) in biotite we obtain a K, (cordierite-fluid) of 19.8.

One further check is possible. Engi (1978) presents data for 700°C and 800°C
at 1 kbar for the exchange reaction olivine~cordierite. At 700°C K, = 1.89 and
at 800°C K, = 1.64, where K, = (Mg/Fe) cordierite/(Mg/Fe) olivine. We
assumed a linear relationship between log K, and 1/ T and extrapolated to 600°C,
where K, = 2.26. Using Schulien’s value for olivine-fluid of 8.33, we obtain a
value of 18.82 for K, (cordierite~fluid) at 600°C, 1 kbar in surprisingly good
agreement with the numbers derived from the garnet-cordierite and biotite~cor-
dierite data of Holdaway and Lee (1977).

Caution should be exercised with Engi’s data, however, since cordierite was a
byproduct phase. The initial cordierite composition was unknown and hence
reversibility was not demonstrated. Furthermore, these K, values were good only
for low values of Fe/(Mg + Fe) and Engi (1978) detected a deviation in K, at
higher values of Fe/(Mg + Fe). Nonetheless, the agreement lends credence to
the cordierite-fluid constant extracted here.
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Orthopyroxene—Fluid Exchange

Kretz (1963) fashioned a tentative geothermometer from the distribution of Mg
and Fe between calcic pyroxene and orthopyroxene. Mineral pairs from natural
occurrences were grouped according to metamorphic grade. The K), values, for
three different metamorphic grades, were averaged and temperature estimates
were assigned to these groupings. The three averages spanned temperatures from
1150°C to 670°C and showed a linear relationship when plotted on a log K, vs.
1/T graph. K, (orthopyroxene—clinopyroxene) increased with increasing temper-
ature, where K, = (Mg/Fe) orthopyroxene/(Mg/Fe) clinopyroxene. No com-
positional calibration was given.

We extrapolated to 600°C to obtain an average K, (orthopyroxene—clinopy-
roxene) of 0.50. Next, we combined this K, with K, (clinopyroxene—fluid)
obtained from Ellis and Green (1979) to derive K, (orthopyroxene—fluid) = 5.4,
at 600°C and ~1 kbar, where K, (orthopyroxene-fluid) = (Mg/Fe) orthopyrox-
ene/(Mg/Fe) fluid. The distribution curve of Fig. 10 was drawn assuming ideal
solution over the entire Mg-Fe range.

Kretz (1981) found a slight compositional dependence of K, (orthopyroxene—
clinopyroxene) for granulite facies rocks. K, = (Fe/Mg)opx/(Fe/Mg)cpx
decreases with increasing X, in opx such that K, = 2.0 — 0.45 Xg(opx). How-

Orthopyroxene

1.0
600°C

1kb
9r

.8

solution
X MgCI2
o

Fig. 10. Mg-Fe fractionation between orthopyroxene and fluid at 600°C, 1 kbar. K
refers to the data of Kretz (1963), S to those of Saxena (1968). The biotite curve, B
(dashed), is from Fig. 7 and is shown for comparison.
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ever, Maxey and Vogel (1974) describe the opposite trend for amphibolite facies
rocks with K, (opx—cpx) increasing with increasing Fe content in the pyroxenes.
K, values ranged from 1.4 to 1.9.

Saxena (1968) attempted a calibration of the olivine~orthopyroxene Mg-Fe
exchange reaction. His data came from coexisting olivine and orthopyroxene in
rocks and from high-temperature experiments. The model developed implies a
remarkable dependence of K, on the Mg/(Mg + Fe) ratio. We combined the
various values for K, (orthopyroxene-olivine) at 600°C with K, (olivine-fluid) to
derive K, (orthopyroxene-fluid) values. The distribution curve obtained for ortho-
pyroxene—fluid in this manner is also shown in Fig. 10 and compared with the
curve based on Kretz (1963). The Saxena curve is probably not trustworthy, in
part because its 600°C isotherm is based entirely on optical data.

Engi (1978) also has presented data for the olivine-orthopyroxene exchange
reaction. He used a simple solution model for both olivine and orthopyroxene at
700, 800, and 900°C. The shapes of the curves are similar to those of Saxena
(1968), but not as extreme. However, the experiments covered only a very small
compositional range (Xg, from 0 to 0.15) and reversibility for orthopyroxene was
not demonstrated.

Medaris (1969) also measured the olivine—orthopyroxene exchange reaction at
700, 800, and 900°C and 0.5 kbar. Reversibility was demonstrated only at 800
and 900°C. The reversibility brackets, however, were so large that his results are
open to interpretation.

Hornblende-Fluid Exchange

Kretz and Jen (1978) attempted a calibration of the clinopyroxene-hornblende
Fe~-Mg exchange reaction. They used natural coexisting mineral pairs from
amphibolite and granulite facies rocks. For higher temperature estimates, exper-
imental data were incorporated. Sodium-rich minerals and minerals with
unknown Fe?* contents were excluded and the pressure effect was considered to
be small. Kretz and Jen (1978) believed the distribution coefficient to be indepen-
dent of the Mg/(Fe + Mg) ratio. The variation in K, values, for a given meta-
morphic grade, was thought to arise, in part, from the dependence of K, on the
Al (IV) content in Ca—amphibole. Apparently, K, decreases with increasing Al
(IV) content in Ca—amphibole, where K, (hornblende—-clinopyroxene) = (Mg/
Fe) hornblende/(Mg/Fe) clinopyroxene.

Extrapolating the curve of Kretz and Jen (1978) from 650 to 600°C along with
the variance of their data and combining the result with the clinopyroxene-fluid
data based on Raheim and Green (1974) and Ellis and Green (1979), yields K,
values for hornblende-fluid, X, = (Mg/Fe) hornblende/(Mg/Fe) fluid of 4.96
to 9.36. These two sets of curves are shown in Fig. 11, but the results are very
preliminary and uncertain. Neverthieless, the Mg—Fe fractionation between horn-
blende and fluid appears to be less pronounced than that between biotite and fluid.
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Hornblende = Fluid

600°C
~1kb

1.0

solution
ngCIz

Fig. 11. Mg-Fe fractionation between hornblende and a chloride fluid at 600°C, 1 kbar.
The solid curves represent the upper and lower limits based on Ellis and Green (1979),
while the lower two curves are based on Raheim and Green (1974). The dots represent
the biotite curve of Fig. 7.

Exchange Between the M, and M, Sites of
Orthopyroxenes and Fluid

The M, and M, sites in orthopyroxenes should behave quite differently during
exchange reactions, with Fe strongly fractionated into the larger M, site (see Sax-
ena and Ghose, 1971). Sufficient data has been published for 600° C to derive M,~
fluid and M,-fluid exchange curves for a direct comparison of the effectiveness of
the two sites in Mg-Fe fractionation. From Saxena (1973) we have information
on Fe-Mg exchange in M, sites between orthopyroxene and clinopyroxene. We
combine this with the clinopyroxene-fluid exchange data derived earlier and
based on Ellis and Green (1979). If we make the assumption that all M, sites in
clinopyroxene are occupied by Ca, adding these two reactions yields information
on the Fe-Mg exchange between M in orthopyroxene and fluid

Fc?}'}l) + Mgfg;l) = Mgfﬁ?n + Fegﬁl) (24)
Feds, + MgCl, = Mgl + FeCl, (25)
FeXt, + MgCl, = Mg, + FeCl, (26)

Next we combine this information with the data of Saxena and Ghose (1971) on
the reaction
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Mg, + Feliy = Mg, + Fedly 27)
to define
Fels, + MgCl, = Mg/, + FeCl,. (28)

For the M,—M, exchange in orthopyroxene we have the following relations
Fe(M,) + Fe(M,)

X&' = Bt + Mg(M,) + Fe(0y) + Ma(ity) )
Fe(M,) + Mg(M,) = Fe(M;) + Mg(M,) (30)
and hence
2Xee = Xewrsy + Xeot (1)
KO = e~ T ey
Ky(27) = [2Xre — Xeern] [1 — Xeeary) 33)

[1 - 2XF= + XFe(m)]XFe(m) ’

Both K, (27) and K, (24) are composition dependent. Consequently, we must
solve the problem by a stepwise calculation. We assume a value for the mole frac-
tion of Fe in orthopyroxene, X' From Saxena and Ghose (1971, Fig. 3) we

solution
XMgC12

= XM2. (g} = YM
(+) = X2 (0 = Xy

Fig. 12. Mg-Fe fractionation between a chloride fluid and the M, and M, sites of ortho-
pyroxene at 600°C, 1 kbar. Also shown is the average curve for orthopyroxene-fluid frac-
tionation. For data sources, see text.
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solution
XMQ

Fig. 13. Comparison of the Mg-Fe fractionation between silicates and a chloride fluid
at 600°C, 1 kbar as a function of the M,/ M, site ratios of the silicate. M, and M, are
the orthopyroxene curves of Fig. 12, crosses indicate the clinopyroxene range of Fig. 9.
The hornblende curves of Fig. 11 are shown by the hatchured area, while the biotite curve
of Fig. 7 is shown by the dotted curve. The orthopyroxene curve would lie just below the
uppermost hornblende curve. For the corresponding M,/ M, ratios, see text.

obtain K, (27) and from Egs. (33) a value for X, for that bulk composition.
Next, using K, (26), we solve for Xr.c,, and from Eq. (31) obtain the Xgy,, value
associated with this fluid composition. As a check, we can use K, (28) to calculate
Xrecy, for the same value of Xg,). The results must agree. This procedure is then
repeated for the whole compositional range. The results are shown in Fig. 12.
Obviously, for a given bulk composition, the M, sites fractionate Mg much more
effectively than do the M, sites.

The data base on which this extrapolation was carried out is very limited and
the results are intended mainly to demonstrate how useful the fluid can be as a
common medium for comparison.

The difference in the fractionation behavior of Mg and Fe between M, sites
and fluid and between M, sites and fluid obviously must have a structural basis.
The M, site is smaller than the M, site and shows a pronounced preference for
Mg, as is illustrated in Fig. 12. Consequently, minerals with a high proportion of
M -like sites should exhibit the strongest Mg fractionation. This relationship is
born out in Fig. 13, where we compare biotite (M,/M, = 0), clinopyroxene (M,/
M, = 0-0.2), hornblende (M,/M, = 0.4) with orthopyroxene (M,/M, = 1).
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Spinel-Fluid Exchange

Engi (personal communication) has calibrated the spinel-olivine geothermometer
with experiments at 1 kbar pressure and temperatures from 650 to 902°C. The
structural formula of the spinel used is

(Mg,Fe?*) (ALCr,Fe’**),0,.

Engi (1978) reported nonideal mixing of Fe and Mg in olivine, in contrast to
the finding of Schulien et al. (1970). To calculate his distribution curves, Engi
(1978, in preparation) used an ideal distribution of species solution model for spi-
nels, and an asymmetric, subregular solution model for olivines. Ferric iron was
low in all run products. Engi constructed isotherms for bulk mole fractions of Mg
of 0.88 and 0.64. From the isotherms we have derived K, (spinel-olivine) con-
stants for spinels with a range of chromium contents. These values of K, were
combined with the K, (olivine—fluid) data of Schulien ez al. (1970) and Schulien
(1980) to derive K, (spinel-fluid) constants. The results are plotted in Fig. 14 and
the agreement for the two sets of data, based on different bulk compositions, is
good. The dependence of K, on the chromium content is a strong reminder of the
possible compositional dependence of distribution coefficients in general.

1.0

600°C xbulk - gg -
1kb Mg

fluid
Mg

X

P
XMg

Fig. 14. Mg-Fe fractionation between spinel and a chloride fluid at 600°C, 1 kbar. Data
from Engi (personal communication). Individual curves are drawn for fixed chromium
content of the spinel, X, Crosses are for a constant magnesium mol fraction (bulk) of
0.88, circles for Xy, = 0.64. r is the model ratio of olivin to spinel.
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Discussion and Summary

Judging from fluid inclusion data, many metamorphic fluids are dominated by
chloride and chloride complexes. Mineral solubilities are strongly dependent upon
total chloride molalities, with lowest solubilities associated with the limiting, chlo-
ride-free OH system, but they also depend on speciation in the fluid. With increas-
ing total chloride molality (decreasing pCl), and with increasing temperature, a
series of association—dissociation reactions take place, leading from the chloride-
free cation to chloride-rich anionic complexes. We suggest, for instance, the
sequence

Fe** — FeCl* — FeCl, — FeCl; — FeCl?~.

Solubility determinations on rock-forming minerals as a function of Py,,, T, and
pCl are still so scarce, that only a crude estimate can be made of the solute loads
to be expected in metamorphic fluids. Data are available, however, to evaluate the
effects of exchange reactions on mineral-fluid equilibria, where the mineral is a
solid solution. Information is most abundant on Mg~Fe exchange.

By combining the Mg-Fe fractionation data for biotite—fluid and olivine-fluid
of Schulien (1980) and Schulien et al. (1970) with a wide range of solid—solid
exchange data available from synthetic and natural assemblages, we have con-
structed a set of mineral-fluid exchange diagrams at 600°C and 1 kbar, where
the fluid is a chloride-rich aqueous solution. The minerals include garnet, cor-
dierite, clinopyroxene, orthopyroxene, hornblende and spinel. The intensity of the
Mg preference of the silicates decreases as follows (numbers in parentheses are
preferred K, values for 600° C):

Cordierite (20.8) > biotite (11.1) > clinopyroxene (10.7) > olivine (8.3)
> hornblende (6.6-5.0) ~ orthopyroxene (5.4) > garnet (2.2).

In Fig. 15 we have contrasted the two extreme cases, cordierite and garnet,
and have illustrated the effect of these solid solutions on the abundances of MgCl,
and FeCl, in the fluid at 600°C and 1 kbar. Obviously, for cordierites even a very
Mg-rich cordierite is in equilibrium with a fluid in which FeCl, predominates over
MgCl,. A similar diagram, for biotite-fluid equilibria, is given in Eugster and
Gunter (1981, Fig. 15). If chloride fluids come in contact with Fe-Mg silicates
such as cordierite, biotite, pyroxene at elevated temperature, such fluids will
become moderately to greatly enriched in FeCl, relative to MgCl,. For those solid
solutions, for which information is available, Mg preference by the solid phase
decreases with decreasing temperature. It is quite possible that silicates exhibit
the same kind of trend observed in the carbonates, where at lower temperatures
magnesium is fractionated preferentially into the fluid (see Eugster, 1982). We
have calibrated the very strong preference of Mg for the M, position of orthopy-
roxenes. Using the M,; M, (opx)-fluid exchange reactions, we have illustrated
that there is an underlying structural basis for the observed partitioning behavior

of Fe and Mg.
The results allow us to compare the Mg-Fe exchange behavior of a wide range
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Cordierite garnet
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Fig. 15. Effect of Mg-Fe fractionation between solid solutions and a chloride fluid at
600°C, 1 kbar. The molalities of MgCl, and FeCl, in the fluid are plotted against each
other as a function of the compositions varying from 0 to 100. For cordierite, MgCl,
equals FeCl, at Mg—cordierite 94.5, while the corresponding condition applies to Mg—
garnet of 68.75.

of solid solutions to each other. However, the constants obtained must be used
with great caution. Some of the extrapolations are considerable, and some of the
bridges are quite uncertain, with errors piling up. Garnet, for instance, is a crucial
link in many of our derivations, and yet the calibration of Ferry and Spear (1978)
is restricted to a narrow compositional range. Temperatures and préssures have
been extrapolated to 600°C and 1 kbar, often with little supporting information.

In all cases, we have assumed an ideal Mg-Fe exchange between solids and
fluids. This appears to be supported by the data of Schulien et al. (1970) and
Schulien (1980) for olivine and biotite at 600°C, but seems hardly likely to be
the case for the other silicates. In fact, Wood and Kleppa (1981) documented
small departures from ideal mixing for forsterite-fayalite solid solutions at tem-
peratures as low as 970 K.

Perhaps the principal value of this study lies in pointing out how little quanti-
tative information we have on metamorphic fluids and how much work remains
to be done. Eventually, we should be able to monitor structural changes in the
solids by compositional effects in the associated fluids, but at the present time, our
chain of extrapolations is too long and fluid composition calibrations are too
imperfect to realize this hope.
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Chapter 5
Geobarometry in Granulites

Steven R. Bohlen, Victor J. Wall, and A. L. Boettcher

Introduction

It is apparent from the initial attempts at quantitative tectonic modeling of
regional metamorphism (England and Richardson, 1977; Wells, 1980) that a
detailed knowledge of metamorphic pressure is essential to the accurate formu-
lation of any tectonic model attempting to incorporate metamorphic pressure—
temperature—time relationships. There is, therefore, a need for pressure data of
greater accuracy and precision than has been available. Of greatest importance is
knowledge not only of the so-called peak metamorphic pressures but also regional
variations in the inferred maximum pressures, as well as the prograde and retro-
grade pressure path of rocks, especially of those that were once buried to the deep-
est levels of the crust. Unfortunately, at least some of the information necessary
to infer the prograde metamorphic path is destroyed by the metamorphic process
itself, although in a few terranes, limited data on the prograde pressure-temper-
ature path can be inferred (e.g., Tracy et al., 1976; Phillips and Wall, 1981).
Ability to infer such data depends in part on availability of numerous well-cali-
brated geobarometers applicable in a variety of bulk compositions.

The extremes in estimates of peak pressures in regional granulite terranes
range from 15-18.5 kbar for the Scourie gneisses (O’Hara 1975, 1977) to 2-4
kbar (Saxena, 1977), but most estimates of pressure range between 5 and 10 kbar.
Recently, Newton and Perkins (1982) noted a clustering of pressures (8.9 *+ 1.5
kbar) for granulite massif areas based on results of their calculated garnet barom-
eters. If substantiated by results from other well-calibrated barometers, the clus-
tering of pressures has important consequences for the modeling of tectonic
regimes that generate granulites. Newton and Perkins (1982) proposed that con-
tinental overthrusting, such as that in progress under the Tibetan Plateau, was
the primary tectonic mechanism that could generate regional granulite metamor-
phism and explain the recurrent 8.9 * 1.5 kbar pressures. However, appreciable
modifications to such a model, if not alternate models, might be necessary to
explain the extreme pressure determinations if they too withstand further
scrutiny.

Because garnet is stable over a broad range of pressure and temperature as a
result of its varied chemistry, its formation and stability relationships can provide
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a wealth of information regarding the thermal and barometric histories of rocks.
Garnet-bearing reaction equilibria frequently have relatively large volume
changes, making them appropriate for geobarometry (Essene, 1982). Therefore,
a variety of “garnet” geobarometers have been proposed for both metaluminous
and peraluminous bulk compositions, and these have been applied in granulites
with widely varying degrees of success.

Barometry in Metaluminous Rocks

In metaluminous bulk compositions, greatest attention has been given to assem-
blages of coexisting orthopyroxene-garnet, olivine-plagioclase—garnet, orthopy-
roxene and/or clinopyroxene-plagioclase-garnet-quartz, from which pressure
can be determined if equilibration temperature, mineral compositions, and appro-
priate activity data are known. Stability of these assemblages have been investi-
gated by experiments on multicomponent natural rock compositions and on three-
or four-component synthetic systems. Investigations of multicomponent systems
(Ringwood and Green, 1966; Green and Ringwood, 1967; Green, 1970; Ito and
Kennedy, 1971) cannot be quantitatively applied to granulites because no com-
positional data of appropriate phases were obtained. However, these studies do
serve to broadly outline granulite and garnet-granulite facies relationships. The
experiments also show that garnet is stable at lower pressures in olivine normative
compositions than in quartz normative rocks. This reflects the growth of garnet
by different reactions:

olivine + plagioclase = garnet 4))
+ Na-enriched plagioclase (olivine normative);

orthopyroxene + plagioclase == garnet + quartz
+ Na-enriched plagioclase (quartz-normative). (2)

Similar phase relations have been inferred from field observations (e.g., Budding-
ton, 1965, 1966; DeWaard, 1965, 1967; Wood, 1975). Experiments in the syn-
thetic systems MgO-AL,0,-SiO, (MAS) and CaO-Mg0O-Al,0,-Si0, (CMAS)
provided the data necessary for formulation of barometers based on the equilib-
rium relations:

enstatite + Mg-tschermak’s pyroxene < garnet (Py'); 3)
forsterite + anorthite == orthopyroxene + clinopyroxene + spinel; (4)
orthopyroxene + clinopyroxene + spinel + anorthite < garnet (Gr,Py,);

%)
orthopyroxene + clinopyroxene + spinel 2 garnet (Gr,Py,) + forsterite;
(6)
enstatite + anorthite < garnet (Gr,Py,) + quartz; @)
forsterite + anorthite = garnet (Gr,Py,). )

With the exception of reaction (7), barometers based on the above phase relations
were formulated for use in garnet and spinel lherzolites, but in every case, their

'Gr, Py, Alm, and Sp refer to grossular, pyrope, almandine, and spessartine components, respec-
tively, in garnet.
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use in relatively iron-rich, crustal rocks has been attempted. Reaction (3), origi-
nally calibrated by Wood and Banno (1973), has been recalibrated by Harley and
Green (1983) on the basis of their recent experiments in the system FeO-MgO-
Al,0,-SiO,. Harley and Green have applied their barometer in a variety of rock
types but greater accuracy and precision is obtained in magnesian rocks of mantle
origin. Johnson and Essene (1982) attempted to calibrate barometers for crustal
rocks based on reactions (4), (5), (6), and (8) and found that the barometer based
on (8) gave the most reasonable pressures in the Adirondacks. Reaction (7) forms
the basis of barometers calibrated by Wood (1975), Perkins (1979), and Wells
(1979). In comparison with limited data from other well-calibrated barometers
all three of these formulations yield pressures that are erratic and usually too high.
Despite limited success in application a few of the various barometers (e.g., John-
son and Essene, 1982), these barometers are subject to large uncertainties of, per-
haps, several kilobars because they are based on experimentally determined equi-
libria that are not tightly reversed and that require large and uncertain
extrapolations to lower temperatures appropriate for granulites. In order to avoid
such problems, Newton and Perkins have calibrated two different garnet barom-
eters based on reaction (7) and the equilibrium relation:

diopside + anorthite = garnet (Py,Gr,) + quartz &)

from available thermochemical data. The Newton and Perkins barometers appear
to yield lower, more reasonable pressures than those calculated from Wood, Per-
kins, or Wells for crustal rocks. However, comparison of results from the Newton
and Perkins orthopyroxene barometer [based on (7)] with other well-calibrated
barometers suggests that it too yields pressures that are slightly high. This may
be the result of uncertainties in the thermochemical data base or in solution
models for constituent minerals.

Uncertainty in experimental calibrations and in thermochemical data as well
as the lack of tight experimental reversals notwithstanding, the inference of accu-
rate and precise pressure data using the above barometers is severely hampered
by the lack of unequivocally well-determined activity—composition data for gar-
nets and pyroxenes. The problem is compounded for those barometers based on
the CMAS or MAS systems because garnets and pyroxenes found in the majority
or granulite terranes are greater than 50 mol% almandine and ferrosilite compo-
nents, respectively. To accurately infer pressures from barometers based on Fe-
deficient systems, accurate activity data are required to properly account for
dilute concentrations of grossular and pyrope components in almandine-rich gar-
nets and enstatite in ferrosilite-rich orthopyroxenes. As a consequence, pressures
in granulites determined from Fe-silicate reactions should be more accurate and
precise at the present time.

Barometry in Peraluminous Rocks
Historically relative pressures have been inferred in peraluminous rocks using

AlLSiO; index minerals. In terranes where one of three possible AlSiO; isograds
can be mapped, quantitative assessment of pressure is possible if metamorphic
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temperatures are well known. Potential complications in using this system for bar-
ometry involve the metastable persistence of one Al,SiO; polymorph into the sta-
bility field of another or uncertainty regarding textural relations especially for
fibrolitic sillimanite. Alternatively pressure and temperature have been inferred
simultaneously from assemblages containing two Al,SiO;s minerals as well as the
products and reactants of a calibrated, pressure-insensitive dehydration reaction
(Carmichael, 1978). Potential problems of application include the lack of numer-
ous assemblages of low variance and effects of variable activity of H,O at high
metamorphic grade.

Other mineralogic barometers have been formulated in recent years. One such
barometer is based on assemblages of plagioclase-garnet—Al,SiOs—quartz (Kretz,
1964; Ghent, 1976; Newton and Haselton, 1981) wherein the grossular compo-
nent of the garnet is buffered by the equilibrium relation:

3 anorthite (in plag) = grossular (in garnet) + 2Al,SiO; 4+ 1 quartz. (10)

This assemblage is multivariant as the result of solid solution in plagioclase
and garnet and, therefore, is stable over a wide range of pressure and temperature.
The primary difficulties in application of the barometer include: (1) the substan-
tial temperature dependence of reaction (10) requiring accurate knowledge of
temperature for inference of reliable pressures; (2) significant uncertainty in the
AV required for calculation of pressures from the experimentally determined
phase relation (10) containing end member grossular that occurs at pressures
approximately 10-15 kbar above those of granulite terranes in which the barom-
eter applies; (3) the extreme dilution of grossular component in garnet coexisting
with plagioclase, Al,SiO; and quartz in granulites (typically garnets contain < 5
mol% grossular and commonly < 2 mol% grossular) and the relatively large
errors that accompany analysis of minor components; (4) uncertainty in activity
data for grossular at extreme dilutions. Yet despite these difficulties the barometer
does appear to yield reasonable pressures in a number of terranes (Schmid and
Wood, 1976; Ghent et al., 1979; Newton and Haselton, 1981; Perkins et al.,
1982). However, the precision of the barometer has never been tested in a terrane
wherein rocks containing the assemblage have widely varying plagioclase and gar-
net compositions. Another potentially widely applicable barometer is based on
equilibria between cordierite and garnet-sillimanite-quartz and has considerable
potential in cordierite granulites. Experimental, theoretical and /or semiempirical
calibrations of the barometer have been attempted by Currie (1971), Hensen and
Green (1971), Weisbrod (1973), Thompson (1976), Holdaway and Lee (1977),
Newton and Wood (1979), Lonker (1981), Martignole and Sisi (1981) and Per-
chuk et al. (1981). The calibrations are conflicting, and there is little agreement
as to the P-T location and slope of the end member reactions, the role of
Py, Vs. Py, and the activity of anhydrous cordierite in H,O-bearing cordierite.
An additional problem, yet to be addressed, is the potential complication arising
from attempts to apply results obtained with disordered (?) experimental cordier-
ites to the natural assemblages containing ordered cordierite. As a consequence
of the above problems, pressures inferred from assemblages of cordierite-garnet—
Al,SiOs—quartz have large uncertainties. Similar problems of calibration and
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effect of H,0, etc., also plague the barometer based on the equilibrium relation:
cordierite + orthopyroxene <= garnet + quartz (11)

(Hensen and Green, 1972). Assemblages of cordierite-orthopyroxene-garnet—
quartz are found in only a few granulite terranes (e.g., Reinhardt, 1968; Perkins
et al., 1982).

It is apparent from the preceding discussion that the quality of geobarometric
information obtained from available thermometers is highly variable and gener-
ally imprecise. No doubt geologic intuition plays a greater role than it should in
deciphering the conflicting results of various barometers and in establishing the
general pressure framework of high grade metamorphic terranes. Better calibra-
tion of existing barometers as well as proper calibration of additional pressure
sensitive systems is necessary.

In metaluminous rocks the reaction separating granulite and garnet—granulite
facies and the reaction of greatest potential for barometry is the Fe-analog of
reaction (8):

ferrosilite + anorthite = garnet (Gr,Alm,) + quartz. (12)

This reaction is metastable as the result of instability of ferrosilite at low pres-
sures. However, the pressure—temperature locus of (12) can be accurately calcu-
lated from:

fayalite + anorthite = garnet (Gr,Alm,), (13)
ferrosilite == fayalite + quartz. (14)

Both (13) and (14) are themselves useful barometers. In peraluminous rocks an
equilibrium of great potential for geobarometry is:

3 ilmenite + AlL,SiOs + 2 quartz < almandine + 3 rutile. (15)

Experiments calibrating barometers based on (12), (13), (14), and (15) have
recently become available (Bohlen et al., 1980a, 1980b, 1983a, 1983b). Appli-
cation of these barometers in granulites and the significance of the pressure infor-
mation is discussed below.

Experimental Methods

Details of the experiments are given in Bohlen et al. (1980a,b; 1983a,b) and Boh-
len and Boettcher (1982). Important aspects and general procedures are outlined
briefly.

Experiments were conducted in piston-cylinder aparatus with 2.54-cm diame-
ter furnace assemblies. The furnace assemblies are similar to those described by
Johannes (1978) and Boettcher et al. (1981). They consist of NaCl and graphite
and differ from those used by Johannes in the following ways: (1) The bottom
(piston end) graphite plug extends 3 mm into the internal portion of the assembly;
(2) the sample is placed horizontally in the notched top surface of a cylinder of
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NaCl and surrounded by powdered BN; and (3) the thermocouple ceramic is
sheathed by 3-mm-diameter MgO tubing that in turn is surrounded by a cylinder
of NaCl. Temperature was measured with Pt,q~Pty,Rh,, thermocouples with no
correction for the effects of pressure on emf. We used the piston-in technique by
bringing the pressure to 10-20% below that of the final value, increasing the tem-
perature to that desired for the experiment and then increasing pressure to the
final value. During the period over which the temperature was increased, there
was a concomitant increase in pressure as a result of the thermal expansion of
NaCl. However, the piston was always advanced to the final value. Pressures
(temperatures) were controlled to within 0.1 kbar (3°C).

The furnace assemblies have been calibrated over a wide range of pressure and
temperature using the melting points of CsCl, LiCl, and NaCl (Clark 1959; 5-
kbar data revised by Bohlen and Boettcher, 1982) and the reaction albite =
jadeite 4+ quartz at 600°C (Hays and Bell, 1973). The furnace assemblies require
no pressure correction even at pressures as low as 5 kbar and temperatures 300-
500°C below the solidus of NaCl. Details of the calibration are in Bohlen and
Boettcher (1982).

With the exception of coarse-grained natural sillimanite and quartz, all start-
ing materials were synthetic crystalline phases synthesized from gels, oxide mixes
or glasses at appropriate P, T, and f;,. Starting materials and experimental prod-
ucts were analyzed optically and with X-ray, electron microprobe, and Mdssbauer
techniques before and after the experiments to ensure that the phases were homo-
geneous and stoichiometric. Experimental charges consisted of proportions of
reactants and products consistent with the stoichiometry of the reaction of inter-
est, and were contained in AggPd,, capsules. These capsules were sealed in 5-mm
Ago0 Or Ptyo capsules along with 300-500 mg Fe°® and sufficient H,O to react
approximately 75% of the Fe® to Fe,_,0.

Experiments to determine stability of ferrosilite (reaction (14)) were originally
conducted in talc furnace assemblies to which a —6% pressure correction was
applied. These experiments have been repeated at 800 and 1000°C using the
NaCl furnace assemblies and procedures outlined above. The results agree pre-
cisely with the original experiments.

Results

Definitive experiments that tightly constrain equilibria (13), (14), and (15) are in
Figs. 1, 3, and 2, respectively. These data are the bases for four useful, well-cal-
ibrated barometers shown in Figs. 4-6, 7 and 9. The barometer based on equilib-
rium (12) (Fig. 7) must be calculated from the data in Fig. 1 and the end member
ferrosilite equilibrium in Fig. 3 using the scheme: AG(; = AGqs + AGy). The
precise determinations of equilibria (13) and (14) allow precise calculation of the
pressure-temperature locus of equilibrium (12).

Stability relationships between ferrosilite-rich orthopyroxenes and fayalite-rich
olivines and quartz are themselves useful for barometry in granulites. Unfortu-
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nately, the barometer is not generally applicable because assemblages of coexist-
ing orthopyroxene-olivine-quartz are uncommon. Figures 3, 4, and 5 show defin-
itive experiments that determine the effects of manganese (Fig. 3) and magnesium
on the stability of ferrosilite-rich orthopyroxene (Fig. 4) and the assemblage
fayalite-rich olivine + quartz (Fig. 5) (Bohlen et al, 1980a,b; Bohlen and
Boettcher, 1982). Also shown in Figs. 4 and S are the calculated lower stability
of Fs,sEn,? and the calculated upper stability of FagFo,s* + quartz, respectively.
The calculations are similar to those described in Bohlen et al. (1980a). In the
calculations we used an ideal two-site mixing model for orthopyroxene (Wood and
Banno, 1973) and the activity data of Engi (1980) for olivines as well as available
molar volume data (Turnock et al. 1973; Akimoto et al., 1976), thermal expan-
sion (Smyth, 1975; Sueno et al., 1976) and compressibility data (Birch, 1966).
We used the experimentally determined pressure-temperature locus of the lower
stability of FsgEn,, and upper stability of FasFo,, + quartz as starting points for
the calculation of the Fs,sEn,s and FagFo,s + quartz curves, respectively. Uncer-
tainty in the location of the calculated curves is almost certainly less than 300-
400 bars. Since Mg and Mn are the most significant diluents in ferrosilite-rich
orthopyroxenes, Figs. 3, 4, and 5 can be used to infer pressure information from
Fe-rich orthopyroxene and/or olivine + quartz assemblages. Terranes in which
this barometer is useful are listed in Table 1. The barometer is imprecise to the
extent that minor proportions of other components, notably Ca, Fe’*, and Al,
must be estimated by using ideal solution modeling since appropriate activity data

?Fs,.En,Rh,Wo, refer to molar proportions of ferrosilite, enstatite, rhodonite and wollastonite com-
ponents, respectively, in orthopyroxenes; Fa,Fo,Te, refer to molar proportions of fayalite, forsterite,
and tephroite components, respectiveiy, in olivine.
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are not available. These elements typically comprise less than 5 mol % (combined)
of most Fe-rich orthopyroxenes and, therefore, any errors in the estimated effects
of uncalibrated components will not affect the inferred pressures significantly.

Apart from the barometry, phase relations in the Fe-rich portion of the pyrox-
ene quadrilateral can also restrict maximum metamorphic temperatures. In a
number of terranes (e.g., Adirondacks, Hobie Province, Lofoten) the Fe-rich
orthopyroxenes (Table 1) coexist with hedenbergite-rich clinopyroxenes. The
absence of metamorphic pigeonite in these assemblages restricts metamorphic
temperatures to less than 825°C (Podpora and Lindsley, 1979). If the pyroxenes
are manganiferous (Lofoten), the maximum is reduced to about 775°C for 10
mol % rhodonite solution in orthopyroxene (Bostwick, 1976).

Garnet Barometers
The experimental results shown in Fig. 1 have been used to calibrate barometers

for olivine-plagioclase—garnet assemblages (Fig. 6) and for orthopyroxene—pla-
gioclase-garnet assemblages (Fig. 7). The equilibrium relations in Fig. 1 were
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first investigated by Green and Hibberson (1970) in a reconnaissance fashion, but
neither the dP/dT slope or the absolute pressure of the equilibrum relation were
known prior to our studies. The equilibrium relations forming the basis of the
barometers (Figs. 6 and 7) are metastable and involve “two garnet” assemblages.
This has been done because the individual activities of grossular and almandine
can be calculated more easily than can the activity of Gr,Alm,. This greatly facil-
itates pressure calculations. Also shown in Figs. 6 and 7 are curves for constant
log,oK for equilibria (13) and (12), respectively. It should be emphasized that in
the following expressions for the equilibrium constant, X, for (13) and (12):

Koo = (@)(ar) _ _ (aa)(an)
7 (a6 (@)’ 7 (36X Bam)(ad)

the activities of a; of component i (An = anorthite, Fa = fayalite, Gr = gros-
sular, Alm = almandine, Fs = ferrosilite, Qtz = quartz) are unity along the
locus of the equilibrium curve for the pure phases. The log,,K curves have been
calculated using available thermal expansion and compressibility data (Skinner,
1966; Smyth, 1975; Sueno et al., 1976; Birch, 1966) and assuming an ideal vol-
ume of mixing for Ca-Fe garnets.
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The accuracy of these barometers depends on accuracy in the calculation of
the pressure-temperature loci of the metastable “two-garnet” equilibria, (12) and
(13). The quality of these calculations depend on accuracy with which solution
properties of Fe-Ca garnets are known. The solution properties of Fe—Ca garnets
have been investigated experimentally (Cressey et al., 1978; O’Neill and Wood,
1979) and deduced empirically by Ganguly and Kennedy (1974) and Ghent
(1976). The experimental results of Cressey et al. indicate that Fe-Ca garnet
mixing is substantially nonideal with activities being temperature dependent and
a complex function of composition. The empirical studies suggest that the mixing
is not appreciably nonideal. After a review of the available empirical and exper-
imental data, Perkins (1979) obtained a temperature-dependent expression for
Weare (Weare = 1050 — 1.257°C cal/gm-atom) that for the metamorphic tem-
peratures of most granulites gives We.r. = 0-300 cal/gm-atom, values in concert
with other empirical studies and in agreement with the data of O’Neill and Wood
(1979). Therefore, we have adopted the data of Perkins in our calculations. Use
of an ideal solution model for Fe-Ca garnets results in a pressure-temperature
loci of the “two-garnet” equilibria that are 400-500 bars above those shown in
Figs. 6 and 7.

In pelitic rocks, assemblages containing ilmenite + AlSiOs + quartz and/or
garnet + rutile are common at medium to high grades of metamorphism. This
assemblage (hereafter referred to as GRAIL, for Garnet, Rutile, AlSiO;, ILmen-
ite, with excess quartz implied) is related by cqutllbrlum (15), which forms the
basis of a useful barometer (Fig. 2). The experiments using sillimanite have been
carried out almost entirely in the stability field of kyanite. The location of the
stable kyanite-bearing reaction can be accurately calculated and is shown in Fig.
8. The intersection of the breakdown of staurolite + quartz (Richardson, 1968;
Rao and Johannes, 1979) with the GRAIL equilibrium generates additional reac-
tions. These are only qualitatively located (Fig. 8) because of uncertanity in the
entropy of staurolite (Anovitz and Essene, 1982). Such equilibria define the lower
temperature stability of pyralspite garnet—rutile assemblages in the presence of
H,O0 vapor. Assemblages of staurolite—ilmenite—quartz-garnet-rutile and stau-
rolite~rutile-quartz~-ilmenite~Al,SiOs are reported in a number of field areas
(e.g., Ghent, 1975; Pigage, 1976; Fletcher and Greenwood, 1978; Holdaway,
1978; Tracy, 1978) and may themselves be useful barometers and/or thermom-
eters. However, since the vapor-present equilibria are affected by the activity of
H,0, this variable must also be known to infer pressure and/or temperature data.
(The quartz absent reaction staurolite + rutile + ilmenite = kyanite + ilmenite
+ V has been omitted from the diagram.)

Using the available volume thermal expansion and compressibility data
(Lindsley, 1965; Robie et al., 1966; Skinner, 1966; Birch, 1966) and the equilib-
rium curve in Fig. 8, a pressure~temperature-log,,K’ diagram for GRAIL equi-
libria has been calculated (Fig. 9). The shallow dP/dT slopes of the curves for
constant log,,K enhance the utility of these equilibria for barometry. The GRAIL
assemblage is multivariant as the result of solid—solution in garnet and, to a much

3K, the equilibrium constant is calculated K = (ai)(dasios)(a42)/(aaim)(aky), where a; is the activ-
ity of component i (Il = ilmenite, Qz = quartz, Alm = almandine, Ru = rutile). Unit activity
refers to the pure phase along the univariant equilibrium curve.
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Fig. 6. Geobarometer based on coexisting olivine + plagioclase + garnet. Log,K curves
are shown for equilibrium constant as in upper left.
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Fig. 8. P-T projection showing relative stabilities of staurolite-bearing assemblages and
the GRAIL assemblage. Staurolite equilibria are from Richardson (1968), Rao and

Johannes (1979). ALSIO, phase relations from Holdaway (1971). a-8 quartz from
Cohen and Klement (1967).
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lesser extent, in ilmenite. Thus, to a first approximation, pressures inferred from
Fig. 9 are a function of garnet composition. As a result the GRAIL geobarometer
should be accurate and precise since pressures can be determined from an analysis
of garnet for its major component, almandine, and errors from long extrapolations
from the end member equilibrium boundary or long compositional extrapolations
are minimized.

Figure 9 can be used to determine metamorphic pressures given (1) the equi-
librium coexistence of the GRAIL assemblage, (2) the composition of the phases,
(3) appropriate solution models for the activity of end member components in
impure minerals, (4) a rough estimate of equilibration temperature. Conversely,
application of the GRAIL barometer in terranes for which metamorphic pressures
are well determined by other barometers will allow the activities of almandine to
be deduced empirically. This, in turn, will allow critical evaluation and /or empir-
ical adjustment of available garnet solution models.

Geobarometry

The solution properties of garnet are potentially the greatest obstacle to accurate
geobarometry. In most pelitic rocks of high metamorphic grade, the garnets are
essentially almandine—pyrope solutions with spessartine, grossular, and andradite
components, together comprising less than 5-15 mol. %. In metaluminous rocks
garnet compositions are more variable but generally are well described by the four
component system of Fe-Mg—Ca-Mn garnet. Empirical determinations of
W ., for garnet yield 2580, 2979 * 185, 2580 * 140 and 1509 * 1392 cal/
gm-atom (Saxena, 1968a; Ganguly and Kennedy, 1974; Oka and Matsumoto,
1974; Dahl, 1980, respectively). Experimentally determined values are substan-
tially lower. Kawasaki and Matsui (1977) determined a value of 2120 + 350 cal/
gm-atom at high pressure and temperature. O’Neill and Wood (1979) inferred
that Fe-Mg garnet mixing is significantly more ideal at 1000°C than it is in oli-
vine. Heat of solution measurements on olivines by Wood and Kleppa (1981) indi-
cate that Wy, for olivines is in the range of 1200 cal/gm-atom for Fe-rich com-
positions. This implies that Wy, for garnets must be in the range of 500-1000
cal/gm-atom. If one accepts Sack’s (1980) value of Wey, = 800 cal/gm-atom
for olivines, then Wi, for garnets of 0-300 cal/gm-atom are required by the
experimental data. After a review of the available data, Perkins (1979) proposed
a T-dependent expression for Wy, (3480-1.27°C) that yields W §om, of 2500
+ 100 cal/gm-atom for granulite temperatures. However, in light of the recent
experimental data, this expression has been rejected in favor of an ideal mixing
model ( W = 0) by Newton and Perkins (1982), although they noted that such
a choice is at the lower limit of permissible values. An additional empirical test
of W can be made by comparing GRAIL barometry with estimates in ter-
ranes for which pressures have been reliably established. Choice of Wy, below
1000-1500 cal/gm-atom yields sillimanite pressures for kyanite-bearing rocks
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and in a few cases, andalusite pressures for some sillimanite-bearing rocks. In
terranes where pressures are well known, such as the Adirondacks (see Bohlen ez
al., 1983b, for a review), empirical evaluations of W, give values of 2200-2500
cal/gm-atom. Therefore, we have adopted the Perkins model for almandine-
pyrope since it is consistent with the bulk of empirical data. It should be noted,
however, that our conclusion regarding W¥,,, is based primarily on Fe-rich com-
positions, whereas the data of O’Neill and Wood (1979) were determined for Mg-
rich garnets. The apparent discrepancy betwecn the two sets of Fe-Mg mixing
properties could be an indication of marked asymmetry of these parameters in
Fe-Mg garnets. Spessartine is a significant component of some garnets in peral-
uminous and metaluminous rocks, but there are few data on the mixing of Fe—
Mn and Mg-Mn garnets. For those garnets with significant Mn we have assumed
that Fe-Mn garnets mix ideally (Ganguly and Kennedy, 1974) and that inter-
actions of Ca and Mg with Mn are the same as those for Fe. In consideration of
the above and the evaluation of Ca—-Fe garnet mixing discussed earlier, we have
adopted the Perkins model for garnet solutions. In the pressure determinations
that follow, we have calculated the activities of almandine and grossular compo-
nents in garnet as (Y Xam)® and (yXe,)’, where:

In v§ = WeereXre + WCaMgX?vlg + (Weare — Weemg + WCaMg)XMgXFea
11'1 ‘Y;g\tlm = WCaFeXéa + WFeMgXlz\{g + (WCaFe - WCaMg + WFeMg)XCaXMga

and

Weare = 1050 — 1.2T°C cal/gm-atom,
Weans = 4180 — 1.2T°C cal/gm-atom,*
Wugre = 3480 — 1.2T°C cal/gm-atom.

In addition to the activity model for garnet, pressures given in Tables 2 and 3
have been calculated using the activity models of Engi (1980), Orville (1972) and
Wood and Banno (1973) for olivines, plagioclase, and orthopyroxenes, respec-
tively. Calculated pressures are somewhat dependent on choice of activity models.
Use of Saxena’s (1973) model for orthopyroxene reduces the calculated pressures
by roughly 0.3-0.5 kbar. Use of the garnet solution model preferred by Newton
and Perkins (1982) resuits in calculated pressures only slightly lower than those
given in Table 3. This is because the choice of ideal mixing of Ca—Fe garnets
results in a higher calculated pressure locus for the “two-garnet” equilibrium in
Fig. 7. The higher pressure (~ 0.4 kbar) largely compensates for the larger log,,K
that results from assumption of ideal mixing for both Ca~Fe and Mg-Fe garnet
components.

For GRAIL assemblages the compositions of quartz, Al,SiOs, and rutile differ
little from those of end member compositions. Rutile containing Nb and Fe has

‘Newton and Haselton (1981) have derived a different function for Wy, than that determined by
Perkins (Wcamg = 3300-1.5T(K)) which yields slightly lower values for Weamg. However, since the
majority of garnets have relatively low amounts of Ca and/or Mg components, such differences do
not affect the calculated pressures significantly.
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Table 2. Pressures inferred from olivine + plagioclase + garnet geobarometry.

Other
Tempera- Pressure Average barometers
Locality Reference  Sample No. ture (*C) (kbar) (kbar) (kbar)

Adirondacks, Johnson and 187-1, LL-1 700 760 7.8 8.0

New York  Essene 7.5 7.6%
(1982) 187-4, 233-1 700700 7.56.5°
Nain Complex, Berg (1977) 825 2.5 — 3.2°
Labrador
South Harris, Wood (1975) 16, 17 830, 830 8.8, 8.7 8.6 8.2¢
Scotland 20 830 8.2

“This pressure is for a sample collected in the extreme SE Adirondacks and may be lower
grade than the other assemblages.

*Orthopyroxene-olivine-quartz (Bohlen and Boettcher, 1982).
‘Akermanite breakdown (Valley and Essene, 1980).
4Olivine-plagioclase-garnet based on CMAS (Johnson and Essene, 1982).

been reported, but application of an ideal solution model should not lead to sig-
nificant errors in calculated pressures. Ilmenite may contain appreciable propor-
tions of hematite and pyrophanite. Ilmenite-hematite solutions are probably sub-
stantially nonideal at temperatures of medium metamorphic grades becoming
nearly ideal under granulite facies conditions (Anderson and Lindsley, 1981).
Hematite-rich ilmenites may not be compatible with almandine-rich garnets, the
latter being unstable with respect to oxide—aluminum silicate assemblages at the
relatively high f,, required by hemo-ilmenite. Fe** enriched ilmenite coexisting
with almandine-rich garnet probably results from retrograde alteration. In the
cases examined (Table 4), ilmenite in the GRAIL assemblage contains less than
15 mol % hematite and pyrophanite combined and an ideal solution model has
been adopted for these and other less significant components.

Applications of the garnet barometers, Figs. 6, 7, and 9, to natural assemblages
are summarized in Tables 2, 3, and 4, respectively. Unfortunately, a number of
terranes had to be omitted from our analysis because only “representative’ anal-
yses of minerals were published and not compositions of coexisting phases from
equilibrium assemblages. For GRAIL assemblages commonly no distinction is
made between minor amounts of oxides, sulfides, etc., in the published modes. The
utility of published modal data and mineral analyses would be enhanced greatly
if all phases in a rock were clearly reported along with their textural relationships
and mineral analyses were from equilibrium assemblages. Equilibrium coexis-
tence of the GRAIL assemblage is sometimes difficult to demonstrate. In many
rocks one or more of the phases, usually rutile, are present at levels of less than
one modal percent. Also ilmenite may have oxidized during retrogression and/or
weathering, resulting in the formation of rutile or anatase. Rutile has also been
noted as a product of retrogression of titaniferous biotite. However, such retro-
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grade development of TiO, is usually recognizable by textural examination. Addi-
tionally garnets in medium grade and some upper amphibolite grade rocks exhibit
growth zoning whereas those in high-grade paragneisses are usually broadly
homogeneous aside from retrograde rim compositions. Therefore, accurate geo-
barometry requires careful assessment of the garnet compositions in equilibrium
with other phases. Zoned garnets that have remained saturated with ilmenite—
AlSiO;—-quartz-rutile might conceivably yield information on prograde, peak,
and retrograde metamorphic pressures (see below). Garnet zonation, the bane of
many petrologists, may ultimately be a boon to those attempting to determine
pressure—temperature paths of metamorphism.

Inspection of Tables 2, 3, and 4 indicates that these barometers yield accurate
pressures that agree well with a variety of other well-calibrated barometers. In
terranes where a large number of phase assemblages are available, precision and
accuracy appear to be excellent. For example, in the Adirondack Highlands,
phase compositions span a broad range (garnet: Alms, 7Py, 3Gr6—,s; plagio-
clase: An,,_,; orthopyroxene Fsy,_g), but pressures range only from 7.1-8.2 kbar
(Table 5). Some of the differences may result from real variations in pressure
within the terrane. Pressures calculated from Fig. 7 are generally lower than those
calculated from the equivalent barometer in the CMAS system (Newton and Per-
kins, 1982) by as much as 2 kbar although more typical values range between
0.5-1.0 kbar (Table 5). We suggest that pressures calculated from our barometer
(Fig. 7) should be more accurate especially for iron-rich compositions. Our direct
experimental calibration involves substantially less uncertainty than calculation
of the relevant equilibria from thermochemical data. However, as knowledge of
Ca-Fe-Mg solution properties in garnets and pyroxenes improve, both experi-
mental and thermodynamically based barometers will yield better, and, one hopes,
convergent pressure data.

The pressures calculated for upper amphibolite and granulite grade metamor-
phics using the experimentally calibrated barometers discussed here (Tables 1-
4) are generally lower than previous estimates. Nearly all granulite terranes
examined equilibrated at pressures between 6 and 10 kbar, but there is a marked
clustering of pressures at 7.5 * 1 kbar. The exposed granulite belts may not be
representative of the lower most continental crust, particularly in orogenic regions
where possible modern analogs, such as the Himalayas or Peruvian Andes, sug-
gest crustal thicknesses of over 60 km. Nearly all granulite terranes exhibit a
supracrustal component implying operation of nappe/thrust style tectonics and
perhaps, additionally, magmatic thickening (England and Richardson, 1977;
Wells, 1980). Such thickened crust was widespread by late Archean time since
many exposed, old granulite terranes exhibiting pressures of 7-10 kbar are under-
lain by 30-50 km of (apparently) continental crust. In these cases, latter mag-
matic thickening can be ruled out, since the thermal effects of such underplating
would produce later metamorphisms. Alternatively, passive tectonic thickening
such as that proposed by O’Hara (1977) seems unlikely. The consistent pressures
of 7.5 * 1 kbar of granulites of widely varying ages suggests that some recurrent
tectonic process might have been operative since the early Proterozoic. Newton
and Perkins (1982) first noted the clustering of inferred peak metamorphic pres-
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Table 5. Comparison of metamorphic pressures.

Newton and Perkins This study*

Locality Sample No. 1982 (kbar) (kbar)
Nain Complex KI3909 39 33
2893C 3.6 2.9
2893R 1.1 2.8
Adirondack Highlands ET-1 9.8 8.1
ET-24 9.3 7.6
IN-11 8.5 8.2
SL-5 9.9 7.8
Adirondack Lowlands 74-C-248A 6.6 6.6
-252 5.6 7.6
-253E 6.3 6.8
Furua Complex MF-283.2 10.2 10.2
-268.1 10.5 10.1
DMa-40 10.2 9.6
C-247.1 11.0 10.2
-311.1 10.6 10.2
-352.2 12.7 11.4
Ruby Range RMK-27-3 8.0 7.5
Invaijirvi 47-111 7.3 7.4
Nilgiri Hills 5-2 9.5 8.8
11-1 7.4 7.7
11-3E 8.3 9.0
GN-4A 9.5 9.2
Labwor Hills AR-51 8.1 6.5
Doubtful Sound DS-36461 12.4 11.2
Otter Lake RK-2 5.2 79
DD-17 6.9 7.6
DD-11 7.4 6.8
A-12 6.6 79
DL-2 8.1 8.2
Madras MP-44 7.1 7.0
MP-72 7.7 7.0
Buksefjorden 174087 7.6 8.3
174102 1.5 7.4

“Pressures listed here have been adjusted for the temperatures used by Newton and Per-
kins and will not necessarily agree with those in Table 3.

sures and proposed that continental-scale overthrusting such as that in progress
under the Tibetan Plateau was the principal tectonic process responsible for the
formation of granulite terranes.

It is important to note that inferred pressures for upper amphibolite grade and
transitional amphibolite-granulites (Esplanade Range, New Zealand, Funeral
Mountains, Yale-B.C., central Massachusetts, Adirondack Lowlands) are not
much different from pressures inferred in granulite and garnet-granulite terranes.



Geobarometry in Granulites 163

This suggests that formation of granulite terranes is dependent on an increase in
temperature with little or only modest increases in pressure and implies addition
of heat, perhaps by intrusion of magmas, at the base of, or into, the terrane. A
thermal pulse such as that arising from addition of magma into the base of the
crust is also implied from the retrograde pressure-temperature paths inferred
using the GRAIL and ferrosilite-anorthite—garnet—quartz barometers. As noted
above, at high grades of metamorphism, garnet compositions are broadly homo-
geneous with a thin compositionally zoned rim, generally believed to result from
retrograde adjustments of mineral compositions after the peak of metamorphism.
If it is assumed that garnet rim compositions were in equilibrium with the other
phases in the rock during the initial stages of retrogression, the retrograde pres-
sure path can be evaluated. Table 6 shows the log,,K values calculated from
GRAIL and orthopyroxene~plagioclase-garnet—quartz assemblages in terranes
for which garnet core and rim compositions are known. In every case the calcu-

Table 6. Pressures inferred from garnet core and rim compositions.

Temperature Pressure
Locality Barometer Sample No. ) Log K  (kbar)
Adirondacks GRAIL  C-74Ac’ 730 0.37 1.5
C-74Ar® 730 0.28 8.4
C-79Bl1c 730 0.37 1.5
C-79BIr 730 0.30 8.2
C-529¢ 730 0.41 7.0
C-529r 730 0.37 1.5
Adirondacks FAGS® 74-C-248¢ 730 0.83 6.6
C-248r 730 0.71 7.0
Western Maine GRAIL 9c 600 0.37 6.7
9r 600 0.24 8.1
24c 600 0.30 7.5
24r 600 0.29 7.6
Central Massachusetts GRAIL  87Ic 675 0.38 7.0
871r 675 0.36 7.2
Lllyc 675 0.46 6.3
Lllyr 675 0.46 6.3
Furua Complex FAGS DMa-40c 800 0.21 9.6
DMa-40r 800 -0.13 10.2
C-247.1c 800 0.18 9.8
C-247.1r 800 —0.45 11.1
C-3ll.1c 800 —0.13 10.2
C-311.1r 800 —0.59 11.6
Buksefjorden FAGS 174102¢ 800 0.79 7.4
174102r 800 0.58 8.2

“c and r refer to core and rim garnet compositions, respectively.
*Ferrosilite-anorthite~garnet-silica (quartz).
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lated log,oX is smaller for the rim than for the broadly homogeneous internal por-
tions of the garnets. Using Figs. 7 and 9, this requires either an increase in pres-
sure in the latest moments of metamorphism or cooling of the terrane isobarically
or, at least, with a decrease in pressure at a rate less than the dP/dT slope of the
curves of constant log,,K. In the GRAIL barometer, the curves of constant log,,K
are not appreciably pressure dependent and, therefore, the garnet rim composi-
tions in such terranes as western Maine and central Massachusetts imply appre-
ciable cooling before pressure decreased significantly. There are a number of ter-
ranes that appear to have initially cooled isobarically or nearly so, implying that
such a retrograde path is common to high-grade metamorphic terranes. The
inferred retrograde pressure-temperature paths are consistent with diminishing
heat supply during the waning stages of metamorphism. This further suggests,
following the thermal-tectonic modeling of England and Richardson (1977) and
Wells (1980) that addition of magma into the crust may be an essential compo-
nent of the heat budget of most high-grade terranes. Variable amounts of mag-
matic heating may explain the large differences in average geothermal gradients
(20-50°C/km) inferred for granulites.
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Chapter 6
The Cordierite-Garnet-Sillimanite—Quartz
Equilibrium: Experiments and Applications

L. Ya. Aranovich and K. K. Podlesskii

Symbols

Thermodynamic Parameters

T: temperature, ‘K

t. temperature, “C

P: pressure, bar

AG(i): Gibbs free energy change of ith reaction at temperature T and 1 bar,
cal-mol ™!

AS(i): entropy change of ith reaction at temperature T and 1 bar, cal-
k™! mol™!

AVA(i): volume change of solids in ith reaction, cal-bar™' + mol ~!

Xwmg: mole fraction of Mg in mineral; Xy, = (Mg)/(Mg + Fe)

Nyg: X100

1

Minerals

Alm: almandine

And: andalusite

Corg,: Fe—cordierite

Cory,: Mg—cordierite

Cor: cordierite solid solution of Fe and Mg end members
En: enstatite

Gr: garnet solid solution of pyrope and almandine
Gros: grossularite

Her: hercynite

Ky: kyanite

PL: plagioclase

Pyr: pyrope

Spes: spessartine

Qz: quartz

Saph: sapphirine

Sil: sillimanite

Ta: talc
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Introduction

The paragenesis of cordierite-garnet—sillimanite—quartz is widespread in region-
ally metamorphosed high-grade pelitic rocks and in hornfelses of contact aureoles.
Since Korzhinskii (1936) considered it as a potential indicator of metamorphic
conditions, this assemblage has been of great interest to petrologists. Qualitative
thermodynamic analysis by Marakushev (1965) showed that Cor + Gr + Sil +
Qz paragenesis could be treated as divariant assemblage in the FeO-MgO-
Al,0,-Si0, system, the Fe-Mg minerals compositions having been defined by the
P-T conditions. This approach allowed P-T estimates to be obtained from the
intersection of isopleths of Mg/(Mg + Fe) of coexisting cordierite and garnet on
a P-T diagram, but unfortunately the experimental and theoretical studies pro-
vided conflicting calibrations of the diagram. In his review of the literature on the
subject, Lonker (1981) has listed at least eight studies which disagree with each
other concerning the effects of pressure, temperature, and water fugacity on the
Cor-Gr-Sil-Qz equilibrium.

P-T-X , relations of the Cor—Gr-Sil-Qz equilibrium can be described by two
reactions:

iMg;ALSI,0,, + 3ALSiOs + $Si0, = IMg,ALSisOys, (1)
Py Sil Qz Coryg
iFe,A1,Si1,0,, + 3AlSiO; + $Si0, = iFe,AlSi;O\s. @)
Alm Sil Sil Corpg,
One of these reactions can be substituted by the exchange reaction:
'}Mg:;Alzsigolz + %F62A14Si5018 = %Feg)AleigOlz + %Mg2Al4SiSOlS‘ (3)

Py Corg, Alm Coryg

Principal disagreements have arisen concerning the dP/dT slopes of reactions
(1) and (2) on the P-T diagram, not to mention the positions of the reactions.
While calculations based on the calorimetric data (Hutcheon et al., 1947; Mar-
tignole and Sisi, 1981) and the data from natural parageneses (Perchuk, 1977;
Perchuk et al., 1981) gave convincing evidence of the positive slopes, the experi-
ments could not provide an unambiguous solution. All experimental determina-
tions of reaction (2) in the Mg-free system indicated a negative slope (Richardson,
1968; Weisbrod, 1973a,b,c; Holdaway and Lee, 1977). In the investigation of the
stability limit of Mg-cordierite (Newton, 1972) a positive slope for the metastable
reaction (1) was assumed and the experiments by Currie (1971, 1974) supported
such slopes [negative for reaction (2) and positive for reaction (1)]. The positions
of reactions (1) and (2) cannot be determined from the results of Hensen and
Green (1971, 1973) because of large compositional uncertainties.

The influence of water content in cordierite on the activities of Cory, and Cor,
has also become the subject of controversy. Consideration of the effect of water
on the cordierite-bearing equilibria has led Newton and Wood (1979) to conclude
that the distribution of Fe and Mg between cordierite and garnet is nearly inde-
pendent of temperature. This conclusion is contrary not only to the other studies
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concerning the effect of water (Kurepin, 1979; Lonker, 1981; Martignole and Sisi,
1981), but also to the evidence from natural occurrences.

It should be noted that direct experimental determinations of the equilibrium
relations of cordierite and garnet in the divariant field are insufficient and that
only one point (1000°C, 9 kbar) has been obtained from reversal experiments
(Hensen, 1977). The most recent experimental results on the Cor-Gr-Sil-Qz
equilibrium were obtained more than 7 years ago, and since that time conflicting
schemes continue to appear (Lonker, 1981; Martignole and Sisi, 1981). It is clear,
therefore, that without additional experiments the problem cannot be solved.

The purpose of this chapter is to present new experimental results on the P—
T-X, relations of the Cor-Gr-Sil-Qz assemblage in the presence of pure water
or a water—carbon dioxide mixture and to propose an appropriate thermodynamic
description that allows an application of the data on the iron-magnesium ratio of
the garnet and cordierite to the geothermometry and barometry of metapelites.

Experimental Methods and Results

We chose to investigate experimentally the Cor—Gr~Sil-Qz equilibrium at 700
and 750°C in the pressure range of 4-8 kbar. The objective was to determine, as
accurately as possible, the equilibrium compositions of coexisting cordierite and
garnet. To obtain information on the influence of the fluid-phase composition, the
experiments were conducted in pure H,O and in an H,0-CO, mixture (H,0:CO,
= 1:1).

Starting Materials

Except for a few runs in which synthetic garnets and cordierites were used, the
experimental charges were prepared from natural minerals. All minerals were
analyzed by electron microprobe to ensure distinction between the starting com-
positions and those of the run products. The details of the analytical procedure
and the analyses have been given by Aranovich and Podlesskii (1982a). The nat-
ural garnets corresponded to solid solutions of pyrope and almandine end mem-
bers with minor impurities of the other components (less than 6 mol% Gros and
less than 3 mol% Spes) and the cordierites corresponded to the Corg.—~Coryg series.
The synthetic minerals used, as well as the sillimanite and quartz, contained no
impurities.

The garnets, both natural and synthetic, were found inhomogeneous with
regard to their Mg/(Mg + Fe) ratio, although the average microprobe analyses
corresponded to the bulk chemical determinations. The inhomogeneity was unde-
tectable by X-ray powder diffraction. It could be seen from Fig. 1 that a sample
of a garnet of considerable inhomogeneity (18 < Ny, =< 37) yielded quite sharp
reflection, comparable to that of pure silicon used as an internal standard.

The starting minerals were mixed to produce the charges of cordierite stoichi-
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Fig. 1. Reflection (642) of natural garnet (18 < Ny, < 37) and reflection (311) of Si
(CoK,: radiation). Bars show a range of reflection angle values that should correspond to
a range of the garnet compositions.

ometry of various Ny,. Small amounts of quartz over the stoichiometry were used
to saturate the fluid phase with SiO,.

Apparatus, Capsules, and Run Procedures

All experiments were carried out in Tuttle-type high-pressure vessels (Ivanov et
al., 1977). The temperature measurements are accurate to within £5°C, and the
accuracy of the given pressures is to £ 50 bars. To maintain oxygen fugacity cor-
responding to the value defined by the QFM bulffer, a double capsule was used.
Because gold had been reported sufficiently permeable to hydrogen at the condi-
tions in our experiments (Popp and Frantz, 1978), we used only Au capsules to
avoid Fe losses from the charges. For every run the charge of minerals (20 £ 0.5
mg) ground in acetone was sealed in a 3 X 0.1 X 25-mm Au capsule together
with 10 = 0.5 mg H,O or oxalic acid. The inner capsule was loaded into a 5.4 X
0.2 X 50-mm Au outer capsule containing QFM buffer and sufficient H,O. The
outer capsule was sealed and placed into the high-pressure vessel together with
an Ni open capsule containing —500 mg QFM buffer. Mechanical shaking of the
capsules during the runs was used to promote reaction rates in several experiments
at 700°C and 4 kbar. Duration of the runs was no less than 120 hours. Some run
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products were reused in the experiments at the same P and T after they had been
analyzed by X-ray powder diffraction and electron microprobe and ground in ace-
tone. The details of the experimental conditions are given by Aranovich and Pod-
lesskii (1982a).

Run Products

All run products were analyzed optically and by X-ray diffraction and electron
microprobe. Microprobe analyses were obtained to reveal the composition changes
of the cordierites and garnets, while the other methods allowed to check the phase
composition of the charges. The results of the investigation of the products are
presented in Fig. 2. Because we tried to use the charges of bulk compositions
corresponding to a divariant field in which all the four phases are stable, disap-
pearance of phases was observed only twice. Grinding and reusing the run prod-
ucts facilitated the disappearance of cordierite at 700°C, 6 kbar, and Cor,, bulk
composition and of garnet and sillimanite at 700°C, 5 kbar, and Corg, bulk
composition.

Although the runs were of long duration (120-672 hours), considerable inho-
mogeneity and zonation of cordierite and garnet was encountered in all run prod-
ucts, despite grinding and rerunning the charges in specific cases. Grains of the
starting composition were always found by microprobe, and in many cases we did
not manage to discriminate between starting minerals and run products. The
starting minerals typically occurred as zoned grains and, as a rule, the rim com-
positions represented a closer approach to equilibrium than the core compositions.
Unzoned small grains (less than 10 pk) with compositions corresponding to those
of the rims always occurred along with larger-zoned grains. Minerals whose start-
ing compositions were near to the equilibrium value moved closer to complete
equilibration. The higher temperatures and pressures favored more rapid changes
in the mineral compositions.

Experimental Results'

The experiments gave no evidence for the influence of the fluid composition on
the Cor-Gr-Sil-Qz equilibrium. The results for aqueous and H,0-CO, fluids
practically coincide with regard to Ny, values of coexisting cordierite and garnet.

The equilibrium Ny, values are given in Table 1 and Fig. 2. These estimates
are based on the compositional reversals and the phase relations at given bulk
compositions. In the cases in which compositional reversals were not achieved,
product Ny, values corresponding to the maximum changes from starting com-
positions were accepted as the equilibrium values. For example, in experiments at
700°C and 4 kbar the garnet equilibrium composition was determined from com-
positional reversal (N, = 10 % 1). To estimate the cordierite equilibrium com-
position, we considered the stability of all four phases at Cor,, bulk composition,

'The table is available upon request from the authors.
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Table 1. Experimentally determined equilibrium cordierite and garnet
compositions and related values.

t("C)  P(kbar) Mg MG Ky, Inky K»

4 10 44 44 1.4816 7.071
700 5 15 55 3.667 1.29928  6.926
6 24 69 2.875 1.05605  7.048
8 31 89 1.745  0.55681 7.774
750 5 12 44 3.667 1.29928  5.762
8 44 83 1.886  0.63465  6.214

which lies in the divariant field. Here Nyjs must be greater than 40. Compositional
changes of magnesian cordierite indicate that the equilibrium Ny < 44. In Table
1 the accepted value is 44 + 2.

The experimental evidence points to the fact that the equilibrium NI and

M; tends to decrease as the temperature decreases. It is seen from Fig. 2 that
the starting cordierite (Ny; = 86) has become more magnesian (Ngr = 89) at
700°C and 8 kbar, while at 750°C and 8 kbar the same cordierite has become
more Fe-rich (Vy; = 83). In experiments at 5 kbar and 700°C we observed the
change of Cors, to Corg, while at 5 kbar and 750°C Cors, changed to Cor.

750°C, 5 kb -1 a-4
-2 w-5 |—7 E—a
«— -3 e —6

700°C, 5 kb

750°C, 8 kb l

700°C, 8 kb —
—»

Fig. 2. Results of experiments on the Cor-Gr-Sil-Qz equilibrium at 700 and 750°C. (1)
Range of the starting garnet compositions. (2) Range of the starting cordierite compo-
sitions. (3) Changes of the compositions outside the starting ranges. (4) Bulk charge com-
position at which all four phases remain stable in the run products. (5) Bulk composition
at which cordierite disappeared. (6) Bulk composition at which garnet disappeared. (7)
Garnet composition accepted as equilibrium one. (8) Cordierite composition accepted as
equilibrium.



Cordierite-Garnet-Sillimanite~Quartz Equilibrium 179

Pressure, kb

Fig. 3. P-Ny, diagram of the Cor-Gr-Sil-Qz stability at 700 and 750° C The four field
boundaries are drawn according to Egs. (5) and (16).

The equilibrium relations of coexisting cordierite and garnet are described by
divariant P-NNy, loops shown in Fig. 3. Figure 3 demonstrates that our data indi-
cate positive slopes of isopleths of the coexisting minerals on a P-T diagram which
oppose the determinations of the Fe end member reactions made by Richardson
(1968), Weisbrod (1973a,b,c), and Holdaway and Lee (1977), and the calibra-
tions made by Thompson (1976) and Hensen and Green (1973), but which are in
accord with the predictions of Hutcheon et al. (1974), Perchuk et al. (1981), and
Martignole and Sisi (1981).

Calculated Equilibria

The experimentally determined data of Table 1 indicate that K, decreases with
increasing temperature, the effect of pressure on Fe~Mg exchange between coex-
isting garnet and cordierite being very small. These relations can be described in
terms of the equilibrium conditions of reaction (3):

RTIn K, + PAV(3) + AGr(3) = 0. 4

Using AV(3) = —0.03535 cal-bar™'-mol.~" (Perchuk et al., 1981), we obtained
AG(3) from the data of Table 1. Within the accuracy of the experimental deter-
minations, AGr(3) values at 700 and 750°C are —3618 + 275 cal-mol.”! and
—3412 * 293 cal-mol.”', respectively. These results agree very well with the
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values —3539 and —3390 cal-mol ™", respectively, calculated by Lavrent’eva and
Perchuk (1981) from recent data on reaction (3) over a temperature range of
600-1000°C at 6 kbar pressure in the presence of complex fluid. Both our data
and the data of Lavrent’eva and Perchuk (1981) for a wide range of temperatures
and compositions suggest that the fluid composition has no effect on Fe-Mg
exchange between cordierite and garnet. These data also imply that the binary
Pyr-Alm solid solution is ideal if the cordierite is also considered ideal (Engi,
1978). We used the data of Table 1 and the values calculated from the data of
Lavrent’eva and Perchuk (1981) to fit the AG;(3) temperature dependence by
linear regression, and obtained the equation:

AG;(3) = —6134(£282)% + 2.67(F0.26) T (5)

with the regression coefficient r* = 0.983. The constants in Eq. (5) are in good
agreement with AH° and AS° thermodynamic properties of exchange reaction (3),
calculated by Holdaway and Lee (1977) from the data on natural occurrences.

The data on In KMg (Table 1) reveal a pronounced effect of fluid pressure on
the Cor-Gr-Sil-Qz equilibrium. Based on this data we calculated the average
values of (ORT In EMg/ap)T for 700 and 750°C and obtained 0.44 *+ 0.06 and
0.45 + 0.07 cal-bar™'-mol ™", respectively. If both Corg,—Cory, and Pyr-Alm are
considered as ideal, with no influence of any other components, application of the
thermodynamic equilibrium constraints for reaction (1) result in a AV(1) which
is equal to these values. Comparison of the calculated values to a A¥(1) value of
0.64164 cal-bar™', from Perchuk et al. (1981), shows a difference of
0.2 cal-bar~'. This difference is consistent with a AV}, value calculated by
Holdaway and Lee (1977) for the end member reaction Corg, = Alm + Sil +
Qz, and arises from the effect of the fluid content of cordierite on the stability of
the mineral.

Appreciable stabilization of cordierite due to introduction of water molecules
into the structural channels has long been recognized by many petrologists
(Lepzin, 1969; Perchuk, 1969; Weisbrod, 1973b; Holdaway and Lee, 1977; Kure-
pin, 1979; Newton and Wood, 1979; Martignole and Sisi, 1981), who developed
different models to describe this effect. In this study we used the model by Kure-
pin (1979) with regard to independence of water content in cordierite on its Mg/
Fe ratio (Gunter, 1977). According to the model, cordierite is assumed to be the
ideal solution of “dry” and “wet” end members, i.e., Cory,, Corg., Cory,* H,O,
Corg.- H,0, and an activity of Cory, is defined as

Acoryy = X g 1'%, 6)

where n denotes “dry” cordierite molecule content, defined by a reaction
Cor + H,0 = Cor-H,0. @)
The equilibrium conditions for the end member reactions (1) and (7) will

Here and further on, the values in parentheses denote estimated ranges of uncertainty for the 0.95
probability level.
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define the value of the water content of cordierite coexisting with garnet. silli-
manite and quartz:

RT [In Ky, + 4In n] + AG(1) + PAV(1) = 0, (8)
RT[In(1 — n) —Inn — In fy,0] + AG(7) = 0. )

Following several authors (Holdaway and Lee, 1977; Kurepin, 1979; Newton and
Wood, 1979), we accepted AV(7) to be negligible. When applied to isothermal
conditions and pressure values P, and P,, Egs. (8) and (9) can be easily converted
to

In (K, — K;) + AV(1)(P, — P,)/RT = in (n,/n), (10)
In [figno)/famoy] = In [(1 — n)ny/m(1 — my)], (11)

where subscripts 1 and 2 denote the values corresponding to P; and P,. Based on
these equations, (ORT In KMG/ OP)r values (see above), AV(1) from Perchuk et al.
(1981), and data on fy,o from Burnham et al. (1969), the water content of cor-
dierite under the experimental conditions has been estimated. As shown in Table
2, the estimates are in good agreement with direct experimental determinations

Table 2. Comparison of direct determinations of water solubility in
cordierite with the n values derived from experiments on the Cor-Gr-
Sil-Qz equilibrium.

n
t(°C) Pkbar) 1 2 3 4 5 6 7
1 068 0.61 0.63
2 054 0.50 0.51 0.52
3 045 0.45 0.43
4 037 0.38 0.36
s 030 0.29
700 6 024 0.24
7 020 017 031 0.20
8§ 016 0.17
9 012 0.15 0.26 0.14
10 010 0.09 0.12
1 071 0.66 0.59 0.67
2 063 0.81-0.62 0.56
4 045 0.42 0.39
750 5037 0.33
8§ 021 0.19
10 015 012 020 0.14

1: According to our data using Egs. (10) and (11). 2: Derived from
Schreyer and Yoder (1964). 3: Derived from Mirwald and Schreyer
(1977). 4: Derived from Mirwald et al. (1979). 5: Derived from Gunter
(1977). 6: Derived from Duncan and Greenwood (1977). 7: According to
Eq. (12).
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of the water content. To facilitate extrapolation of the data, all the determinations
of the water content, known from literature (Schreyer and Yoder, 1964; Gunter,
1977; Duncan and Greenwood, 1977; Mirwald and Schreyer, 1977; Mirwald et
al., 1979), have been fitted by least squares to yield the equation:

In n = 1.006(+0.804) — 1252(F783)/ T — 0.18205(+0.03319)P/T. (12)

Significant ranges of uncertainty for the parameters of Eq. (12) result from dis-
crepances between different sets of the data due to quench problems, analytical
errors, and pressure uncertainties (Lonker, 1981). However, the n values calcu-
lated using Eq. (12) agree closely with our estimates, which were obtained by
simultaneous solution of Egs. (10) and (11) (see Table 2).

It should be noted that the data points of Table 1, which were used to estimate
n, had been obtained from the experiments both with pure water and the H,0-
CO, mixture. This may suggest that the amount of gas molecules entering the
cordierite channels does not depend on the fluid composition, at least for fluids
with CO,/H,0 =< 1, and is almost equal to the amount of H,O under the same
P-T conditions in a purely aqueous system. The determinations by Johannes and
Schreyer (1981) provide support for this suggestion, though their data indicate
that the content of gas molecules decreases with increases in the CO, content of
the fluid. Despite the fact the that, in our opinion, Johannes and Schreyer have
underdetermined the content of foreign molecules in cordierite in the presence of
COyrich fluids, their data are qualitatively consistent with the lower solubility of
CO, molecules in the presence of pure carbonic acid, as determined by Aranovich
et al. (1981). The latter data were also fitted by least squares to yield the equation
for “dry” cordierite molecule content in the solid solution:

In n = 0.783(£0.39) — 220(F369)/ T — 0.20242(+0.02954)P/T. (13)

1t could be seen from Fig. 4 that a simple form of Eq. (13) is adequate to describe
the dependence of the In n on pressure and temperature, according to the data of
Aranovich et al. (1981).

To derive the equilibrium P-T-Xy, relations from the data of Table 1, esti-
mation of AG(1) is necessary. This can be readily achieved by employing Eq.
(8). The calculated AG;(1) yields —4494 + 351 and —4838 + 402 cal-mol ™
for 700 and 750°C, respectively, and the reduction of these data leads to a linear
equation of temperature dependence AGr(1):

AG.(1) = 2387(%+2074) — 7.07(+2.10)T, (14)

with 72 = 0.98.

There exists another way to estimate the AGr(1) temperature dependence
from the experimental data based on Eq. (8). Substitution of Egs. (12) and (14)
together with the AV(1) into Eq. (8) provides the equation:

RT In Ky, + 1135(%£2857) — 6.07(+2.90)T
+ 0.46077(10.03297)P = 0. (15)
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Fig. 4. Temperature dependence of “dry” cordierite content of the solid solution at P =
Pco,- Dashed areas define uncertainty ranges corresponding to Eq. (13). Data from Ara-
novich et al. (1981).

But a similar equation can be derived directly from the data of Table 1 without
estimating the (dRT In Ky,/dP), n and AGr(1) at 700 and 750°C. Regression
by least squares yields:

RT In Ky, — 1201(£1945) — 3.62(F2.00)T
+ 0.45213(£0.03086)P = 0. (16)

By subtracting Eq. (12), A¥(1) P and Eq. (8) from Eq. (16), we obtain
AG(1) = 51(£2728) — 4.62T(+2.80). amn

Though coefficients of Eq. (14) and (17) fall within overlapping ranges of
uncertainty, Eq. (17) is likely a better alternative for several reasons. First, it
demonstrates an excellent agreement with AH,(1) and AS(1) derived from ther-
mochemical data. Calculations from the heats of solution at 970 K determined by
Charlu et al. (1975) lead to AH7(1) = —818 * 335 cal, compared to our 51 *
2728. Newton (personal communication) estimated AS;(1) = 3.73 cal/K, which
was close to Martignole and Sisi’s (1981) 4.02 + 0.56 and our 4.62 * 2.80.
Second, since Eq. (16) is derived directly from the equilibrium compositions, it is
probably devoid of some errors which may have been introduced into Eq. (15),
and thus provides for a better approximation to the data of Table 1.

It should be noted that large ranges of uncertainty obtained for the coefficients
of Eqgs. (14)—(17) originated mainly from a narrow temperature range of our
experiments and not from determination of the equilibrium compositions.
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End Member Reactions

The assemblage Cory, +Pyr + ALSiOs + Qz under “wet” (Py,o = P) and “dry”
(P, = 0) conditions is metastable relative to other assemblages (Newton, 1972).
Equation (14) allows the position of reaction (1) to be calculated for “dry” con-
ditions. It is evident from Fig. 5 that the calculated position is topologically con-
sistent with the stable breakdown reactions of anhydrous Cory,. This position
almost coincides with that calculated by Martignole and Sisi (1981) from ther-
mochemical data.

To calculate the end member reaction (1) at hydrous (purely aqueous fluid
present) conditions, Eq. (16) was employed. The calculations assume a position
of the reaction curve shown in Fig. 6, where the stable cordierite breakdown reac-
tion curves have also been plotted. It could be seen from the diagram that water
pressure stabilizes cordierite by several kilobars compared to “dry” conditions,
and that metastable reaction (1) occurs at higher pressures than the stable reac-
tions to sillimanite, quartz and talc, or enstatite. Our data are in excellent agree-
ment with the calculations by Martignole and Sisi (1981), who used the ther-
mochemical data and a different approach to account for the cordierite hydration.

A combination of Egs. (4) and (8) provides for calculation of the equilibrium
conditions for reaction (2) at hydrous conditions and allows the estimation of its
curve on the P-T plane. Using Egs. (5), (17) and ¥(2) we obtain:

RT In K¢, + 4933(£2227) — 6.288(F2.264) T
+ 0.487(£0.031)P = 0. (18)

Fig. 5. P-T diagram of Cory, stability under “dry” conditions. Solid lines according to
Newton’s data (personal communication). Patterned area denotes uncertainty ranges
according to Eq. (16). Dashed lines refer to reaction (1). (1) Our calculation. (2) From
Martignole and Sisi (1981).
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Fig. 6. P-T diagram of Cory, stability under P = Py, conditions. Solid lines: data from
Newton (1972) and Newton et al. (1974). Patterned area denotes uncertainty ranges
according to Eq. (16). Dashed lines refer to reaction (1). (1) Our calculation. (2) Accord-
ing to Martignole and Sisi (1981).

The estimated position of the curve is shown in Fig. 7. It is evident that our results
disagree, even qualitatively, with the positions obtained by Weisbrod (1973) and
Holdaway and Lee (1977) from the experimental studies. As has been pointed
out by Lonker (1981) and Martignole and Sisi (1981), a negative slope of the Fe
end member reaction (2) curve on the P-T plane, deduced by Richardson (1968),
Weisbrod (1973b), Holdaway and Lee (1977), is at variance with the calorimetric
data, with the stable breakdown reactions of Cory, bracketed experimentally, and
with the data on dependence of K, on temperature. Based on the evidence from
natural occurrences, Korikovskii (1979) emphasizes that the negative slope is also
inconsistent with the field studies. To explain these discrepancies Martignole and
Sisi (1981) suggest that the cordierite starting materials in the available experi-
ments on hydrous Corg, stability “have not had enough time to reach equilibrium
hydration, and hence, maximum pressure stability.” Although this explanation
may not be sufficient, there is little doubt that it is highly disputable that the
experiments under discussion have reached equilibrium. In our opinion, the data
of Richardson (1968), Weisbrod (1973b), and Holdaway and Lee (1977) are
insufficient to support the negative slope. The plot of the experimental data by
Richardson (1968) in Fig. 7 shows that there are ten runs which are consistent
with our data and only one run (700°C, 3 kbar, SQ 46), in which a moderate
increase of Cor was determined by X-ray diffraction, that disagrees. It should be
noted that none of the experimenters who studied Fe end member reaction (2)
managed to avoid tiny inclusions of hercynite in the synthetic minerals of starting
charges and run products. It is likely that the inevitable hercynite inclusions have
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Fig. 7. P-T diagram of Cory, stability under P = Py,, conditions. Solid lines: our cal-
culation. Dashed lines: (w) data from Weisbrod (1973b); (HL) data from Holdaway and
Lee (1977). Data from Richardson (1968). (1) Cor growth (?—moderate). (2) Alm +
Sil growth. (3) Her present.

distorted equilibrium relations of the minerals and have led to misinterpretation
of the experimental results. Weisbrod (1973b) and Holdaway and Lee (1977)
supported their investigations of the univariant end member reaction (2) curve by
the data which were determined by an approach from divariant fields Fe-Mn and
Fe-Mg. This method has been demonstrated to be the most reliable for bracket-
ing univariant reactions (Schmid et al., 1978), but as these points, 750°C, 3.3 +
0. 1 kbar and 740°C, 3.0 % 0.1 kbar, fall on our line in Fig. 7, they cannot be
used to support the negative slope.

Fe-Mg Reactions

Simultaneous solution of Eqgs. (4) and (8) for the mineral compositions provides
the isothermal P-X)y, sections for “dry” (In n = 0) conditions (Fig. 8). Compar-
ison of calculated P-Ny, loops and experimentally determined points shows that
the data of Hensen and Green (1971) and Hensen (1977) disagree with our cal-
culations. The latter discrepancy may have arisen from erroneous estimation of
the equilibrium mineral compositions by Hensen and Green (1971). Under close
examination the average Mg/(Mg + Fe) ratio of the garnets, despite inhomo-
geneity of the grains, was found to be similar to that of the starting mixtures (for
both C;, and C,, compositions). These relations resemble our data on the garnet
synthesis at 1100°C and 30 kbar (Aranovich and Podlesskii, 1982a) and imply
that the compositions accepted as being in equilibrium may have been produced
during crystallization of the starting mixtures and not by equilibration.
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Fig. 8. P-Ny, diagram of the Cor-Gr-Sil-Qz stability under “dry” conditions. Solid
lines: Gr composition. Dashed lines: Cor composition. Triangles: data from Hensen
(1977). Rectangles: data from Hensen and Green (1971) (dashed: 100°C, open: 900° C).
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Fig. 9. P-Ny, diagram of the Cor-Gr-Sil-Qz stability at 740°C (P = Py,o). Solid line:
our calculation. Dashed line and data from Holdaway and Lee (1977). Open boxes: Cor
stability. Shaded boxes: Gr + Cor stability. Circles: uncertain mixtures. Arrows denote
changes of the starting garnet compositions.
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Although the reversal point (Hensen, 1977) has been obtained in experiments
under low water activity conditions, addition of oxalic acid (5%) might have
changed the compositional relations of the minerals according to Eq. (8), which
is probably the reason why this point does not fall on the 1000°C loop in Fig. 8,
while the RT In K, value agrees with Eq. (5). If the fluid content of cordierite
from these experiments had been determined, we could know that for sure.

The results of calculation of the P-X), sections for “wet” conditions (In »n
defined by Eq. (12)) are incompatible with the experiments by Currie (1971) and
agree with the 740° C isotherm derived by Holdaway and Lee (1977). Hensen’s
(1977) critical observation of the experiments by Currie showed that they had not
been accurate enough to provide for correct thermodynamic data on the equilib-
rium in question, and because we agree with the criticism, we do not discuss them.
The plot of the 740° C P-Xy, section calculated with our data is shown in Fig. 9,
in comparison with the isotherm derived by Holdaway and Lee (1977) from both
experimental and natural data. It is evident that the calculated loop fit the limited
experimental data of Holdaway and Lee (1977) in much the same manner as their
own calculation.

Application to Geothermobarometry, and Discussion

The above calculations offer an instrument for measuring metamorphic temper-
atures and pressures, but to use it efficiently we need to know the “dry” cordierite
molecule content of natural cordierites, and here some problems arise. (1) The
data on the gas content of natural cordierites are difficult to obtain and, thus, are
very limited. (2) The natural cordierite channels are filled not only with H,O and
CO,, but also with other components of coexisting metamorphic fluid such as Ar,
N,, CO,, CH,, and C,H, (Beltrame et al., 1976, Zimmermann, 1981), and the
amount of these gases may range up to 30% of the total gas content. (3) The
determined gas content may be related to the latter processes other than those of
equilibration of the Cor-Gr-Sil-Qz assemblage. In order to circumvent these
problems we assume, largely out of necessity, that Py = P, and that all gases in
cordierite channels behave like water, with the “dry” cordierite content being
equal to that at Py,o = P condition. These assumptions allow calculation of the
P-T dependence of the Fe-Mg mineral compositions via Egs. (4), (5), and (6).

The calculated isopleths of Mg/(Mg + Fe) of coexisting cordierite and garnet
are plotted on a P-T diagram (Fig. 10). To account for Al,SiO; phase transitions
the data of Holdaway (1971) have been used. It could be seen from Fig. 10 that
certain ranges of compositions of cordierite and garnet lie in certain Al,SiOs poly-
morph stability fields. The most magnesium assemblages fall within the Ky field
and the most ferrous assemblages fall within the And field, while the bulk of the
compositions is confined to the Sil field. In contrast to calibrations of Hensen and
Green (1973), Thompson (1976), and Lee and Holdaway (1978), the exaggerated
stability field of Fe-rich cordierites is lacking.

Several lines of field evidence support the calculated relations. Cordierites of
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Fig. 10. P-T diagram with Ny; (dashed lines) and Ny, (isopleths for the Cor-Gr~
Al,Si05~Qz equilibrium at P = Py, condition. Alumina silicates fields from Holdaway
(1971).

composition close to Corg, were found exclusively in low-pressure rocks (e.g.,
Lepezin and Melenevsky, 1977), with the most ferrous cordierite (N, = 1) being
described in andalusite-bearing assemblage of a hornfels (Perchuk ez al., 1980).
In kyanite-bearing rocks only Mg-rich cordierites were reported as stable (Hie-
tanen, 1956; Zotov and Sidorenko, 1968). Grambling (1981) has described the
Corg, + Gr,s + Qz assemblage in relation to rocks with kyanite, andalusite, and
sillimanite in the Truchas Peaks region, New Mexico, and this is in excellent
agreement with Fig. 10.

Observations of more than 150 assemblages (Aranovich and Podlesskii, 1982b)
have shown that the estimates obtained in terms of Egs. (4), (5), (8), (12), and
(14) are consistent with the Al,SiO; polimorphs stability fields (Holdaway, 1971),
with the only exception being the estimates for the compositions from Napier
complex, Enderby Land, reported by Ellis et al. (1980) (see Fig. 11). It could be
seen from Fig. 11 that the estimates for metamorphic complexes or areas fit to
narrow trends on a P-T diagram, with each complex being characterized by a
peculiar trend. The geological interpretation of the similar trends for the Aldan
shield, Chogar, and Khanka complexes have been discussed elsewhere (e.g., Per-
chuk ez al., 1980; Aranovich and Podlesskii, 1982b; Perchuk et al., in press), and
here attention will be focussed on consideration of possible errors in estimating
the P-T conditions by the Cor-Gr-Sil-Qz thermometer and barometer.

Consistency of our calibration with the thermochemistry, the most reliable
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Fig. 11. Estimates of P-T conditions of metamorphism. I. Canada, (1) The Coast
Ranges granulites, British Columbia, Cor and Gr compositions from Selverstone and
Hollister (1980). (c) Core composition; (r) Rim compositions. (2) The Khtada Lake com-
plex, British Columbia (Hollister, 1977). (3) The Daly Bay complex, Northwest Terri-
tory (Hutcheon et al., 1974). (4) Northeastern Saskatchewan, (Kays, 1976). (5) The
Opinicon Lake region, Ontario, (Currie, 1971). (6) The Frontenac Axis, Ontarion (Lon-
ker, 1980). II. Finland. (1) The Ivalojoki-Inarijarvi area, Finnish Lapland (H6rmann et
al., 1980). (2) Lapland (Korsman, 1977). (3) The Rantasalmi, Sulkewa area, South-
eastern Finland (Korsman, 1977). (4) The Attn gneisses, Southwestern Finland (Schel-
lekens, 1980). III. Scottish Caledonides. (1) Glen Skeddle. (2) Huntly Portsoy. (3) Stron-
tian (Ashworth and Chinner, 1978). IV. Norway. (1) The Egersund, Ogua, Southwestern
Norway (Hery, 1974). (2) Rogaland (Jacques de Dixmude, 1978). V. Different areas.
(1) Enderby Land, Antarctica (Ellis et al., 1980). (2) Southwestern Greenland (Wells,
1979). (3) Sonapahar, Assam, India (Lal et al., 1978). (4) Contact aureole of the Ronda
ultramafic intrusions (Loomis, 1979). (5) Contact aureole of the Nain anorthositic com-
plex, Labrador (Berg, 1977). (6) The Rayner complex, East Antarctica (Grew, 1981).

experimental data, and the field evidences implies that qualitative errors are
unlikely, while quantitative uncertainty of estimation seems inevitable. Major
sources of error are (1) the uncertainty ranges of thermodynamic properties of
end member reactions, (2) activity models assumed for the solid solutions
involved, and (3) unknown fluid content of cordierite. Errors arising from the
uncertainty ranges of parameters of Egs. (4), (8), and (12) have been determined
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as +15°C and 1 kbar for the estimates of temperature and pressure,
respectively.

Isomorphism of mineral-forming elements of natural cordierites may be con-
sidered, to a high degree of accuracy, as confined to the Cory,—Cory, solid-solu-
tions series. The mineral chemistry observations (e.g., Lepezin et al., 1975) show
that the content of manganese, which is the most significant of the cordierite
impurities, is usually negligible. Thus, it seems reasonable to ignore errors arising
from the use of the Xy to estimate the P-T conditions. Also, the existing data
give no indication of nonideality of mixing of the “dry” and fluid-saturated cor-
dierite end members, and, consequently, the related errors can not be evaluated
at present.

Observation of much data on the composition of garnet coexisting with Cor +
Sil + Qz (Podlesskii, 1981) shows that the total amount of the Gros and Spes
components usually does not exceed 10 mol %, with the more manganous or calcic
garnets being very rarely met in this paragenesis. This implies that the effect of
the garnet impurities on the P-T estimates cannot be pronounced. In any event,
despite the fact that reliable data on the mixing properties of the Mn-bearing
garnet solid solutions are lacking, an attempt has been made to estimate this
effect. It is evident that the maximum P-T estimates are obtained with the X,
substituted into Eq. (8), while the employment of the Mg/(Mg + Fe + Ca +
Mn) ratio provides the minimum values. The P-T diagram of Fig. 12 shows that
the difference between the values thus obtained is negligible for the garnets from
Massachusetts (Tracy et al., 1976). Similar patterns have been obtained for most
of the other assemblages of the garnets with low Ca and Mn content. The differ-
ence has been found considerable (—1 kbar) only for the manganous garnets (up
to 30 mol % Spes) from hornfelses of the Steinach aureole (Okrusch, 1971) and
from the Ryoke gneisses (Ono, 1977). This difference may be not as large as
shown in Fig. 13 due to the probable positive mixing energy of pyrope and
spessartite.
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Fig. 12. Comparison of P-T estimates obtained for metamorphic rocks of Central Mas-
sachusetts (Tracy et al., 1976) by different means. Dashed arrows: Spes and Gros con-
tents of garnets were not taken into account. Solid arrows: additional components taken
into account.
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Estimation of errors related to the unknown fluid content of cordierite presents
some problems. It is easy to calculate that the pressure estimates for “dry” con-
ditions” (P = 0) are some 3 kbar below those for “wet” conditions (Py,o = P).
This is too large a difference to allow any petrogenetic application and, in addi-
tion, it is based on the unlikely assumption of the absence of metamorphic fluid.
In our opinion, the uncertainty range in this case should be the difference between
the estimates based on Egs. (12) and (13), i.e., for Py,o = P and Py, = P con-
ditions. This assumption is supported by comparison of the pressure estimates
based on Egs. (12) and (13) and that obtained by using the n values determined
on the cordjerites from the assemblages of Ivalojki-Inarijarvi area (Hérmann et
al., 1980) (see Table 3). The analysis shows that the CO,/(CO, + H,0) ratio in
cordierites is high which implies a high CO, content in the coexisting fluid. There-
fore we should expect that Eq. (13) is more useful in simulating real conditions
than Eq. (12). The corresponding data of Table 3 and the estimates obtained from
the plagioclase—garnet geobarometer (Aranovich and Podlesskii, 1980) support
this assumption. Unfortunately, few data on the fluid content of cordierite coex-
isting with Gr + Sil 4+ Qz are available to date and it is difficult to make any
conclusions concerning the applicability of Egs. (12) or (13) in describing the
natural occurrences. If we consider general increase of CO,/(CO, + H,0) ratio
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Fig. 13. Comparison of P-T estimates obtained for gneisses of Ryoke (A) (Ono, 1977)
and contact hornfelses of Steinach Aureold (B) (Okrush, 1971) by different means. (1)
Spes and Gros contents of garnet were not taken into account. (2) Additional components
taken into account.
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Table 3. Calculated equilibrium pressures for Ivalojoki-Inarijarvi

granulites.
N¢ Pp P, P, P, ne n, ny

89.Ve 9.0 7.4 7.2 8.4 0.22 0.49 0.53

T 8.8 7.2 7.0 8.0 0.22 0.49
158.1 7.3 5.8 6.1 — 0.21 0.57 0.43
158.11 7.7 6.1 6.5 7.2 0.23 0.56 0.44
. 7.2 5.5 5.8 — 0.22 0.59 0.49

158.1v; 68 51 55 — 022 06l
161.1I¢ 8.5 6.9 7.0 8.4 0.23 0.52 0.50

8.2 6.5 6.7 7.4 0.23 0.54
194.111 1.6 59 6.6 6.0 0.23 0.57 0.38
13 5.7 6.1 79 0.23 0.58 0.45

196.111¢ 60 43 49 61 022 068

“Rock sample number according to Hormann et al. (1980).

bp, calculated at P = Py, condition, P, calculated at P = P, condi-
tion, P; calculated using H,O and CO, contents of the cordierites ana-
lyzed by H6rmann et al. (1980), P, using garnet-plagioclase barometer
modified by Aranovich and Podlesskii (1980).

“n, corresponding to P,, n, corresponding to P,, n; derived from the cor-
dierite analyses (Hormann et al., 1980, and personal communication
from M. Raith).

of the metamorphic fluid with depth (Perchuk, 1979), Eq. (12) seems more valid
for the assemblages of the medium- (or low-) pressure rocks, than for that of the
high-pressure rocks. This is just the opposite of Eq. (13). Further studies are
needed to solve these problems.
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Chapter 7

Experimental Investigation of
Exchange Equilibria in the System
Cordierite—Garnet—Biotite

L. L. Perchuk and I. V. Lavrent’eva

Symbols

Thermodynamic Parameters

T: temperature, °K

t: temperature, °C

P: pressure, bar

AG%: Gibbs free energy of a reaction at given T and 1 bar, cal-mol ™

Nyt molar percentage of Mg component in the solid solution of mineral M:
Ny, = 100Mg/(Mg + Fe + Mn)

X¥.: molar fraction of Mg component in the solid solution of mineral M: X,
= Mg/(Mg + Mn + Fe)

AS%: entropy change of a reaction at temperature 7 and 1 bar, cal-K™!

AV: volume change of solids in a reaction, cal-bar™'-mol.™

K. distribution coefficient

Statistical Parameters

x;: mean arithmetical value

r: the linear regression coefficient

8: mean square deviation (m.s.d.)

A: mean deviation | (X; — Xye,)/n|; n number of samples
X a given value

Xyeor- Value according to linear equation

Minerals

Alm: almandine
And: andalusite
Ann: annite

Bi: biotite

Cor: cordierite
Est: eastonite
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Gr: garnet

Phl: phlogopite

Pyr: pyrope

Qz: quartz

Sil: sillimanite

Sid: siderophyllite

N = 100A1/(Al + Mg + Fe + Mn + Si + Ti) in formula of Bi
Hel: Helium gas mixture

Mineral abbreviations with subscript NV represent the magnesium composition,
e.g., Gry is a garnet with 9 mol % pyrope.

Introduction

Cordierite—garnet and biotite—garnet pairs are the most effective thermometers
for estimating the equilibrium temperatures in metapelites. Both of these ther-
mometers are based on the exchange equilibria with relatively large entropy
change in the following reactions:

Corg, + Gry, = Grg. + Cory, (1)
Bipe + Gng = Grpe + Bng' (2)

Reactions (1) and (2) were calibrated as mineralogical thermometers by Per-
chuk (1967, 1969, 1970a,b) and later, in the 1970s, were studied by a number of
petrologists (Currie, 1971, 1974; Hensen and Green, 1973; Hensen, 1977; Gold-
man and Albee, 1977; Holdaway and Lee, 1977; Ferry and Spear, 1978; Perchuk,
1977; Perchuk et al. 1981). Generally (Perchuk, 1969, 1977), the temperature
increase should transfer Mg from hydrous silicates (Cor and Bi) to anhydrous
ones (Gr), with opposite for Fe. The negligible effect of Ca, Mn, and Fe** contents
in garnet in comparison with the temperature effect on reaction (2) was demon-
strated by Perchuk (1970). Predominance of the Mg = Fe isomorphism in nat-
ural minerals lets us define the mole fraction as follows: Xy, = Mg/(Mg + Fe
+ Mn). Introduction of Ca into this expression (together with Mn) gave worse
empirical results. Recently Perchuk (1981) established the correction for the Mn
= Mg isomorphism in garnet: T = (3650/In K + 2.57) + 252.25(Xy, —
0.035), where Xy, = Mn/(Mn + Fe + Mg).

Many of these theoretical results are consistent with those cited above. Only
Currie (1971, 1974) found the reverse temperature dependence of the distribution
coefficient for Fe and Mg in the Cor + Gr pair. The experimental study of the
exchange reaction (2) has been carried out by Ferry and Spear (1978) for pure
system Alm + Phl = Ann + Pyr. They found a good linear correlation between
1/T and In KP.

Figure 1 shows existing experimental and theoretical calibration of In K
against 1/ T for both equilibria under consideration. Despite discrepancies in the
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correlation shown, all results indicate an ideal of distribution of Fe and Mg in the
two systems. A minor deviation from the ideal was predicted (Perchuk, 1970a)
for exchange reaction (2) at temperatures below 550°C. This has yet to be
established experimentally. The temperature effect on equilibrium Cory, + Big
= Biy, + Corg, is negligible (Perchuk, 1969, 1970b). Lack of reliable experi-
mental data for the system under discussion and complex kinetics of reactions (1)
and (2) require that in this chapter we: (1) find a method of equilibration of min-
erals under P-T conditions of the runs; (2) develop an approach for estimating
the equilibrium compositions of solid solutions coexisting in a run using the elec-
tron-probe analyzer; and finally (3) apply the thermometers to natural
metapelites.

Experimental Methods

Procedures and Apparatus

Investigations were conducted in the temperature and pressure ranges of 550-
1000° C and 5-7 kbar, respectively. Apparatus was changed according to the tem-
perature of the experiment. Below 800°C Tuttle’s vessels were used and above
800° C the gas apparatus was used. The runs were made using Eugster’s double
capsule technique with the NNO (Ni-NiO) and QFM (quartz—fayolite-magne-
tite) buffers. The accuracy of temperature was regulated within +5° and pres-
sure within 50 bar. After each run the material of external gold capsules was
studied by optical and X-ray methods to determine the buffer composition. The
material from the internal Pt capsules was thoroughly cleaned by a weak HCI
solution.

Starting Materials

The helium (hel) preparations as well as mixtures of Fe, Mg, and Al oxalates
with amorphous SiO, were used as starting materials in experiments at 600 and
650°C. At higher temperatures we used natural minerals mixed with NH,Cl, Fe,
and oxalic acid (H,C,0,:2H,0).

The compositions of hel mixtures corresponded to the average chemical com-
positions of coexisting Bi + Cor + Gr from the medium and high-grade meta-
morphic rocks (see Table 1).

The oxalates + SiO, mixtures corresponded to Gr:Cor = 1:1 at the given Xy,
of the system. Reagents were mixed and powdered in the agate mortar and placed
in the Pt capsules without any fluid components. In most experiments the natural
Cor, Gr, and Bi were used as starting materials. The chemical compositions of
some of the minerals and statistical data on homogeneity of the materials (A) in
terms of Ny, are given in Table 2. We used only minerals with a small A value.
Garnets K-22-5 and ®-13, cordierite 393/86, biotites K-24, $-280, B-74, B-91,
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Table 1. Chemical compositions of helium mixtures used in the
recrystallization runs with Cor, Gr, and Bi.

A B
Oxide Cor Gr Bi Cor Gr Bi
SiO, 49.47 37.99 35.47 49.92 37.27 35.62
TiO, 0.01 0.10 2.15 0.12 0.08 3.23
AlLO, 33.31 20.74 19.42 32.67 20.74 17.98
Fe,0, 0.25 1.13 1.48 0.74 3.11 2.07
FeO 7.57 32.07 19.60 7.07 29.47 17.21
MgO 8.76 5.47 10.77 8.87 6.77 10.29
MnO 0.06 1.17 0.17 0.05 1.24 0.06
CaO 0.14 1.31 0.24 0.08 1.24 0.44
Na, O 0.34 0.02 0.53 0.37 0.07 0.36
KO0 0.09 —_ 8.62 0.10 0.00 8.70
Total 100.00 100.00 97.45 99.99 99.99 95.96

A: the medium-grade mineral assemblages.
B: the high-grade assemblages.

®-10, and M 2002/4 were included in this group of starting material. Their chem-
ical analyses will be given in the next part of this chapter.

Table 3 shows the compositions of fluid components used in experiments with
Bi + Cor + Gr. In choosing these components we took into account the high
solubility of Bi in the chloride fluids, which buffers the chemical potentials of K,O,
H,0, FeO, and MgO during the run. Only in this way were we able to obtain
relatively large grains of Cor and Gr in each run. Thus, Bi was a participant in
the exchange reaction, as well as a mineral buffer.

The choice of the compositions of the starting materials depended on the aim
of each run at the given temperature. Exchange reactions (1) and (2) do not
depend upon activities of any additional components in the fluid. We thought that
Cl could penetrate into the structural channels of cordierite with K,0O and H,O.
We could not, however, detect a remarkable concentration of Cl in Cor with a
microprobe analyzer.

At temperatures of 600 and 700°C the hel + oxalic acid mixture runs showed
a very sluggish crystallization of the minerals. Moreover, the ionic exchange
between the minerals did not take place. This prompted the development of a
method of recrystallization of natural minerals in the complex fluid mixtures. Our
experience showed that recrystallization of Cor and Gr without Bi was very slug-
gish, with formation of very small grains of these minerals. Addition of a great
amount of Bi facilitated the recrystallization of fine-grained starting material to
large crystals varying in size from 75 to 300 x. In many runs we added some
amount of pure Fe to starting mixture in order to keep the bulk composition of
the charge in relatively Fe-rich field. During the run the Fe dissolved in the fluid
completely.
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Table 3. The compositions of starting crystallizing
mixtures (“fluids”) in the runs on recrystallization of
coexisting Cor, Gr, and Bi.

Composition (mg)

Index FeCL4H, 0O NH,Cl Fe H,C,0,-2H0

A —_ 5 8 —_
B — 5 2 —
B — 5 5 —
T — 22 20 —
Jit — 5 5 —_
E — 5 5 1
X 5 — 2 —
3 10 — — —_
)i — 10 10 1
K 15 — —_ —
Ja — — — 7

Microprobe Standards

The results of this chapter are based upon data of analyses of almost 500 runs.
These analyses were made using the microprobes Cameca MS-46, Camebax,
JXA-5A, and JXA-50A.

In some cases we have applied the Bence—Albee or Afonin (Afonin et al., 1971)
programs, which incorporate nonlinearity of the characteristic X-ray radiation as
function of the chemical composition of silicates. Afonin’s program gives better
results, but it is very complicated to use.

To accelerate probe analyses of natural and synthetic Cor, Gr, and Bi, we used
these minerals as standards. Using the microprobe we determined inhomogeneity
of Gr and chose the best wet chemical analysis of the most homogeneous garnets,
as standard. Probe analyses of a dozen randomly chosen garnet grains had entirely
the same composition as that obtained by the wet chemistry.

To find the best correlation between the Mg and Fe concentrations with the
characteristic X-ray radiation of the elements in garnets, we chose 10 garnets with
known chemical analyses recalculated to 100 wt % after excluding Na, K, Cr,
etc.!

From such data we found the following linear equations:

Cawt % = 0.529 + 0.04163(Iz); r = 0.994, 3)
A= 1034;6 = £0.42,
Mz Wt % = 0.2025 + 0.01621(1y,); r = 0.9996, “4)

A = 10.16; 6= +0.22,
where C; are weight concentrations.

!Tables of standards may be obtained from the authors.
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All the samples were analyzed for six elements, Fe, Mg, Ca, Mn, Al, and Si,
using the probe at 15 keV. The garnet standards have been strictly chosen in order
to reflect the wide range of their compositions.

Equations (3) and (4) cannot be used to calculate the Fe and Mg contents in
garnets because the equations are given in terms of weight percents (Cg, and Cy,
depend upon many factors, the probe analyzer setting in particular). Thus, using
Egs. (3) and (4) we found new formulas in the form of relative intensities ig, and

Img:

ig = R/, Q)
% = R/ 15,
(6)
where If;** and I})'* are parameters for the most Fe-rich (K-22-5) and Mg-rich

(AO-139) homogeneous garnets, respectively. Correlations of these parameters
can be expressed as follows:

O wt % = 0.48 + 36.116(i&); r = 0.99931, @)
A= 1036 6§ = +0.44 (Wt %),
o wt % = 0.25 + 20.234(i%5); r = 0.9996, )

A= 1019 6= £0.25(wt %).

The error in Ny, could be +0.5 mol %. Besides, the values Ny, calculated using
the Bence~Albee program as well as that of Alfonin appear to have a small devia-
tion from the linear regression. The value

ANy, = Nig™ — Niig
(Cha denotes wet chemical analysis) changes regularly with Ny, obtained from
wet analyses. Fortunately the deviations are negligible and we could use a formula
based on (7) and (8) for estimations of Ny, from the microprobe intensities.
All cordierites used as standards are characterized by high degree of homo-
geneity (ANy, = 10.25 mol %). On the basis of the analytical data and one zero
point, the following expressions were deduced:

Cr = 0.18 + 18.28(if™); r = 0.999, 9)
A= 10.17; §= £0.24,
vz = 0.06 + 9.91(!’&‘:); r = 0.9995, (10)
A= 1014, 6= +0.18,
where
i = I I, iy = R/ g (11)
G was calculated using formula based on (9) and (10). ANy, = Ny, — Ny;,

with A = $0.37 mol % (where superscript Pa denotes probe analyses) shows that
the method used is sufficiently accurate. Thus, (9) and (10) were employed for
estimating the composition of synthetic and natural cordierites with two
standards.
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Homogeneity of biotite standards have been checked with a number of mea-
surements of several grains of Bi in each sample. We tested only concentrations
of Fe and Mg in the biotites. The variations of i and iy;, are +1.9 and 1%. The
values of relative intensities are given by the equations:

l}B:L = I;acmple/ Fe~24 al'ld l&lg = Isﬁr;ple/m-sZOOZ/ll’ (12)

where I&?¥ and I{};”** are absolute intensities of Fe and Mg in two samples of

biotites.
The following equations were also derived:
B = 0.09 + 19.333(if); r = 0.999,
A= 104; 6= 105wt%. (13)
Me = 0.29 + 10.775 (ipgg); r = 0.996,
A= 1£052; 6= 108wt%.

The mole fraction of the Mg component in biotite has been calculated from the
equation based on (13). The variations of Ny within the whole range of compo-
sitions correspond to A= 0.43 mol %. This is a fairly accurate reflection of the
high degree of homogeneity of the biotite standards. As mentioned above, during
the measurements with a microprobe we did not use all standards. For each min-
eral we used only two standards and one zero point. Then we corrected the cal-
culated values, taking into account the Ny, deviations of these samples from equa-
tions deduced above (see Egs. (7), (8), (10), (11), (13)).

Method of Estimation of the Equilibrium Mineral
Compositions

This problem was complicated by the small diffusion coefficients of Fe and Mg in
all the three minerals. We developed a special method for estimating the equilib-
rium compositions of inhomogeneous minerals after the runs.

As was already mentioned, most runs were conducted with natural starting
minerals. The starting compositions were chosen to approach equilibrium from
the opposite sides of an isotherm. In some cases we used Fe-rich Gr and the Mg-
rich Cor. In particular, both new grains and rims around the starting seeds were
grown during the run. In such a case their compositions shifted in opposite direc-
tions to reach an identical Ny, Thus, our purpose was to analyze a great number
of grains in the run products and to make several measurements in each of them.
As a rule, we have studied 15-25 grains of minerals, determining in total from
50 to 150 compositions. Large grains (80-300 ) were studied thoroughly in order
to obtain their chemical topology map, enabling us to find the most “shifted”
compositions (from starting Ny,) of different minerals considered to have reached
equilibrium. After several hours the Fe-rich garnet, almost pure Alm, was the first
to form in the runs with Ny, > 20. Then more Mg-rich Gr rims around this
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almandine core were grown. If the rims of the same compositions overgrew the
starting or more Mg-rich garnets, we accepted their Ny as the equilibrium value.
The same approach was adopted for biotite and cordierite.

In the course of recrystallization, Ca and Mn from Gr dissolved into the fluid,
leaving the newly formed garnet grains poor in these components. That was a good
indicator of a mineral growth.

The ideal distribution of Mg and Fe in each pair of minerals (Perchuk, 1967;
1970a,b, 1977, Thompson, 1976; Holdaway and Lee, 1977, etc.) enabled us to
find a series of locally equilibrated compositions by applying the “rim growth”
approach to each run product. Using the available probe measurements, we could
construct histograms with several compositional spectra. These spectra probably
reflect kinetics of the system at constant P-T during its evolution (dissolution of
biotite and metallic Fe in the fluid, partial dissolution of Cor and Gr, etc.). Ost-
vald’s step rule allows estimation of compositional ranges of coexisting minerals
by the method of projective correspondence (Korjinskii, 1959). Knowing only two
equilibrium compositions of Cor and Gr (or Bi and Gr) and finding the center of
projection, we defined the limits of equilibrium compositions of two phases. Other
parts of compositional spectra were considered as metastable. We used lots of
measurements of Fe, Mg and Ca, and Mn contents in minerals (the latter were
measured only for garnets) to construct the 4 mol the % step histograms and the
projective correspondence diagrams for each run. Examples of these will be con-
sidered in next section.

Experimental Results

Cordierite-Garnet Exchange Equilibrium

This equilibrium was studied in the temperature range of 600-1000°C and at
pressure of 6 kbar. In several runs, pressures were varied within 5-7 kbar.
Because buffers were used, the variation in oxygen fugacity does not affect K, and
the stability fields of minerals involved. To achieve equilibrium starting from Mg-
rich cordierite and Fe-rich garnet, five runs were made at 575°C and 5.5 kbar.
After 10 days in three runs, we noted no significant changes (composition of Bi
was slightly changed, Run 076). Essential changes occurred in Runs 078 and 079.
Here Cor disappeared completely. Fe-rich Gr (Ny; = 4.6-11.8 mol %) and small
amount of Chl (N$! = 90) appeared; Bi also changed its composition to Ny, =
33, although in the 078 run products, one grain with Nyg = 22.4 was found. But
in the remaining run products Bi predominated. All of these results were obtained
with the following “fluid”’: NH,Cl—5 mg, Fe—5 mg, oxalic acid—1 mg.
Judging from the results of the runs, it was not possible to obtain reliable data
for Cor-Gr exchange equilibrium at 575°C, but it was possible for the Bi-Gr
pair. Five runs were conducted at a temperature of 600°C and a pressure of 6
kbar over the wide range of starting mineral compositions (Gry—Gr;s and Cor;—
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Cors,). In two runs Cor disappeared. The high Fe content in Run 081 led to the
decomposition of Cor to Gr + Qz + Sil (?). Differences in Ny, of starting min-
erals of Run 082 were too large (N < Ny) to shift reaction (1) to the right
side: it is known that the reaction is always shifted to the left at different T and
P. After the run, we estimated the following compositions: Coryp; + Gr;;.
Although the compositions of Gr,_s are the most widespread, the probe did not
detect any rims around Gr;;. In Run 083 the starting material had Nyz > N
After the run, Cor changed its composition to Ny, = 85.7; Gr initially shifted to
almandine and then the Fe-rich crystals developed Mg-rich rims. So, in one grain
of Gr we found zoning from Gr,s; in the core to Gri4_9 in the rims (starting com-
position: Gry). Meanwhile, we detected an idiomorphic grain of Gry in the core
and Gry,, in the rims with intermediate compositions in the middle portion of the
grain. Thus, association Grs;s + Corgs; was considered to be at equilibrium. In
Run 084 the starting compositions of Cor shifted slightly to the Fe-rich end, the
average N5 being about 55. This composition, however, in two cases developed
rims with Ny, = 43-49. At the same time, starting Gry, recrystallized to Gry;
then Gr,o.,, appeared again in the rims. So, in grain No. 13 from this run product,
rims of Gry,.;; surrounded the core of Grg in grain No. 27 the core was
Gry23.126 and rims were in the range Gryg3 105 S0, we considered Cor,; + Gry as
well as Corss + Gryo5 to be in equilibrium, remembering that the Cor composi-
tions were initiated at the Mg-rich end. Obviously, Cor,,; corresponds to the sta-
bility limit of Cor at the T and P.

Summarizing the results of runs at 600°C, we conclude that the equilibrium
compositions of recrystallized minerals are estimated with great difficulty. Only
for Gr could we obtain the composition by the “opposite side method” mentioned
earlier. The composition of Bi seems to influence the Gr composition, because the
paragenesis Grs_ss + Biy, is the most stable. In general, the compositional spectra
of all the three minerals were present in the run products. The intervals Ny, =
3.3-33.9 and Ny; = 30.7-85.7 are too wide to characterize the distribution of
Fe and Mg between Cor and Gr at the chosen P and T. Part of these spectra
seems to refer to metastable equilibria. The most realistic estimates of equilibrium
compositions were done for Runs 082 and 083. Using these data we constructed
Fig. 2. Using results of four successful runs, we calculated the mean value of In
K$6r = 2.417 * 0.117 and that of In K3~ = 1.621 * 0.02.

Hel mixtures, oxalates, and the recrystallization method were used to synthe-
size Cor + Gr at 650°C and 6 kbar. In ten runs, synthesis of the minerals was
done either at the NNO or the QFM buffer. Run duration ranged from 24 to 67
days. The results are listed in Table 4. We failed to control compositions of min-
erals in equilibrium using the mean mole fraction of Mg in the mixture and in Gr
as the most stable phase in the system and, therefore, the crystallization was not
complete in the runs. However, in runs /1 and I/3 we could observe crystals with
75 u in diameter. This size is sufficient enough for measuring the compositions
in several points.

In Table 4 two pairs of values of compositions of coexisting minerals are listed
for each run, for which two peaks (maxima) in histograms appeared.
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Fig. 2. Zoning developed in some run products at 600°C and 6 kbars. The diagram illus-
trates the projective correspondence of Cor and Gr compositions stabilized at given tem-
perature and pressure.

The run duration over the range of 10 to 67 days did not influence compositions
of synthesized minerals. In K, also does not depend on the run duration. In the
composition intervals of Ny, = 4-21 and V; f,‘;‘ = 23-75, the mean In K, is 2.25.

In Run 1/1, Cory,s; formed rims with Ny; = 66.3. Rims of Gry.,, developed
around starting Gr; and rims of Gr,;_;, grew around Gr,,. In these cases In K, is
2.19, close to the mean value mentioned above.

Table 5 and Fig. 3 show results of the experiments on recrystallization of nat-
ural minerals during 7 to 15 days at 650°C. In Run 032 starting garnet with

Mz = 65 formed the rims of Gry_3 and the latter in its turn was surrounded by
Gr;;. That composition (Grj;) was common among the run products. Starting Cor
changed in composition to Cory, g, and biotite to Big,_ss. Intergrowths of Big, +
Gry and Bigs + Gr;; were found in the run products. In both cases In K5 are
very similar (i.e., 1.342 and 1.327).

In Run 033 the composition of starting Cor shifted to Corys and Gr to Gry,
varying within narrow limits (see Table 5). The compositions were determined on
adjacent rims of grains: Cory, + Grg,. Biotite retained its primary composition.

For Run 13 P and T were 6 kbar and 650°C, respectively. The duration was
7 days. The products were analyzed using a microprobe. Part of the run products
with the identical fluid composition was again sealed in the capsule and kept under
the same conditions for 8 more days. We did not find any changes in the mineral
compositions. In the repeated Run 13 (13/1) inhomogeneity in minerals was
slightly less and Gr,;5 appeared to be in equilibrium with Bis (In Kp = 1.37).

All runs were conducted with the variable mineral/fluid ratios. But the weight
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Table 4. Experimental data on crystallization of Cor and Gr in the helium (Nos. 1-9)
and oxide mixtures (Nos. 10-21) in oxalic acid at 650°C and 6 kbar, buffers QFM.

A Ny’ Nug

No. Run Days Ny, Jo Cor Gr Cor Gr Kk,
1 16/1 7 56 MW 66-52 17-12 62 14 2.305
2 16/2 7 42 MW 40-69 7-19 58 12 2.315
3 23 7 0.5 MW 60-45 9-14 53 11 2.211
4 GKS 10 0.3 FMI 62-46 13-20.8 52 10 2.277
5 24/2 7 0.8 MI 46-77 8.5-20.6 46 8.5 2215
6 24/2 7 0.8 MI 46-77 8.5-20.6 61 14 2.262
7 24/1 7 0.5 Ml 65-79 6-7 65 17 2.205
8 25/2 4 70 M 71-52 6-10 61 13 2.348
9 26/1 4 47 M 75-60 21-14 68 17 2.339
1 2a 1 47 Mt 40-80 7-13 55 12 2.193
2 2 2.5 47 QFM 47-17 7-23 60 16 2.064
3 2 2.5 47 QFM 47-77 7-23 49 85 2336
4 2d 3 47 Mt 51-83 9-19 61 12.5 2.393
5 3 4 10 QFM 17-23 4-11 23 4 1.970
6 2b 4 47 Mt 41-81 9-19 59 13 2.264
7 2b 4 47 Mt 41-81 9-19 70 19 2.297
8 2b 8 47 Mt 7-23  35-73 71 21 2.220
9 2b 8 47 Mt 7-23  35-73 63 12 2.525

10 28/3 8 80 NNO 75-91 7-15 75 16 2.757

11 1/3 60 30 QFM 5-53 7-17 53 11 2.211

12 1/1 67 78 QFM 63-91 7-21 68 17 2.339

“The compositional intervals.

Table 5. The run results on recrystallization of Cor, Gr, and Bi in

fluids at 650°C and 6 kbar, buffer NNO.

NMg NME
starting Ny after run equilibrium

Run Fluid® Cor Gr Cor Gr Cor Gr Ink,

028 A 92 28 81-94 17-57.3 92,6 57.3 2232

032 I 64 66 78-84 65-19 82 33 2.225

033 B 64 66 81-95 65-69 93.7 61.6 2.226

034 A 64 66 77-86 66-18 81 31 2.250

13 T 61 28 65-79 35-15 65 17 2.204

13/1 T 65 17 63-73 31-15 66 17.5 2214

“See Table 3.
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ratios of Bi:Cor:Gr were always 7:5:5. Compositions of the fluids are given in
Table 3. Only with these fluids did the essential recrystallization take place and
the paragenesis Cor + Gr with similar values of K, remain stable in spite of the
changing bulk composition of system. These values of K, are close to those
obtained in successful runs on synthesis of Cor + Gr from both the hel mixtures
and the oxides (see Table 4).

Thus, the K, values for the Cor + Gr pair at 650°C were obtained by two
methods (i.e., synthesis from mixture and recrystallization by the “opposite-side
approach”) (see Fig. 4, 650°C).

Despite the limited experimental results, the statistics appear to be satisfactory.
According to data from Tables 4 and 5, the In K, values are statistically mean-
ingful: 2.293 (6 = 4.2 X 107?) and 2.225 (6 = 2.47 X 107*) for syntheses and
recrystallizations, respectively. Uncertainty of the latter value is twice lower than

Fig. 3. The Xy, histograms for Cor and Gr from the run products. Arrows show the shift
of reaction (1) during the recrystallization at given T and P.
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that of the former, suggesting that the recrystallization method is better for the
experiments at the chosen P and T.

Table 6 and Fig. 5 show the results of our experiments at 700°C. We present
a brief outline of the typical results, dividing them into two groups.

The first group is characterized by sharp differences in Ny, of starting Cor and
Gr (N > Ny to bring their composition together during the run. Wide com-
positional spectra can be observed among run products. Newly formed garnets,
however, are always poor in Ca and Mn. This helped to distinguish between the
seeds of Gr and recrystallized grains. Run 046 was a typical example of the group:
equilibrium compositions (Corg + Gr,;) were identified as those that came the
closest in the course of recrystallization starting from Gr, and Cors,.

The second group reflects the experimental results with Ny, > Ny, in starting
materials. This unusual Ny, relation caused sharp shifting of compositions of the
minerals. Run 049 is one of the most typical. Large Cor and Gr grains of 300
p in diameter formed during the run but Bi was completely decomposed. Grg;_gs
developed very Fe-rich rims (up to Gr,;). However, these compositions in turn
were surrounded by more Mg-rich garnet rims with maximum Ny, = 26. This
was accepted as equilibrium composition due to its abundance in the rims of the
grains with cores of Ny, = 63-68 and also of 26 > Ny, > 10. Cor; is in equi-
librium with Gr,s because the Fe-rich cordierite cores formed rims of this com-
position. In one grain we detected a very complicated compositional growth rep-
resented by Cors; in the core and Corg, ;; in the rim.

Wide compositional spectra of Cor and Gr at estimated K, = 7.7 in Run 049
allowed us to determine the metastable equilibrium, using a method of projections
(see Table 6). By this method we established that the metastable equilibrium
compositions were within Ny, = 15-35 and Ny; = 56-80, but one assemblage
Gry + Cor,; represented stable equilibrium.

Thus, at 700° C the equilibrium relations were obtained by the “opposite-side
method” in the following compositional ranges: 10 < Ny, < 80 and 45 < Ny
< 97 (see Fig. 5, 700°C). The mean In K, value is 2.018 with § = 3.57 X 10}
for 43 determinations in 27 runs. A very similar value results if just 27 equilibrium
pairs of Cor + Gr in 27 runs are used (x = 2.011 and 6 = 4.45 X 107?). Coin-
cidence of these two results shows efficiency of the statistical method used for
estimating the Ny, ranges for a pair of coexisting minerals in each run.

At 750° C 15 runs of 10 days duration were carried out. Thirteen of them were
successful. The oxygen fugacity was controlled by buffer Ni-NiO at the constant
weight ratio Bi:Cor:Gr = 15:15:5 (mg). Products of Run 11X contained many
large grains of Cor and Gr. Bi partly dissolved in fluid slightly changing its com-
position from Bi, s, to Bise Garnet predominated over cordierite with variable
compositions from Corss to Cory,. Equilibrium compositions of these minerals
(Cor + Gr) were determined by the “opposite-side method” (see Table 7). Their
grains were characterized by well-developed growth zoning. Starting Cor was
overgrown by Corg. But this composition in turn was overgrown by more Fe-rich
Corg. Starting Gre reached the composition Gry_,, and then changed back to

Mz = 26.
In Run 114X the large Cor crystals (up to 300 u) predominated. There was a
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Fig. 4. The distribution of Mg and Fe between Cor and Gr at 650° C and 6 kbars. Arrows
show the compositional reversal approach to equilibria by recrystallization of natural
minerals in a complex fluid; points reflect the results of recrystallization in helium
mixtures.

small amount of garnets with euhedral large grains of 150 u. Very complicated
compositional relations between Cor and Gr resulted from large Ny, differences
of starting seeds. Gr reached composition Gr,, and then turned back to Gr,s. Fe-
rich Cor converted to Corgs_s, but in the Mg-rich field very complex relationships
in compositions were observed. The Mg-rich rims of Cor around ferruginous cores
predominated. But the opposite was observed only in two cases: Cor,; was over-
grown by Corg. Besides, more Fe-rich cores were also surrounded by similar Coreg
rims. Thus, the equilibrium assemblage is Cores + Gr,s with In K, = 1.852.
We identified four more maxima in the statistical histogram:

Corgs; + Gry,. In K, = 1.850; K, = 6.36;
Cory3 + Gry. In K, = 1.893; K, = 6.63;

Corg; + Gry. In K, = 1.857; K, = 6.40;
Cors;o + Grygy. In K, = 1.821; K, = 6.18.

These values characterize dynamics of development of the mineral equilibrium
assemblage during Run 114X at 750°C according to Ostvald’s rule.

Biotites were also analyzed in the run products ranging in composition from
Bi; to Biy;.

In many cases estimation of mineral equilibrium at 750°C was made by the
“opposite-side method,” (i.e., starting from Mg-rich Cor + almandine assem-
blage) as well as from Fe-rich Cor + Gr (see Fig. 5, 750°C). In 13 run products
more than 1500 analyses of Cor, Gr, and Bi were performed to obtain the mean
value of In K, = 1.832 (n = 24,6 = 1.49 X 107°) found over a wide composition
range (N3 < 50).

Exhaustive information on equilibrium of Cor, Gr, and Bi at 800°C and NNO
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Fig. 5. Isotherms of distribution of Mg and Fe between Cor and Gr obtained by recrys-
tallization of natural minerals in the complex carbonate~chloride fluids at pressure of 6
kbars with NNO buffer.
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buffer was obtained from the series of five runs (see Table 8). Equilibration was
achieved after 5 days. Large crystals of the minerals (Cor in particular) were
grown. Cordierite grains contained many Gr and Bi inclusions. The fluid compo-
sitions changed from run to run, but weight ratios of minerals were the same in
all the cases, Bi:Cor:Gr = 15:5:5. Cor grains (300-350 p) in Run 086 were often
filled by Gr and Cor inclusions. In the matrix Gr the inclusions were small (10-
20 ) but idiomorphic. Equilibration during the run was clear from the changes
in the mineral compositions. For instance, high Mg-rich cordierites (up to Cory,)
formed on seeds of Cors,_ss and then Corg, rims developed around these Mg-
rich Cor zones. We identified Corg, as being in equilibrium because of its maxi-
mum in the histogram. Gr, shifted to Gr,;;. However, because of lack of large
grains of Gr it was impossible, as with Cor, to follow evolution of garnet compo-
sitions. Two garnets, Gr,,, and Grs;5, were found among small discrete grains.
Equilibrium compositions of Cor and Gr were estimated from Gr intergrowths in
large Cor grains. Here Gry, was in contact with Corgye, but Gr;; was included in
Cory;. Gr was supposed to change in composition together with Cor, first to Mg-
rich field and then again to Fe-rich compositions reaching Ny, = 22.2. Thus,
Corg, and Gr,,, were in equilibrium with In K, of 1.701. Similar value (In K, =
1.68) was calculated for pair Cor;; + Gry;.

As mentioned above, these equilibria (at 800°C) were achieved by the “oppo-
site-side method,” illustrated in Fig. 5. According to data from Table 1 the mean
value of In K, is 1.698 with 6 = 3.03 X 107> This accuracy resulted from the
good statistics of measurements (study of about 150 grains of coexisting minerals
covered by 700 measurements of four elements, Fe, Mg, Ca, and Mn, in Gr and

Table 8. The run results on recrystallization of Cor, Gr, and Bi in fluids at 800°C and
6 kbar, buffer NNO, duration 10 days.

NMg NMg )
starting Nyg after run  equilibrium Nyg Other
Before After minerals
Run Cor®* Gr* Cor Gr Cor Gr InK, run run  present

086 58 9 81-51 7-33.5 61 222 1.701 36 52 Qz
086 58 9 81-51 7-33.5 73 335 1.680 36 — —
087 7 66 21-66 66-8 66 26 1.709 36 43 Qz
087 7 66 21-66 66-8 62 224 1.732 36 404 Qz
087 7 66 21-66 66-8 54 18 1.676 36 331 Qz
088 92 9 92-58 6-20 582 203 1.698 36 36 Qz
089 92 28 94-79 26-67 83 47 1.705 94 92 Opx, Qz
089 92 28 94-79 26-67 91.5 66.9 1.673 94 92 Opx
090 58 66 36-77 66-14 76 38 1.698 49 50 Qz
090 58 66 36-77 66-14 61 22 1.712 49 — Qz
090 58 66 36-77 66-14 55 18.4 1.690 49 — Qz

“Weight ratios of the minerals in starting materials are Cor: Gr: Bi = 5:5:15.
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Fe and Mg in Cor and Bi). These results showed again that the very complicated
compositional spectra for Fe~Mg aluminosilicates could be used to estimate their
equilibrium compositions. Moreover, this information sheds light on evolution of
a system during the run and allows us to understand the reason for the composi-
tional inhomogeneity.

Runs at 850°C were conducted in gas vessels with QFM buffer. Eleven out of
twelve runs gave good results summarized in Table 9. The following conclusions
can be drawn. The most reliable data were obtained with the “opposite-side”
method using high Mg-rich Cor and high Fe-rich Gr as starting materials. The
best results were obtained from starting assemblage Gry + Cor 5, independently
of fluid compositions or weight ratios of starting materials (see Runs 101, 111,
and 112). In all of these runs the equilibrium compositions were obtained with
good statistics: 28 pairs of coexisting minerals (including metastable equilibria)
with the mean value of K, = 4.757 (i.e., In K, = 1.56) and 6 = 1.49 X 107>
The 850°C isotherm was determined by the “opposite-side” approach within a
wide range of Mg/Fe ratio (see Fig. 5). About 600 determinations of the mineral
compositions were involved in drawing this isotherm.

Five runs were conducted with QFM buffer at 900°C in a gas vessel. Duration
of the runs was about 7 days. Mixtures with weight ratios Bi:Cor:Gr = 15:5:5
and fluid composition E (see Table 3) were used as starting material. In Run 124
Gr disappeared completely with starting mixture Cory; + Gry + Big,: the Mg
content in the system was too high for Gr to be stable at 6 kbar pressure and
900°C temperature. Instead of Gr, orthopyroxene, spinel, and high ferruginous
Cors, (see Table 10) formed. In Run 121 the phase relationships were very com-
plex despite the high degree of crystallization of the run products. All three min-
erals formed with crystallographic shapes of grains with sizes up to 150 u. Com-
plex phase relationships resulted from composition of Cor. The starting Ny; was
very similar to the equilibrium value. This Cor recrystallized several times during
one run. First, its composition changed to Cor,s and then seeds of this mineral
were overgrown by more Mg-rich rims, up to Corg. Simultaneously, many start-
ing Cors; grains developed more Mg-rich rims. Starting Gr, changed in compo-
sition to a maximum of Gr,,. Biotite changed slightly Ny, to become Biys in equi-
librium. The rim compositions of the three minerals studied have the following
formulas:

Cor: Mgl.SlFeo.67Al4.MSi;t.75018v
Gr: Mg, orFe;0sMng0;Cag Al 935i159,012,
Bi: Ko s,Fe;1:Mgo99Tio.12Al; 65i29,01:(0OH),.

These equilibrium compositions are in accordance with Ny, maxima for Cor, Gr,
and Bi in histograms. As mentioned above, this correlation is a record of the evo-
lution of the system toward equilibrium. We found several metastable Cor + Gr
“paragenesis’”:

C0r54_3 + Grzz_l (ln KD

Corgss + Gry; (In K,
Corg,; + Grg, (In K

1.432); Cors; + Gr,s (In K, = 1.425);
1.437); Corg + Gri, (In K, = 1.463);
1.535).
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For one of the pairs we obtained crystallochemical formula:

Grys: Mgo16Fe;20Mng 16Cay 16Al,0,S1; 560153
Corsy: Mg gFeg16Al1.145156,015.

At 900°C and 6 kbar statistics were based on 500 measurements of composi-
tions in Cor and Gr grains from run products: mean value In K, was 1.453 with
6 = 1.6 X 107°. Using the “opposite-side method” of achieving the equilibrium
the 900°C isotherm in diagram Fig. 5 was drawn.

Two run series were made at T = 950-1000°C and P = 6-7 kbar in gas
vessels with the starting fluid composition: NH,Cl—5 mg, oxalic acid—1 mg, and
Fe—5 mg (see Table 3). The first series of 10 runs was conducted at a pressure
of 7 kbar and 950° C for 24 hours and then at 1000° C for one hour. This occurred
due to faulty temperature regulation. The second series of five runs was kept
under P-T conditions (1000°C and 6 kbar) for 5 days. Under these conditions
garnet remained in just two runs. Despite identical weight ratios of starting min-
erals (Bi:Cor:Gr = 15:5:5), biotite was stable only in three runs (Nos. 091, 092,
and 099). Kinetics and phase relationships in the run products of both series are
very similar to experimental results at 900°C. Other information is given in Table
11. From this table it is clear that only nine runs were successful enough. A clear
zoning and intergrowths developed in Cor and Gr grains. Despite the composi-
tional differences of Cor and Gr in the intergrowths, there were small variations
in the distribution coefficients. Good examples are Run 092 (Cor, + Gr;, and
Cors; + Gr,s, with In K, = 1.243 and = 1.218, respectively) and Run 098 (Cors,
+ Gry, In K, = 1.117). In Run 126 Grsg; is included in Corg. We consider these
minerals in equilibrium. This is supported by rims of Corg on Corgges cores.

In 12 of the S-hour runs at 950-1000°C compositional equilibration according
to reaction (1) could be achieved within a short time. Even if metastable (because
one of the minerals involved could disappear in 5 days), the K}, is almost constant
for wide Ny, range of cordierite and of garnet (see Fig. 5 and Table 11).

Mean In K, value for seven pairs in the 950°C runs (the first values In K, for
each run in Table 11) is 1.251 with 6 = 4.09 X 1073, However, if all 25 pairs of
compositions from the table are used, practically the same value of In K), (1.257
with & = 2.36 X 107?%) is obtained. For runs at 1000°C and 6 kbar (5-day dura-
tion), calculated In K, is 1.219 with & = 1.6 X 107

In summaty, our experimental data on equilibria (1) and (2) show the
following.

(i) There is no diffusion of Fe and Mg in aluminosilicates under our experimen-
tal conditions. There was a wide compositional spectra for each mineral,
reflecting slow kinetics of equilibration.

(ii) Equilibrium distribution of Mg and Fe was attained within 2 days and then
K, remained constant, although compositions of coexisting phases changed
along the isotherm reflecting the dynamics of recrystallization process (reac-
tions between silicates, iron, and fluid).

(iii) Mineral compositions in equilibrium can be estimated using the “opposite-
side” approach.
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(iv) Synthesized garnets were very close to the binary pyrope-almandine solid
solutions with very little Mn and Ca.

Biotite—Garnet Equilibrium

Some information on dynamics of recrystallization of starting material involving
Bi + Gr was considered in the preceding section. A number of biotite microprobe
analyses in run products made it possible to estimate the compositions of Bi and
Gr in equilibrium using the “zoning method” developed for large crystals of the
minerals.

As mentioned above, the amount of Bi in all charges was much more than that
of Cor + Gr. Being a buffer, the biotite, on solution, regulated the chemical
potentials of K;O and MgO. In any fluid the Bi composition did not shift to the
Fe end member showing a high affinity of Mg for dimetasilicates. Addition of
pure iron to the system facilitated a shift of Bi composition to Fe-rich field at
certain temperatures.

Results of the Bi—Gr equilibrium study were described briefly in the first part
of this chapter and the data were presented in Tables 4-11. At the end of the run
Bi differed slightly from the starting biotite composition. When a noticeable
change in Bi composition occurred during the run, a very clear zoning developed,
showing Fe-rich cores and Phl-rich rims. Siderophyllite-rich rims around seeds,
as well as reverse zoning, appeared in some runs. For example, Run 062, con-
ducted at 700°C and 6 kbar (see Table 6 and Fig. 6), contains products with wide
compositional spectra of Cor, Gr, and Bi. A good reverse zoning developed in
garnet: Gr;,—~Gr,—~Gry—Grss. Bi crystallized as large (—200 u) grains with
clear zoning: Mg-rich rims overgrew seeds. In some Bi grains reverse zoning was
met.

From Fig. 6 we note that the Bi composition varies in both directions to reach
Ny, =~ 48 and NB = 25.5 in equilibrium with Gr,, and Corg. The reverse cor-
relation between these two compositional parameters was detected in seven
biotite grains. Identical relationships were established in the Bi grains of
Run 056 (Table 10), where rims correspond to crystallochemical formula
Ko99:Mg1 4s6F€1.151 Tio0s7Al 725512620010(OH) 2. In Run 061 (Table 6) Bi,, converted
entirely into Bi;,s with formula K,4Mg, 97F€053Tig0sAl 6:51256010(OH) . However,
this composition was overgrown by more Fe-rich composition with formula
Koo:Mg, 2Fe, ;Tig oAl 1781,6:020(0OH), (ie., Ny, = 51.8 and N3 = 25.5).

Compositions of Bi and Gr in run products of experiments at 700°C ranged
within 15 < N§, < 56 and 36 < Nh, < 79 (see Table 6). The N3, = 25 value
was constant at different Mg/Fe ratios. The mean value of In K, was 1.127 £
0.035. Equilibrium was achieved by the composition reversal method (see Fig. 5).

About 70 analyses were made for each Bi grain in the run products at 800°C.
Several hundreds of compositional determinations of Bi have been obtained at
850°C. The statistics on the homogeneity of Bi compositions in run products at
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Fig. 6. The mineral compositions of Run 062 at 700°C and 6 kbars. Conventional grain
numbers are pointed out on the sketch, and figures inside the grains denote mineral com-
positions (/Vy, or V). The lower histogram illustrate reverse relations of Ny, and N, in
two biotite grains. The equilibrium compositions are similar in both grains. mk = micron.

other temperatures were excellent. Everywhere equilibria were achieved by the
recrystallization method discussed previously. All of these data are shown in Fig.
7 and Table 13.

Unfortunately, we could not obtain data over a wide range of Ny, in Bi and
Gr at all desired temperatures. We consider ideal distribution of Fe and Mg
between these minerals at temperatures higher than 600° C (Perchuk, 1969, 1977;
Thompson, 1976; Holdaway and Lee, 1977, etc.), and the data presented in Table
13 and Fig. 7 as the experimental basis for calculating the mineralogical
thermometer.



228

L. L. Perchuk and I. V. Lavrent’eva

100

601

NGr

Mg

40t

20

80

T

750°C /

100

80}

Gr
NMg

40

20}

60

@
o
o
°
(@)
~

7/

100

60}

N:;

40

20

80r

i i 1 1 I i 1

60

Ny

00 O

20 40 60 80 100

NE,

Fig. 7. Isotherms of distribution of Mg and Fe between Bi and Gr obtained using recrys-
tallization of natural minerals in complex fluids at pressure of 6 kbars and NNO buffer.



Experimental Investigation of Exchange Equilibria 229

Temperature Dependence of the Distribution Coefficients
for Equilibria (1) and (2)

Cordierite and Garnet

Table 12 summarizes statistical data on the distribution coefficient for equilibrium
(1). These data were calculated for two groups of experimental values. The first
version covers all the data given in Tables 4-11. Statistical characteristics of the
data are indicated in Table 12 by subscript 1 (x,, 8,, A,). The second version
involves values of In K, calculated for Cor + Gr equilibrium compositions. Meta-
stable compositions were not used. Statistical data for this version indicated by
subscript 2 (x,, 8, and A,) are grouped in the right part of Table 12. Both versions
show very similar statistical estimates.

Using data from Table 12 the 10°/ T-In K, correlations were fitted by linear
regression to yield the following equations:

(i) First version (n, = 156 points):

10°/T = 0.4234 + 0.2387 In K, (14)

with the regression coefficient r = 0.9996.
(ii) Second version (n, = 78 points):

10°/T = 0.430 + 0.2934 In K,, (15)
with the regression coefficient r = 0.9988.

These coefficients take into account the uncertainties in the estimates of the
mineral composition, but show very strong linear correlation between the two cho-
sen variables. Obviously, both equations are practically identical, but equation
(15) is more rigorous. For estimating the MgO and FeO concentrations with
microprobe analyzer, only one or two standards were used. This method was dis-
cussed in the first part of this chapter. The standards taken, however, have some
deviations from linear correlations like (7) and (8). Thus the concentrations of
MgO and FeO are uncorrected.

Table 12 is based on such uncorrected values of Ny, Statistical treatment of
the data showed deviations from Egs. (7) and (8) within Ny, = 1 mol % both for
Cor and for Gr. This is an accuracy of the probe measurements. However, the
standards used make these deviations positive for Gr and negative for Cor. These
deviations cause an increase of In K, by 0.04 and 0.13 at high and low tempera-
tures, respectively (see Eqs. (14) and (15)). Using these deviations we corrected
Egs. (14) and (15):

(i) First version (156 points, r = 0.999):
10°/T = 0.40495 + 0.32457 In K. (16)
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(ii) Second version (78 points, » = 0.998):

10°/T = 0.41155 + 0.31985 In K, 17)
or
t°C = [1000/(0.41155 + 0.31985 In K3’)] — 273, (18)
where
T
1 — X Xmg
and
Xvg = Mg/(Mg + Fe + Mn). (20)

The pressure effect on AG;) (= —RT In K;,) was calculated by applying the
thermodynamics to statistical equation (17):

AGT + PAV, + RT In K = 0, 1
where volume change of reaction (1) AV, is —0.03535 cal/bar (Perchuk et al.,
1981). At P = 6 kbar the value P-A¥V,;, = —212.1 cal and

AGS = 212.1 — RT In KY). 22)

From Eq. (17) we obtained:
RT In K, = 6212.29 — 2.557T, cal. (23)

Substituting (23) into (22) we obtained AdG% at P = 1 bar
AGS = —6000.19 + 2.557T, cal. (24)

Thus, AH}, = 6000.19 cal per one exchanging gram-atom, and ASj, = 2.557
cal - deg.”" - atom™". These values differ slightly from previous data of Perchuk
et al. (1981): AGT = 5655.01-2.0527, but they are almost identical to those of
Holdaway and Lee (1977): AH®° = 6150 cal and AS° = 2.69 e.u.

From (24) and (25), we have the Cor-Gr mineralogical thermometer:

- 3020 — 0.018P

e
¢ In K, + 1.287

— 2753, (25)

which can be used to determine temperatures of Cor-Gr equilibria in metapelites.
The pressure effect (0.018P) is negligible and can be omitted (or estimated
approximately) in calculations of temperature.
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Biotite and Garnet

The In K, at different temperatures along with the statistical characteristics of
equilibrium under consideration are listed in Tables 13 and 14). These data yield
the following:

In K = (3947.5/T — 2.868) (26)

or
10*/T = 0.72657 + 0.2533 In K, @7

with linear regression coefficient » = 0.9885.

The data of Table 14 are mostly based on total microprobe analyses of Bi and
Gr obtained according to the procedure of Bence and Albee (1968). Treatment
and correction of values of Ny and N{’}s, originated from partial analyses, were
made using procedure discussed above for Cor—Gr thermometer. The uncertainty
of the corrected Ny, value was usually within 1 mol %.

Equations (26) and (27) were obtained for P = 6 kbar. Unfortunately, there
were no accurate data on AV for exchange reaction (2): this value changed with
NE. For Bi the N was 0.257. According to the data of Hewitt and Wones (1975)
for synthetic series of Est-Sid-Ann-Phl, the volume change for reaction (2) is
—0.0246 cal-bar™! (at N& = 0.257). From their data, Perchuk et al. (1981)
calculated thermodynamic properties of the phases. According to these data AV,
= —0.0578 cal-bar™' per one exchanging gram-atom. Such a great difference in
estimates of AV,,) makes it difficult to calculate the standard thermodynamic data
(at 1 bar pressure) for exchange equilibria (2) from the equation

AGL, = AGH) + RTIn K@ + P AV,
= AG) + RTIn K® + 6000 AV, = 0. (28)

However, we can estimate possible limits of the AGF? variations per one exchang-
ing atom. In accordance with Eq. (26) the following values can be calculated at
P = 6000 bars:

— AGr = RTIn K, = 7843.7 — 5.699T. (29)

These data are close to theoretical results (Perchuk, 1977; Perchuk et al., 1981):
AG; = 7642.4 — 6.181T, cal. (30)

From Eq. (30) we get AH3; = —7843.7 — AV-6000 cal, AS,;s = —5.699 cal
- deg™' per one exchanging atom. Using these values we obtain the limits of
AG5y. In the case of AV, = —0.0577 cal-bar™' we get —AGT = 7497 —
5.699T cal; AH; = —7497 cal while at AV;y = —0.0246 cal-bar™' the
enthalpy change will be 200 cal higher:

—AGT = 7696.1 — 5.699T cal; AH3 = —7696.1 cal.
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Table 13. Equilibrium compositions of biotite and garnet between

575-950°C and 6 kbar.

1(°C) Run e Ve In K9
575 076 33 7.4 1.818
078 2.4 4.9 1.723
078 33 7.5 1.804
079 35.7 8.8 1.750
600 081 31 8 1.642
082 32 8.5 1.622
083 23.6 6.5 1.751
084 29 7 1.691
650 032 68 33 1.462
032 64 29 1.471
13/7 41 15 1.370
700 045 58 31 1.122
052 62 35 1.109
054 61 33 1.155
056 36 15 1.159
056 55.7 30 1.076
059 65 38 1.108
060 62 34.5 1.130
061 51.8 25.3 1.154
062 47 219 1.148
065 79 56 1.083
067 79 54 1.165
072 58 31 1.122
072 61 33 1.155
060 63 312 1.173
063 51 26 1.085
068 51 26 1.085
069 59 32 1.117
072 48 2 1.185
075 59 33 1.072
750 X 50 26 0.990
113X 50 25 1.098
114X 47 25 0.978
115X 47 27 0.874
116X 46.6 24 1.016
117X 66.1 42.7 0.962
119X 48.6 25.2 1.031
120 50.6 27 1.019
120 54.6 30.8 0.994
132 41 20.5 0.991

233
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Table 13 (continued).

t(°C) Run Ny Ny In K
800 086 40 22.2 0.848
086 53 33.5 0.806
087 40 22.4 0.837
088 41 25 0.734
089 83 67 0.877
090 57 39 0.729
850 101 46 33 0.548
102 48 31 0.720
103 47 29.6 0.746
105 58 419 0.650
106 43 29 0.614
106 35 21.7 0.664
107 50 33 0.708
110 54 36.7 0.705
900 122 46 33.5 0.525
122 64 52 0.495
121 48 34 0.583
125 53 41.5 0.469
125 60 48 0.485
950 91 41 30 0.483
97 44 36 0.334
98 83 76.5 0.290

Table 14. Statistical data on In K, for exchange Bi-Gr equilibrium (2) within 575-
950°C and 6 kbar.

x=_ g 3, 8, 3, 3 3,

t
(C) 10/T n WKP (nky) (nky) (t(CC) (1(°C)) ((°C) (t1(°C)
575 1.179 4 1.774 0.045 0.037 8.6 6.7 8.6 6.7
600 1.1455 4 1.676 0.058 0.044 11.1 8.67 12.0 8.67
650 1.083 3 1.434 0.056 0.043 11.2 79 11.1 8.07
700 1.028 19 1.127 0.035 0.030 9.83 7.99 19.0 15.8
750 0.9775 10 0.995 0.047 0.031 15.24 9.94 15.2 9.8
800 0.932 6 0.805 0.061 0.049 18.3 14.86 18.5 14.5
850 0.890 8 0.669 0.065 0.050 20.77 15.97 21.9 17.6
900 0.8525 4 0.491 0.058 0.038 19.87 13.6 18.9 13.6
3

950 0.8177 0.369 0.101 0.076  37.73 28.56 37.9 27

Subscripts: 1—deviations from the mean arithmetic value; 2—deviations from linear
regression; 3—deviations from the run temperatures.
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Thus, general formula for estimating the temperatures of biotite-garnet equilibria

in metamorphic rocks is:

1C = 7843.7 + AV(P — 6000)
~ 1987 In Kp + 5.699

— 273. 31

Using this relation we can estimate uncertainty in AV, variations. For example,
atln K, = 1 and P = 1 bar the estimated temperatures are: ¢t = 792°C (for
AV = —0.0577 cal-bar™') and ¢ = 766.3 (for AV, = —0.0246 cal-bar™").
Obviously this difference decreases with pressure to zero at 6000 bar.

Discussion

Equation (31) is based on rather limited V), range of the equilibrium composi-
tions covered by experiments. Perhaps, in very Fe-rich and Mg-rich parts of the
system, In K, changes with N and N5, as well as with temperature. We can
predict that K, would decrease with N}, because parageneses Phl + Gr from
granulites and inclusions from basalts show unrealistic low temperatures. Thus,
Bi-Gr thermometer must be studied at different pressures and at various Al con-
tents in Bi.

Cordierite-garnet thermometer was studied over a wide compositional range.
Variation of N, in both of these minerals is small. As Cor has a narrow field of
stability in pressure and there is a small volume change in reaction (1), there was
no need for further experimental work. Equation (18) can be directly applied for
determinations of temperature of mineral equilibria in metapelites. By combina-
tion of Egs. (1) and (2) we obtain

Biy, + Corg, = Cory, + Big. (32)
Using Eqs. (18) and (26) the temperature dependence of In K§” is expressed as
In K$ = 1.587 — 823/T. (33)

The value of AHS? (823 cal per one exchanging gram-atom) is rather small to
expect a noticeable effect of temperature on equilibrium (32). Because AV3;, is
unknown (due to questionable AV(;), the pressure effect on this equilibrium
remains uncertain.

Let us consider application of Cor + Gr and Bi + Gr thermometers to esti-
mation of temperature of mineral equilibria in metapelites. Several polished thin
sections of rocks from the Hankay metamorphic formation (Far East, U.S.S.R.)
were studied in detail with a microprobe analyzer. Geology and metamorphism
of this formation were described in several publications (Mishkin, 1969; Perchuk
et al., 1980).

Figure 8 shows sketch of part of the thin section made from Cor-Gr-Bi-Sil-
Qz-Pl gneiss (sample No. 73). A clear zoning in Gr, Cor, and Bi grains is obvious
from the sketch. Assuming that the cores were in equilibrium at the peak of pro-
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grade metamorphism, we can correlate the compositions (/Vy,) of adjacent min-
erals. The rim compositions of the minerals reflect the latest stages of retrograde
metamorphism. Using Cor-Gr and Bi-Gr thermometers deduced from experi-
mental data above and the Cor-Gr-Sil-Qz barometer (Aranovich and Podlesskii,
1982), we calculated the P-T trend of the retrograde metamorphic process for
specimen No. 73. The results are shown in the P-T diagram of Fig. 8. Each point
of the trend corresponds to P-T estimates on two or three compositions of coex-
isting minerals. Using Ny, and Ny (see Fig. 8) of grains adjacent to garnet of
identical composition (IV§;) we compare the results of temperature estimates by
two thermometers:

W NW MNi 1(°C) (Cor-Gr) t(°C) (Bi~Gr)

13 62 50 577 587
12 59 47 585 593
11 61 54 544 546

This comparison shows quite good agreement between thermometers applied to
natural metamorphic rock.

Other points along the P-T trend in diagram of Fig. 8 were calculated with
the help of the Cor-Gr thermometer and the Cor-Gr-Sil-Qz barometer, as men-

~

()]

(3]

PRESSURE, kbar
w o~

N

600 700 . 800
TEMPERATURE, *C

Fig. 9. Retrograde stage of metamorphism of the Hankay formation illustrated by P-T
trends based on the probe analyses and equilibrium thermometry (Bi + Gr and Cor +
Gr) and barometry (Aranovich and Podlesskii, 1983). Numbers on the lines correspond
to the specimen numbers.

500
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tioned above. The P-T estimates are based on Ny, for cores and rims of adjacent
grains, as well as on intermediate compositions, with equilibrium relations of the
latter being deduced by applying the method of projections (Fig. 2 has been drawn
in a similar way). Despite the provisional character of the method employed, we
have obtained meaningful results in Fig. 8. Moreover, the lower part of the trend
corresponds to the andalusite field, while Sil is the main rock-forming mineral of
the gneiss under consideration. A thorough check of thin sections, however,
allowed us to detect the coexistence of Sil and And, as well as pseudomorphs of
And formed over Sil.

We have studied several thin sections of metapelites of the Hankay formation
in order to see cation redistribution between minerals involved in retrograde meta-
morphism. Everywhere we observed that with decreasing temperature Mg moves
from Gr to Bi and Cor, as predicted on the basis of the general rule (Perchuk,
1969). Thermometers and barometers employed allow us to estimate the extent
of retrograde metamorphism in terms of P-T. Some of the results are shown in
Fig. 9, from which we conclude that each specimen preserves information about
its own metamorphic history, as well as about the history of the Hankay formation
as a whole.
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Chapter 8
Thermodynamics of Complex Phases

Roger Powell

Introduction

The gathering of thermodynamic data for crystalline and liquid silicates goes on
apace. Yet research into the formulation of activity—composition (a—X') relations
does not seem to have the same impetus. This is unfortunate because smoothing
and interpolation/extrapolation of thermodynamic data can only be accomplished
satisfactorily using thermodynamics.

There are several aspects of the formulation of a—X relationships which war-
rant a research effort. Notable among these is the problem of accounting for
strong short-range order effects, for example, Al-avoidance in silicates (Mazo,
1977; Kerrick and Darken, 1976). The regular and Bragg—Williams models (e.g.,
Powell, 1977) have simple algebraic forms but they do involve the logical incon-
sistency of assuming the random distribution of the atoms in the structure while
including nonzero interaction energies between these atoms. These models, as
approximations to the first order quasi-chemical models (Guggenheim, 1952,
1966), break down long before these energies are large enough to produce unmix-
ing. The standard asymmetric model, the subregular model (e.g., Powell, 1974),
obviously involves the same logical inconsistency as the regular model. It also
assumes a linear bulk composition dependence for the interaction energy involved.

There is a suspicion that a—X formulations are chosen for mathematical sim-
plicity rather than physical veracity. However, the complexity of the formulation
should not be the first consideration, rather, the number of adjustable parameters
involved. Obviously this is the position of the purist. From a practical point of
view, for example, in the development of geothermometric/barometric methods,
it is reasonable to try and include nonideality in the simplest way possible, for
example, using the regular and Bragg-Williams models. On the other hand, ther-
modynamic data when collected should be examined in a way which is as sophis-
ticated as possible given the precision of the data. The production of simplified
models should be a secondary aim which is consequent on a theoretical analysis.
This is not to say that our best efforts are necessarily close approximations to the
real energetics in the phase, but this is no excuse for using models which are even
further away from reality.

The purpose of this chapter is to present a simple formalism for developing
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mixing models and to illustrate this approach with a variety of examples, partic-
ularly trying to provide a clear exposition of the thermodynamics of the quasi-
chemical model. The approach involves as a first step the deduction of a physical
approximation for the system of interest. As a closed formula for the Gibbs energy
has to be derived for this physical approximation, some awareness of what is pos-
sible is required at this stage. The formulation of the Gibbs energy and thus by
differentiation, the chemical potentials, forms the second step. The formalism
allows the separation of the first step into two parts. The first part involves iden-
tifying which atoms, nearest neighbor pairs, molecules, etc., are involved in the
mixing process, and what “sites” they are mixing on. Formulas for the chemical
potentials of interest can then be derived before formulating the way in which
these units mix and interact in and between the sites. The second part involves
formulating the Gibbs energy in terms of these mixing/interaction relations. The
advantage of this breakdown of the work involved is that the general form of the
chemical potentials are known at an early stage in the analysis, and can then be
used for all the model variants which may be of interest.

Formalism

Consider an r-component phase, the number of moles of a component, i, being N..
The mole fraction of a component, i, is X; = N;/ZN,. The phase is represented
by a set of s structure elements, the set being sufficient to construct the phase.
The number of moles of a structure element, j, is #, and the mole fraction is x;
= n,/Zn,. The set of structure elements is chosen so that the formulation of the
Gibbs energy can be made as naturally as possible. Sometimes these structure
elements can be chosen to be made up of atoms, groups of atoms, vacancies, etc.
having such a composition that the fixed relation between the various sites
required by the structure of the phase is not changed if these combinations are
added to the crystal. If this is not possible then (4) below requires extra terms.

Following the logic of the seminal paper of Kroger et al. (1959), virtual chem-
ical potentials, £, can be written for these structure elements if a virtual Gibbs
energy, G* is constructed which is a first-order homogeneous function in n;. The
virtual Gibbs energy corresponds to the observable Gibbs energy, G, for internal
equilibrium in the phase and for the fixed relationship between the number of
each type of site in the phase being obeyed. Thus

Ej = (80*) and G* = i nksk' (1)
)

ani k=1

One equation which is fundamental to this formalism is an immediate conse-
quence of the above:

s~ E )
= = —L £ 2)
# (aNI Ni(k#i) Z a]Vi Ni(k#i) !

j=1
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Thus chemical potentials are linear combinations of virtual chemical potentials.
The chemical potentials are often much harder to formulate directly than via the
virtual chemical potentials for an appropriate choice of the set of structure
elements.

The formulation, (2), requires the expression of the »; in terms of the V. How-
ever, it is a characteristic feature of the thermodynamics of complex phases that
not all of the n; can be expressed in this way. However, the n; can be expressed in
terms of bulk composition and an arbitrarily chosen set of ¢ of the structure ele-
ments, the number of moles of such a structure element being ¢,. These are inter-
nal parameters and, at equilibrium, they can be found from

aG* 4
o), o
br Njgii»k)
Thus (2) becomes

aG 9G ‘(3G [ 80
RERRER
aNi Nikcwi) aN’ Ni(k»i),01 I=1 el aNl

s a J
=X (577) £ (a)

j=1 Ni(k»0 9

so the differentiation can be performed at constant values of the internal param-
eters. The form of (3) is inconvenient because the virtual Gibbs energy must be
expressed in terms of bulk composition and the internal parameters before the
differentiation is undertaken. The method of Lagrangian multipliers (e.g.,
Dahlquist and Bjorck, 1974) allows the minimization of the virtual Gibbs energy
with respect to the internal parameters to be undertaken with the virtual Gibbs
energy expressed naturally in terms of the #; In this situation, the function to be
minimized, f; is the virtual Gibbs energy augmented by a series of terms, C;, rep-
resenting the bulk composition relations, number of site relations, charge balance
relations and so on. Thus the function to be minimized is

f=G* + I\C. 4)

The differentiation of f with respect to each n, gives a set of equations:

(a—f) =o=g,+z>\,.(%9) (=1,2...9). )
Rk(k#j)

n; .
J ALY

These can be solved to give sufficient equations among the virtual chemical poten-
tials, not involving the Lagrangian multipliers, A, from which all the amounts of
structure elements, n;, can be related to the amounts of components, V,.

At this stage, the required chemical potentials and the constraint equations
have been expressed in terms of the virtual chemical potentials for a particular
general model for the phase. Further progress requires the formulation of the
Gibbs energy in terms of the amounts of the structure elements and various
energy parameters. Then differentiation with respect to the amounts of the struc-
ture elements leads to the virtual chemical potentials. The above approach should
be clarified by its use below.
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One-Site Phase

Binary System

Consider a binary phase between end members, say atoms 1 and 2, with each
atom having z nearest neighbors. Using the nearest neighbor approximation, that
the energetics of a phase are entirely determined by the interactions between pairs
of nearest neighbors (e.g., Guggenheim, 1952), the obvious structure elements are
1-1, 1-2, and 2-2 nearest neighbor pairs. The numbers of these can be written
as ny;, 2n;, and n,,. The number of 1-2 elements is written as 2n,, to count the
(indistinguishable) orientations, 1-2 and 2-1, separately. Noting that there are
z/2 nearest neighbor pairs involving each atom, the numbers of atoms of 1 and
2, N, and N,, can be expressed in terms of the n;:

2
N, = ;(”11 + nyp),

(6)
2
N, = ; (my + ny).
Mole fractions can be written
o = ny
t ny + 2”12 + nzz’
Xy = — T2
oM
= ny + 2n, + ny
and
N,
X = m = X + X,
N,
X,=——= .
2 N, + N, X, + Xp
From (1), G* can be written in terms of the structure elements:
G* = nyén + npkn + npks. )

From (6), in the absence of charge or other constraints, there is one internal
parameter. For example n,, and n,, can be expressed in terms of 7,, and X,. Using
(4), (5) to obtain the one required constraint equation, the function to be mini-
mized is

ny + ny
=G* 4+ \|——————— — X, |
f=0"+ (n., + 2n, + ny, 1) ®)
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The term in brackets ensures that the minimization is undertaken at constant bulk
composition. Differentiating f with respect to the n; and setting the differentials
to zero gives

0= E“ + (1 - Xl))‘s
0=¢,+(1 — 2X)A,
0= 522 + (_XI»\,
where A in each case includes the common constant term from the differentiation

of the bulk composition term in (8). Combining these equations gives the con-
straint equation:

=&+ & )

In order to obtain w, and u, we first express n;, and ny, in terms of n,, and NV,,
N,

z
ny = ENI - Ny,
z
hy = ENz - .
From (2a)
8n“> (an.z) <6n22>
= | + | = + | = .
. (aNl Nz."lzgll aNl Nz_nlzgl2 aN, Nomz Ezz
Giving
z
= Efn (10a)
and similarly
z
M2 = 5 & (10b)

Symmetric Case

At this point an explicit formulation of G* is required, now that the chemical
potentials and the constraint equation are expressed in terms of the virtual chem-
ical potentials. The simplest assigns bulk composition-independent energies to
nearest neighbor pairs. This turns out to give mixing properties which are sym-
metric with respect to composition. The Gibbs energy is

G* = ¢n;,; + 2¢n; + e3ny — RT In & (11)

where g is the number of ways of arranging the nearest neighbor pairs for fixed
values of n,;, ny,, and n,,. Correct formulation of g is impossibly complex so an
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approximate approach is followed (e.g., Guggenheim, 1952, pp. 43-44; 1966, pp.
84-85). We start by writing g in terms of the number of ways of mixing n,;, 2n,,,

and ny, independent pairs:
1
g=h (——”‘ ) (12)

nu!(nlz!)z”zz

where the normalization constant, &, takes account of the fact that the bracketed
term is for mixing on n pairs, or 2n individual sites, whereas we wish the mixing
to be on 2n/z sites each with z nearest neighbors. The reason why the expression
for g is only approximate is because the pairs of nearest neighbors are assumed
to be independent, whereas in fact z/2 pairs are involved for each atom, so that
the pairs can hardly be considered to be independent.

The normalization constant in (12) is constructed by ensuring that the sum of
g over all values of n; at constant NV, is correct. Summing the bracketed term in
(12) in this way is accomplished by replacing the sum by the maximum term in
the sum (e.g., Hill, 1960, Appendix II). The maximum term can be found using
Lagrangian multipliers. The function to be minimized, converting to logarithms
and using Stirling’s approximation, is

f=nlnn—nyInn, —2n,lnn, — nylnn, + )\1<n11 + ny, — -;Nl)

z
+ AZ(”IZ + nzz - ‘2' Nz).

Differentiating and setting to zero gives
0= —Inx% + X,
0= —2In xTZ + )\l + )\2,
0= —Inx% + A,

where the * superscript refers to the x; value in the maximum term. Combining
gives
* 2
X12
0=1In o
X11X22

This can be viewed as (11) formulated for zero energy change. Thus the impli-
cation is that the maximum term corresponds to random mixing of the 2n atoms
of 1 and 2, so that the contribution of this term to 4 can be written

(2nX))!(2nX,)!
(2n)!

By the same logic, the remaining part of the normalization constant is given by
the random mixing expression for 2n/z atoms of 1 and 2:

@/ 2)n)!
2/ 2)nX )2/ 2)nXr)!
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Substituting n; for nX; in these expressions and substituting into (12) gives

_ 2/ 2)n)!
&= (@) + m)N@/ 2)(ns + 1)
. 2(nyy + n))2(n + ) . n!

2n)! nyl(nygt)’ny,

Simplifying by taking logarithms, applying Stirling’s approximation, rearranging,
then returning to the original form, gives
=((2/ z)(z — 1)(n, + np))Q2/ 2)(z — 1)(n; + ny))! . n!
g 2/ 2)(z — 1)n)! ny!(niat) ny!
(13)

Substituting into (11) gives an expression for G* in terms of the n;:

G* = €M1 + 2€|2n12 + €27, + RT{n“ In X11 + 2”12 In X12 + Ny In X2

+ 'i'(z = D((ny + np) In (x1 + x12) + (112 + 1) In (x,, + xzz))}- (14)

Differentiating with respect to n;, at constant n;, and n,, in the manner of (1),
and so on:

2
Ell = €1 + RT <ln X — ;(Z - 1) In X1>,

EIZ = 2612 + RT (ln xfz - %(Z - l) ln X1X2>, (15)

522 €2 + RT <ln Xy = %(Z - 1) In Xz).

Using these in the constraint equation (9) gives

2
0 = 2612 - €1 — €2 + RTln_xL
X1X2

or:
2
X12

w
= —_——_—] = K,
X11X22 i ( RT)

where w = 2¢, — €, — €, is known as the interaction energy. Note that the
configuration-independent terms in the activities in (15) do not appear in the con-
straint equation because they cancel. The constraint equation can be viewed as
the equilibrium relation for the balanced chemical reaction, the so-called quasi-
chemical reaction, written between the nearest neighbor pairs:

21 -2)=1 -1+ @2 —2).
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Constraint equations always have this form because the function, (4), being min-
imized takes explicit account of bulk composition, charge balance, and number of
sites relations so that the resulting constraint equations are balanced with respect
to composition, charge and the numbers of sites.

The constraint equation (16), can be solved for x,,, and thus for x,; and x,,
for given w/RT and bulk composition. Substituting x;,, = X, — xj; and x,, = X,
— Xy, into (16) gives a quadratic in x,,. Using (16) in this way is of course equiv-
alent to minimizing G* with respect to x,, at constant bulk composition, Fig. 1.
The solution to the quadratic in x;, is

_ —K+ VK’ +4K(1 — K)X.X,
iz = 2(1 — K) '
Defining a parameter, 8, with reference to this solution:

5= V1 + 4X,X,(1-K)/K —1

0-4

Grnix

“'0'4 2 Y 3 3
|
0 2X|2

Fig. 1. Graphical minimization of G™* with respect to x,, at X; = 0.5 and w//RT = 1.6.
This minimization is normally accomplished using (16).
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d is zero for random mixing (w = 0, K = 1), positive for positive deviations from
ideality (w > 0, K < 1), and negative for negative deviations from ideality (w
< 0, K > 1). Then, with some manipulation for the second part,

K . XX

- = , 7
1—K°"1+0 (172)

X12

This shows that x,, is smaller than the value predicted for random mixing (X, X>)
for positive deviations from ideality, and greater than the value predicted for ran-
dom mixing for negative deviations from ideality. Also

Xy =X, — x, = X, (";‘:6‘3), (17b)
Xn =X, — X1 = X, ()f’: ;). (17¢)
Using (10, 15 and 17):
W = gg“ = ¢, + RT [%lnX, (’f‘:;) +1 -2 X,],
o = ggzz =¢,+ RT [gln X, (f’fj) +(1—=2)ln Xz],

where terms in square brackets are the natural logarithms of the activities of 1
and 2, respectively. Primed quantities have been multiplied by z/2. Further
manipulation organizes these terms into a suggestive form:

z X, +59
= ¢ RTIn X - RTIn ————
o= et nX o+ "X+ o)’ (18)
z X, + 8
= ¢ RT — —_—
M2 € + lan + 2RT1H 2(1 T 6) N

where the last term in each equation might be identified with the activity coeffi-
cient. These equations give the chemical potentials for the symmetric one-site
quasi-chemical model. Activity—composition relations for this model are illus-
trated in Fig. 2. (The development in Guggenheim (1966) leading to his (100~
101) (my (18)) appears to contain several errors of sign, though of course the
final equations are correct.)

Discussion

The symmetric nature of the mixing properties can be seen from
Gmix
RT

=(X,In X, + X,In X))

z X, + 06 X, + o
+ 3 xm=2tT8 4 x gt
2( Yy a o) TRy +5)) (19)
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Fig. 2 Activity-composition relations for a series of values of w//RT. Note the appear-
ance of a solvus at large values of w//RT. The crest of the solvus is at X, = 0.5 and w'/
RT = 2.30.

and from the observation that é is symmetric with respect to composition (i.e.,
(X, = y) = 8(X, = 1 — y)). Also the Henry’s Law constants are the same (X,
—0,Invy, > w/RT; and X, — 0, In v, = w//RT).

The enthalpy of mixing is

o _ [8(G™/RT)
H” '( d(1/RT) )x:
=Zxx 1 l(é(w/RT))
27 (1 + 8)(1 + 831 + 8)/X,X,) K\d(1/RT)
and, if w = wy — Twy, then
Hmix XIXZ WI{I (20)

A +0 +( +0)/XX) K

The form of H™ /XX, is illustrated in Fig. 3.

The limit, w = 0, is of interest. Then K = 1 and § = 0 so that x,, = X3, x,,
= X,X,and x,, = X2 which correspond to the expected proportions of the nearest
neighbors for random mixing. Thus, w = 0 is the random mixing limit. Note that
if these proportions are specified initially then the formulation of the thermody-
namics is rather different because then the mass relations, (6), are replaced by
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these relations. This is important because (6) is used in deriving (10). Now,
instead of (8)

_z_M
=SSN, + N,
=2 NN,
"MEON, N,
_z_ N
" EON T+ N,

Instead of (10), we have

m = %((1 - X2)2£“ + 2X§£12 - X%Ezz)

(21a)
=¢, + RTIn X, + Xiw
and
w =€, + RTIn X, + Xiw, (21b)
1 ’
2 /
N e -/
\\ ........... 7/
2.4\ 7
\\ . 7
2 3 wé_._.. -:_:.-.'- 4
W) [~ 16 —
RT x,xz
([ 8 -
08
0 0
-0-8
=11 -

Fig. 3 Enthalpy of mixing—composition relations for a series of values of wj/RT. Hori-
zontal lines are predicted for the regular model. The solvus is constructed for w'/RT =
wi/RT.
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which are, of course, the regular model equations. These equations are more sim-
ply derived for a different choice of structure elements. The relationship of the
regular model to the w = O limit in the quasi-chemical model can be seen by
expanding the activity coefficients in (18) in w/RT. To first-order terms this
expansion is

w w
-1 ... =«
K RT forRT<1,
w
b= X, X, — ...,

X% T (22)
ny =2l +x22  )>x2 ¥
nTy YRT *RT’

W
—>X2—
ln72 lRTs

so the quasi-chemical model reduces to the regular model for w/RT — 0. How-
ever this restriction does correspond to what would normally be considered as van-

3|
2 L
Inyl
r L
Y 0
' i 8 e Iy 4 e :0.8‘ _
0 (1-X)2 '

Fig. 4 Activity-composition relationships plotted to illustrate relationships between the
quasi-chemical and regular models, see text. The slopes of the curves are the same at X,
= 0 and X, = 1, thus the curves have considerable curvature near X, = 0.
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ishingly small departures from ideal mixing. This discussion highlights the logical
inconsistency of the regular model.

Quasi-chemical model mixing properties can be approximated by the regular
model for limited composition ranges. For the regular model

d1n v, w w
— N — 1 = .
a0 —xy ~ rr 4 (n Mo =p
For the quasi-chemical model, for small X,
1—-XK 1-K
5—>X1—K—-—Xf X: o

w 1—-K
In v, -E;—ZXI X
dln v, _»EI-—K

Ml —-Xx) 2 K

The curve of In 4, against (1 — X;)?is very gently curving from this limit at X,
= 0 sigmoidally to In y, = 0 at X, = 1 where the slope is the same as at X, =
0, Fig. 4. Limited composition ranges can be approximated by the regular model.
Clearly the amount of nonideality, i.e., size of w/RT, will control the widths of
composition ranges which can be considered as approximately linear. If interest
is concentrated on such a concentration range, little error is introduced by treating
the mixture as regular, but note that the Gibbs energy of the end members of the
phase must be corrected to correspond to this reformulation of the mixing prop-
erties. For example, if the quasi-chemical mixing properties for X, near zero are
reformulated with the regular model with interaction energy w*, then the corre-
sponding e} is just ¢;, + w — w*.

This discussion has some important consequences. For example, modeling
phase equilibria to obtain Gibbs energies and interaction energies for a phase (or
phases) when the composition range is limited and does not include the pure end
members of interest, will lead to internally consistent thermodynamic data which
may bear little resemblance to calorimetrically measured data. This will usually
be a problem because the best equations for nonideality we can develop may not
be close to the correct ones. The corollary of this is that it will not necessarily be
correct to use calorimetrically determined thermodynamic end member data in
the extraction of information on a-X relations for phases from phase equilibria.
Agreement between data sets from the two sources is obviously a necessary but
not a sufficient conditions for the applicability of a mixing model.. Another inter-
esting limit is K — oo because it should correspond to the case of, say for X, >
0.5, 2-2 nearest neighbors being forbidden. Mixing properties can be compared
to those from the formulation of Tiyama (1974). This is a severe test of the for-
mulation of g in (13) because of the assumption of the independence of pairs being
mixed. In the limit K — oo

(23)

xn = X — X,
X, = X,
Xy —> 0.
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Substituting into (14), noting that x,ln x ,, — 0, as x,, —> 0. gives

G

- %((X[ —X)In(X, — X) + 2X,In X))

- (1 - Z)(Xl ln Xl + X2 ln Xz).
Iiyama (1974), modelling trace element incorporation in solids, derives an exact

formulation for g for X, — 0, for a zone of r sites around an atom of 2 from which
atoms of 2 are subsequently excluded. In this case

NN —(r+ D)N = 2(r + 1)) ... (N — (N, — 1)(r + 1))
&= N, ‘

This is only correct for N, < N because as N, gets larger, less than r + 1 sites
are excluded from those remaining for each atom of 2 placed. Simplifying

r+1/
<N _Nz' NZ !1+’
r+1 r+1

In this form, g is seen to be the number of ways of distributing /V, atoms among
N/(r + 1) groups of sites, taking account of the number of ways of placing an
atom of 2 on the r + 1 sites in each group.

For this formulation

G (X, — rX,

RT \ 1+~

g=

)111 (X] - er) + X2 ln Xz.

The quasi-chemical model, however, gives in the limit X — oo and X, — 0:

%T- - % (X, — X)ln (X, — X)) + X, In X,.
Exact correspondence occurs for » = 1 and z = 1. This is hardly surprising
because the quasi-chemical formulation of g involves independent nearest neigh-
bor pairs, i.e., z = 1, and forbidden 2-2 nearest neighbors, i.e., » = 1. In fact,
quasi-chemical formulations involving (» + 1)-tuplets of atoms, rather than pairs,
will produce G™ terms in (X,-rX,) in the appropriate limit.

Another test of the quasi-chemical formulation for K — oo is the problem of
formulating the thermodynamics of Al-avoidance, for example in feldspars. Si and
Al atoms are tetrahedrally coordinated to each other (via oxygens) so z = 4. Al
avoidance precludes Al-Al coordination. For albite, X, = 0.25, and for mixing
over four sites,

Smix

—4R[2GIni+iln3) — 3@ Ini + ind)
= 13.0 JK".

This value should correspond to the difference in entropy between low and high
albite if this is due to complete and absent Al-avoidance respectively. The value
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calculated here is the same as that calculated by Mazo (1977) because his model,
although more complex than the one used here, reduces to this one in the limit he
used in his calculation. The value compares favourably with the value of —12.2
J K7! calculated by Kerrick and Darken (1976, p. 1437) in their novel approach
to Al-avoidance.

Asymmetry

Examining the development of the simple symetric quasi-chemical equations
above, it is easy to see how asymmetry can be built in to the model. Note that the
energies, ¢, in (13), appear explicitly only in the differentiation of (14) to give
(15) in the derivation of the constraint equation (16) and the chemical potentials
(18). In particular they are not involved in the formulation of g and, consequently,
they are not involved in the activity part of the chemical potentials (18). Thus the
energies, ¢, in (14) can be made composition dependent providing asymmetry in
the mixing properties, and the only change required in the equations for the chem-
ical potentials (18), is the addition of terms resulting from the differentiation of
the composition dependent ¢; in (14).

The obvious choice of compositional dependence is to make ¢, linear in bulk
composition:

€6 = leu(l) + Xzfu(Z),
€2 = X1€12(1) + Xs€ia), (24)
€ = lezz(l) + Xzfzz(z),

where the subscript, (i), refers to the energy at X; = 1. We maintain the defini-
tion, w = 2¢,, — ¢,; — ¢, but note that it is now composition dependent:

_ Way = 2€a0) — €uqy — €2q)-
w = woX, + wa X w = 5 (1) M~ €
Wy = 26200 — €n) — €2

It is helpful to define the differences which reflect the amount of asymmetry:

Ag, = €1y — €ne)»

Ag, = €120) — €12(2)0

Ag, = €221) — €222)»
and logically

AW = W(l) - W(z).

Differentiating (14) gives
2
Ell = € + RTlIl X11 -+ ;(Z - 1) ln Xl + XzA,
2
£2=2¢,+ RTIn x3, + - (z—1hXX,+ X, — X)4, (25

2
522 = €3 + RTlrl X22 + 'Z_(Z - l) ln X2 - XIA,
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where

A= X12 Aw + Xl A€1| + Xz Afzz.

The constraint equation from (9), is identical to (16) because the terms in A can-
cel. This means that the development from (16)-(18) is applicable here. The only
difference is that K is now composition dependent. The chemical potentials
become

, z X +0 X, Aw
“1=e“(1)+RTlnX1+‘2'RTln}Ill—+35+X§<—ll—+—a+A€§2—-Aefl),
z X,+ 6 X, Aw
=€y + RTIn X, + = RTIn ——— -2 1, — A€
H2 €22(2) n X, 2R an(l T 6) + X%( 1+ + Aézz A€|1>

(26)

where the last term in each equation is the additional term in the activity
coefficient. The corresponding additional term in (19) and (20) is simply
X\ X)(A¢, — Ad)).

The limit w/RT — 0 gives

w
Iny, — — x2,
N R

w
ln‘Yz—’E]:Xf,

which are the subregular model equations for the activity coefficient. The sub-
regular model is consistent for very small departures from ideality. The infinite
dilution limits are

w(
Iny, =22 + (A — Ad),

w.
Invy,— R—“T’ + (A¢y — Ady),

where the second term in each equation might be expected to be much smaller
than the first. Thus the Henry’s law constants are equal to w/RT for the appro-
priate end member plus a small constant.

The above approach to asymmetry assumes that the ¢; are linear in composi-
tion. However it could be argued that this is not the most sensible composition
dependence. There are many alternative possibilities, including dependence on the
x;. Distinguishing between different compositional dependences would require
comparison with data of a precision not normally available or indeed possible for
most phases of geological interest.
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Multicomponent System

The extension of the quasi-chemical formulation to multicomponent systems is
straightforward. For an n-component system

X, = Z Xe (i=1,2...n).

k=1

The constraint equations, of which there are (3), arise from minimizing

n—1 E
f=G*+ Z (—@—X,))\,.

j=1\ 1
The constraint equations have the form
2£U=E“+Ejj (i,j=1,2...n;i¢j).

Formulation of g is straightforward leading to
2
G* = ZIng; + RT(EZ‘.n,-, In x; — ;(z —1)ZN;In X,-).
Differentiation gives chemical potential equations of the form

i = gz,-,- =¢ 4+ RTInX, +ZRTInSE

> X7 (X))

The constraint equations become
2
Xi
0=w;+ RTInh——, (28)
XiiXjj
where w; = 2¢; — ¢; — ¢; The constraint equations cannot be solved algebrai-
cally so they must be solved numerically. The extension of the development to
include asymmetry in the mixing properties is simple.

Two-Site Phase

Binary System

Consider a phase involving end members 1 and 2 on two sites 4 and B. The two
sites are points on two intersecting lattices such that an atom on site A4 is sur-
rounded by z atoms all on site B, and an atom on site B is surrounded by z atoms
all on site 4. The formula of end member 1 involves two atoms of 1; the formula
of end member 2 involves two atoms of 2. The obvious structure elements to use
involve nearest neighbor pairs, each pair consisting of an atom on site A and an
atom on site B. Thus each structure element obeys the number of sites restriction.
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The numbers of these nearest neighbor pairs are n,,, n,,, n,, and n,, where the
first subscript refers to site A4, the second to site B. These numbers are related to
the numbers of atoms, N, and NV,, by

1 n n
M =;(n”+f+%)’ 9)
N, =§<5'2‘—’+%+ nn).
The site occupancies can be written in terms of mole fractions on sites:
Xia=xn+ X1, Xip = x5 + X3,
Xou = X3 + X3, Xpp = X132 + X,
and
X = er o, 4 22 ;L =, (30)
X, = Xoa + Xop ;- Xon _ Xy + Tu T T _; Ta
The Gibbs energy is

G* = nuéy + npn + muba + npén.

The constraint equations, of which there are two because there are four n; but
only two NN, arise from minimizing:

ny + (np + ny)/2 -—X)
ny + ny+ ony + ony i

PN

Differentiating with respect to the n, setting to zero and combining, gives the
constraint equations

£ = &
Ent & =&t én

The chemical potentials are derived as for (10):

m = z&y,
B = z&p.

Symmetric Case

The Gibbs energy can be written
G* = €M + €15, + €1 M7 + €Ny — RT ln 8.
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The main task is formulating g. The development completely mirrors the progress
from (13) to (14) in the single-site case. Thus

b
(T (oL

. (nX,)(nX,,)! . (nX15)!(nX,3)! . n!
n! n! ny'ng,ingngy,!

@31

where the first and third terms are the contributions to the normalization constant
from mixing on the A site, and the second and fourth terms are the contributions
from the B site. Substituting x; for X; in g and substituting into the Gibbs energy
gives

G* = ¢ n;;, + epni; + ey + enny
+ RT{(ny;; In x;; + ny21n x5 + ny In Xy + 1y, In xy))

- i(z — D((ny; + np) In (X + x12) + (1 + 1) In (x5 + xp)
+ (n + ny) In (x4 + x3) + (1 + 1) In (x1;, + xzz)))- (32)

Differentiating with respect to the n; gives

1
fn =€ + RT<ln Xu — ;(1 — 2) In XX

1
€y + RT (ln Xy — ;(1 - Z) In XZAXIB

1
(=6, + RT <ln X2 — ;(1 —2)In XlAXZE> s
EZI )v

1
522 = €n + RT(ln Xy — ; (Z - 1) In XZAXZB) .
Substituting into the constraint equations (29) gives
X12 1 X14Xsp

0= — RTIn— —~-(z — 1DRT In ———=, 33
€ — € + n X, z (z ) n X, X, (33)

X12X21
0= €12 + €1 — € — €3 + RT In ——. (34)

X11X22

The site preference energy, s = €, — €y, is a reflection of the differences between
the two sites. If s = 0 it means that the two sites are identical, any site preference
of the atoms of 1 and 2 being caused by the interaction energy, w = ¢, + ¢, —
€, — €. Ideal mixing occurs when w = 0 and any site preference is due to s,
Fig. 5. These constraint equations must be solved numerically for the x, e.g., for
Fig. 6.

The chemical potential equations are
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Fig 6. Site distributions for X, = 0.5 as a function of w//RT for a series of values of s’
/RT. Solvi interrupt this simple pattern for w//RT > 4.
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Fig. 7. Activity—composition relations for s'/RT = 2 and for a series of values of w’/
RT. The zero contour corresponds to ideal mixing. Note the presence of the solvus at
large values of w//RT.

X1
= ¢ RT In XX Tlhh—,
[ €+ n X 4,Xip + zRT In XX, 35)
Xn
= ¢ In X, X .
M2 €22 + RTIn 24/X2p + zRT In XZAXZB

The activity—composition relationships are illustrated in Fig. 7.

Discussion

The behavior of this model in the obvious limits is more difficult to ascertain
because of the form of the constraint equations. However, some discussion is pos-
sible. For s = 0, the two sites are distinguishable only if the occupancies of the
sites are different. For positive and small negative w/ RT, the site occupancies will
be identical, but as w/RT is decreased an order—disorder transition involving the
appearance of site preferences will occur. For w = 0, (34) becomes

X12Xa _ 1
X1 X2

This implies random mixing on each site, x; = X,.X)5. Therefore (33) becomes
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XIAXZB = cxpl:-— s ]
X18X4 RT]

where primed quantities have been multiplied by z. Therefore the site preference
energy is solely responsible for site preferences for w = 0, and the site occupancies
can be calculated from this equation. If, in addition, s = 0, then X,, = X,; and
X4 = Xy and the site occupancies are identical. For w = 0, the chemical poten-
tials are, as expected

611 + RTln XIAXIB’
652 + RT In XZAXZB'

My
K

In the limit, w — 0, it would be expected that the model would reduce to the
Bragg-Williams model, but this has not been demonstrated analytically because
of the difficulties referred to above but it has been demonstrated numerically.
Similar problems have been experienced with the limits |s| — oo (very strong
site preference, e.g., Si between octahedral and tetrahedral sites), and w — oo
(very strong short-range order, e.g., Al-Al short-range order between octahedral
and tetrahedral sites). The required numerical experiments will be featured in a
forthcoming paper.

No particular formulation problems are involved in having different numbers
of each type of site in the structure, in introducing asymmetry into the mixing
properties, or in adding further components to the system. Complex phases often
have nearest neighbor relationships which involve “one-site” and “two-site”
behavior and these features are easily accounted for by combining the appropriate
chemical potential equations, although some care is required in deriving the con-
straint equations.

Other Examples

These examples, all involving simplistic approaches to silicate liquids, are used to
illustrate several other types of situation where the formulation of the thermody-
namics of a system is assisted by using the formalism introduced earlier. Each
development will be relatively brief.

Consider the system MO-SiO,. The classic way of modelling this system is in
terms of mixing of the different types of oxygen, O°, O~ and O*~, each bonded to
two, one and no silicons respectively (e.g., Bottinga et al., 1980). Denoting the
numbers of these types by ny, n,, and n,, then, by bulk composition and by charge
balance,

No = NMO + 2NSi02 =ny + n, + ny,
2NM0 = 2n2 + n,.
Combining

4NSi02 = 2”0 + n;.
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Writing
G* = nfy + ni§ + mé,.

The constraint equation is derived from
f = G* + )\1(2n2 + n, — 2NM0) =+ )\2(2n0 + n, — 4N5[02),

giving
2, =6+ &,
equivalent to
20" =0 + O™,
Writing
ny, = 2Ngo, — %
n, = Nyo — 221 ,
gives
Hsio, = 2£o,
Bvo = & .

For random mixing

G* = gny + n, + n, + RT(ngln xo + n, In x; + n, In x,).

For ¢; independent of composition, the constraint equation becomes

x}

XoX2

0=2¢ —¢ — €&+ RTIn

and the chemical potentials

Usio, = 26 + RT In x3,
€& + RT In x,.

KMo

For the ¢; dependent on composition, these equations will be more complicated.
Note particularly that the constraint equation will then have a composition depen-
dent K.

Using the nearest neighbor approximation, there are six n;, for example, n,, is
used for the number of O~—0?" nearest neighbors, and still two N, so there are
four constraint equations. For some average z

2
2NM0 = 'z"(nm + 2"02 + 2"]] + 3”12 + 4"22),

2
4Nsio, = 7 2nw + noy — nyy, — 2ny).
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The constraint equations are

285, = tn + &
280 = & + £oor
28y = b0 T £
&n = &
and the chemical potentials are
z
Hsio, = Ezfoo,
z
Hmo = E &

The formulation of g is straightforward and gives rise to

Z Zn,,e,,-l—RT[Z Zn,,lnx,,——(z— I)ZNklnXk]a

(=1 j=1 i= 1 jml

where X, is the mole fraction of O*~. The constraint equations are

2

0 = 26“ - 612 + RTIII
xlel2
X2
0 = 2 — € — &1 + RTIn—2—,
Xo0X11
xu
0 = 26“ b - 622 + RTln
xooxzz
Xo2
0= €2 — € + RTln——
Xn

and the chemical potentials are

, z. X

Hsio; ew+RTlnX§+51n?':,
4 X

& + RTIn X, + zln/é’.

HBmo

Formulation of the thermodynamics of silicate liquids in terms of mixtures of
polymeric units (e.g., Gaskell, 1977) is also straightforward. For relatively basic
compositions and assuming only linear chains, a polymeric unit can be written as

s O2a+2d)—
SlaO(Jaa-H )

and the amount of this unit as n,. Then

Qo

No = 2ngo: + NMO = z (3a + l)n,.

a=0
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Counting Si atoms gives
Nsio, = i an,.
a=0
Subtracting, or, alternatively, for charge balance
Nyo = i (a + Dn,.
a=0

Writing

G* = Z nt,.

a=0
Minimization gives equations of the form
0=£§& + a\, + (a+ DA,
which can be combined to give the constraint equations
st & =bnté

equivalent to

Si0f™ + Si,0%YY™ = S, 0%Yd™ + 0.

Choosing n,, a > 1, as internal parameters

ny = Nyo — 2Nsi0, — Z (a = 2)n,

a=2

Then
vo = &,
Bsio, = & — 2&.
For random mixing, the constraint equations are
Xap1 X
0 = €a+] + fo_“fa —61 + RTln,_“t'lx__g’
a’v1

265

where the energy difference can be referred to as w,. The number of unknowns
involved in the constraint equations can be drastically reduced by making assump-
tions about the relationship of w, to w, + 1. Alternatively, the w, values can be
obtained from mass spectrometric measurements of actual polymeric distribu-

tions. The chemical potentials are
tvo = ¢ + RT In x,

Hsio, = € — 2¢ + RTln-)-c—;.
Xo
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Conclusion

In the development of mixing models, it is always preferable to start with a for-
mulation of the Gibbs energy and to derive the activity—composition relationships
and the necessary constraint equations from this formulation. The formalism pro-
vides a way of doing this which simplifies the work involved and thus reduces the
possibility of confusion and mistakes. The formalism certainly allows a clearer
exposition of the thermodynamics of the quasi-chemical model than is usually
presented. Much still needs to be done within the quasi-chemical approach let
alone in trying to develop better models, particularly in the formulation of the
thermodynamics of phases in which there is strong short-range order.
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model 26

Furnace assembly, in geobarometry 146

242-243

Garnet
chemographic relations of 7-8
diffusion-controlled growth in 26
diffusion data for 104, 111
diffusion exchange reactions in 43
diffusion zoning in 3, 5-7
discontinuity of zoning profile in 22
disequilibrium growth in 35-36
Fe-Mg reactions in 186-188
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Garnet (cont.)
fractionation effect on zoning in 27—
28
growth of 50
by different reactions
with diffusion 50-51
in metamorphic rock 36-37
zoning and 2-3, 20-22
ilmenite inclusions in  50-51
inhomogeneity of 175
iso-y’ temperatures for
normal zoning of 34
probe analysis of 205-206
relaxation of growth zoning in 48-50
solution properties of 156-157
statistical characteristics of equilibrium
in 229-235
staurolite inclusions in 51
zoning in  47-48
morphologies of 35
prediction of 31
profiles for 33-34
Garnet barometers 143, 149-156
accuracy of 151, 161
application of 158
Garnet—clinopyroxene exchange reaction,
calibrations of 127
Garnet-cordierite exchange equilibrium,
controversy surrounding 129
Garnet-fluid exchange, in metamorphic
environments 125-127
Garnet-rutile-Al,SiOs~ilmenite, see
GRAIL assemblage
Geobarometry 42, 141-164
experimental methods in
furnace assembly in 146
in granulites 141-164
piston—cylinder apparatus in
quality of information in 145
results of 146-149
solution properties of garnet and
157
Geochemical properties, kinetic control
of 13-14
Geological history 37-38
Geophysical properties, kinetic control
of 13-14
Geospeedometry, an extension of
geothermometry 81-112

142

102-103

145-146

145-146

156-

Index

Geothermobarometry, Cor-Gr-Sil-Qu
assemblage and 188-193
Geothermometry 10-11, 81-112
application of 98-109
ideal case 82-83
non-ideal case 84-85
problems in  10-11
Gibbs energy (G) 242-243, 253, 258~
259
excess 64
formulation of 245
minimization of 248

GRAIL assemblage 151; see also Pelitic
rock assemblage
GRAIL barometry 156-157

Granulites, geobarometry in 141-164
Granulite terrane
continental-scale overthrusting
162
formation of 163-164
pressure calculations in 161
pressure estimates in 141
Growth history, in pelitic system 20-21
Growth mechanisms, in zoned
crystals 12
Growth models, evaluation of 33-37
Growth rate
in zoned crystals 12-13
calculated 39-40
Growth zoning
in garnet 2-3
relaxation procession 48

161-

Helium preparations, used in Cor-Gr-Bi
systems 202

Henry’s law constants 256

Homogeneous equilibrium, to
heterogeneous equilibrium  62-64

Homogeneous growth model 50-51

Hornblende-fluid exchange, in
metamorphic environment 131

Hysteresis effect 13

Igneous rock
nucleation rate in 41
plagioclase zoning in
undercooling in 15

1-54



Index

Inhomogeneity, of garnets 175
Ilmenite inclusions, in garnet 50-51
Interface-controlled growth, garnet zoning
predictions 31
Interface kinetics
in metamorphic reactions 37-38
reaction-controlled growth and 30
Intergranular diffusion, measurement
of 41-42
Intracrystalline equilibrium relations, in
pyroxenes 70-71
Ion-exchange geospeedometry 83-90
Ion-exchange geothermometers 81-82
equations governing kinetic response
of 82-90, 96-97, 104
Ion-exchange reaction 63-64
enthalpies for 96-97
Iso-y’ temperatures, in minerals
103
Isomorphism, in cordierites 191

100-

Kinetic phase diagram, of exsolved
pyroxene 71-74

Kinetic phase relations, in crystal
models 66-68

Kinetic process, and geophysical and
geochemical properties 13-14

Kinetics and thermal history 98-103

Local equilibrium, definition of 14

M, and M, sites, in

orthopyroxenes 132-134
Metaluminous rock
barometry in 142-143

garnet compositions in 156
Metamorphic complexes, P-T trends
in 189
Metamorphic environments
biotite~fluid exchange in 124
chloride complexes in  120-122
clinopyroxene~fluid exchange in 127
cordierite—fluid exchange in  128-129
garnet-fluid exchange in  125-127
hornblende-fluid exchange in 131
Mg-Fe fractionation in 115-137

271

olivine-fluid exchange in 124
orthopyroxene—fluid exchange in
131
pH valuesin 116-119
spinel-fluid exchange in 135
Metamorphic fluids
inclusion data in 116-119
Mg-Fe solubility in 123-124
Metamorphic reactions, interface kinetic
reactions in  37-38
Metamorphic rock
compositional zoning of garnet in 1-
54
garnet growth in  36-37
nucleation rate in 41
thermodynamic systems in  38-39
Metamorphism, retrograde 237-238
Mg-Fe fractionation, in metamorphic
environments 115-137
Mg-Fe solubility, and exchange
reactions 123-124
Mineral compositions, and crystal
morphology 39
Mineral precipitation, through mixing of
’ waters 122-123
Mineralogic barometers 144
Mineralogical thermometers, Cor-Gr and
Bi-Gr as 200-202
Minerals 173, 199-200
diffusive flux in 83-90, 110
exsolution phenomena and 61-78
Mineral solubilities, exchange and
dissociation reactions 116
Mixing of water, through mineral
precipitation 122-123

130-

Normal zoning 33-34
Nucleation process, in metamorphic
systems 40-41

Olivine
diffusion data for 111
iso~y’ temperatures for 103
Olivine-fluid exchanges, in metamorphic
environments 124
Olivine-orthopyroxene exchange reaction,
data for 131
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Opposite-side method, in Cor-Gr-Bi
system 213, 216, 219, 222
Orthopyroxene (Opx)
cooling of rock containing 74-77
exchange between M, and M, sites
of 132-134
Fe?*-Mg ordering in  74-77
kinetics of 74-75
Orthopyroxene-fluid exchange, in
metamorphic environment 130-131
Oxalate and silicate mixtures, used in
Cor-Gr-Bi systems 202

Partial equilibrium, concept of 14
Partitioning
in compositional zoning, 2-5
models of
formulations for
in zoned crystals
Pelitic rock assemblage
GRALIL assemblage
Pelitic system, growth history in 20-21

16-17
16-19
151; see also

Peraluminous rock, barometry in  143-
145

Petrology of diffusion 43-50

pH values, in metamorphic rocks 116-

119
Piston—-cylinder apparatus, in
geobarometry 145-146
Plagioclase crystals
diffusion-controlled growth in 27
growth zoning in 23-24
normal zoning in 34
zoning in 2-4
zoning profiles for 33-34
Plagioclase zoning, crystallization and 9
P-T-Xy, relations, of Cor-Gr-Sil-Qu
equilibrium 174-175
Pyroxenes
cooling of rock containing, 76
data on heating 65
diffusion data for 111
equilibrium relations in 69-70
exsolved
kinetic phase diagram in 71-74
Fe?*-Mg order—disorder in 61-78
intracrystalline equilibrium relations
in 70-71

isoy’ temperatures for 100-102

Index

Rayleigh fractionation 17
Reaction-controlled growth 29-33
compositional zoning in  30-31
vs. diffusion-controlled growth 34-35
interface kinetics and 30
potential rate-limiting processesin 30
Recrystallization
in Cor-Gr-Bi systems 209-212
of minerals, in complex fluid
mixtures 203
Reverse zoning, in crystals 34-35
Rim compositions, in Cor-Gr-Bi
systems 222
Rim growth, in mineral
compositions 208

Silicates
activity—composition (a-X) relations
in 241, 253
formulation of thermodynamics
of 262-265
Spectra, compositional, in Cor-Gr-Bi
systems 213-222
Spinel-fluid exchange, in metamorphic
environments 135
Statistical parameters 199
Staurolite inclusions, in garnet 51
Strain-free solvus 65
Surface fractionation 26-27

Temperature dependences
of distribution coefficients for
equilibria 229-238
statistical data 229-235
Ternary Mg-Fe—Ca pyroxenes, exsolution
phenomena in 68-74
Thermal evolution, solutions 90-98
Thermal history, in kinetic
discussion 98-103
Thermochemistry, calibration with
190
Thermodynamics
of complex phases 241-266
formulation of silicate liquids 262-
265
in metamorphic rocks 38-39

189~



Index

one-site phase 244-257
asymmetry 255-256
binary system 244-245
discussion 249-255
multicomponent system 257
symmetric case 245-249

parameters in 173, 199

two-site phase 257-262
binary system 257-258
discussion 261-262
symmetric case 258-261

Tuttle’s vessel 202

Undercooling, in igneous systems
Uphill diffusion 43

Zoning, see also Specific types
in crystals
geothermometry and 10-11
origin of 33-37
information about 7-14
equilibrium and 7-9

15

273

Zoning mechanisms, relaxation of 47-50

Zoning morphology, in garnet 35





